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Abstract 

 

Understanding Precipitation Variability over Africa: 

Observational Analysis and Regional Climate Model Simulations 

 

Weiran Liu, Ph.D. 

The University of Texas at Austin, 2019 

 

Supervisor: Kerry H. Cook 

 

Understanding precipitation variability over Africa is important because this region 

experiences rainfall events that influence agriculture and economic infrastructure, and 

threaten lives regularly. This study aims to advance our understanding of African 

precipitation across different timescales, from diurnal cycle to interannual variations, using 

observations, reanalyses, and regional climate model simulations. 

First, we evaluate the role of MCSs in the total rainfall distribution as a function of 

season from a climatological perspective (1998-2014) over sub-Saharan northern Africa 

and examine how the diurnal cycle of rainfall changes with season. The percentages of the 

full TRMM precipitation delivered by MCSs have meridional structures in spring, fall and 

winter, while the percentages are homogenous in summer (>80%). The diurnal peaks are 

classified into three categories: single afternoon peak, continuous afternoon peak, and 

nocturnal peak. The continuous afternoon peak combines rainfall from two system types – 
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one locally-generated and one propagating. The seasonality of the diurnal cycle is related 

to the seasonality of MCS lifetimes, and propagation speeds and directions.  

Second, a low-level jet, the West African westerly jet, is investigated over the West 

African coast. In the western Sahel (0°-10°W, 8°-18°N), the moisture flux associated with 

the jet is stronger than that associated with the southerly West African monsoon flow from 

July 5 to August 20 (45 days). The moisture budget analysis reveals that the seasonal 

evolution of the rainfall in this analysis region is associated with zonal moisture 

convergence related to changes of the jet.  

Finally, three sub-regions of the Indian Ocean in which SSTs significantly 

influence the equatorial East African short rains on interannual timescales are identified, 

and the physical processes of this influence are studied using regional climate model 

simulations. SSTAs in the western Indian Ocean exert a stronger influence on the short 

rains than central and eastern Indian Ocean SSTAs both in terms of the coverage of 

significantly-changed precipitation and the magnitude of the precipitation response. The 

mechanisms of this influence are diagnosed using atmospheric moisture budget and moist 

static energy analyses, with reference to Kelvin and Rossby wave generation as in the Gill 

model, but in the presence of complicated topography and nonzero background flows. 
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Chapter 1: General Introduction 

 
This dissertation aims to achieve a better understanding of African precipitation 

variability using observational datasets and regional climate model simulations. The 

dissertation is organized into five chapters. Chapter 1 provides a general introduction to 

African precipitation and the following chapters. Chapter 2 investigates the role of 

mesoscale convective systems (MCSs) in the diurnal cycle of rainfall over Sub-Saharan 

northern Africa. Material presented in this chapter has been published in Climate Dynamics 

(Liu et al. 2018). Chapter 3 presents the role of the West African Westerly Jet (WAWJ) in 

the seasonal and diurnal cycles of precipitation over West Africa, corresponding to a 

manuscript revised for publication in Climate Dynamics. The influence of Indian Ocean 

SSTs on the East African short rains is explored in the Chapter 4, corresponding to a 

manuscript submitted to Climate Dynamics. General conclusions are summarized in the 

Chapter 6. 

Improved precipitation prediction over sub-Saharan northern Africa is critical 

because rainfall events impact agriculture and the economic infrastructure, and regularly 

threaten lives. It is important to understand the diurnal cycle of precipitation for simulating 

and predicting both total rainfall and extreme rainfall events in this region. African 

precipitation is largely associated with MCSs (Laurent et al. 1998; Mathon et al. 2002; 

Mohr 2004). However, the characteristics of MCSs over Africa are generally not as well 

understood compared to convections over other continents. Due to limitations of the 

meteorological network in Africa, satellite data remains the primary source of observations.  
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While previous studies diagnose the role of MCSs in total rainfall over Africa, they 

consider only individual, or a small number, of warm seasons. Chapter 2 aims to address 

the following question: What is the role of MCSs in the diurnal cycle of rainfall and its 

seasonality over Sub-Saharan Northern Africa? We consider the seasonality of the diurnal 

cycle of precipitation, and how are MCSs related to these seasonal changes from a 

climatological view (1998-2014). Observed precipitation is used to identify MCSs and 

characterize the diurnal cycle of precipitation, and atmospheric reanalyses are used to 

explore the physical processes of precipitation. 

Precipitation variability is also connected to low-level jets, frequently observed, 

identified and studied across the world, such as over the Great Plains (Bonner 1968; 

Barandiaran et al. 2013) and South America (Cook and Vizy, 2010; Martin and 

Schumacher, 2011). Past studies indicate that low-level jets are associated with regional 

rainfall on the diurnal (Monaghan et al. 2010; Pu and Dickinson, 2014), seasonal 

(Barandiaran et al. 2013), and interannual (Weaver and Nigam, 2008) scales.  

The WAWJ is a low-level jet centered near 10°N over the West African coast from 

June to September. Grodsky et al. (2003) identified a low-level jet over the Atlantic Ocean 

off the West African coast using satellite data, and exhibited a correspondence between the 

jet and the western Sahel rainfall on interannual timescales. Pu and Cook (2010) entitled 

the WAWJ and examined its dynamics, clearly distinguishing it from the West African 

monsoon in terms of geographical location, vertical structure, dynamics, and variability on 

intraseasonal to decadal timescales. 
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Past studies (Lamb, 1983; Fontaine et al., 2003; Gu and Adler, 2004) investigated 

the sources of moisture transport over Africa without distinguishing the WAWJ from the 

West African monsoon or identifying it as a jet. Therefore, the role of the WAWJ in 

determining the seasonality and diurnal cycle of precipitation over West Africa is not well 

known. Chapter 3 aims to address the following question: What is the role of the WAWJ 

in the seasonal and diurnal cycles of precipitation over West Africa? 

In Chapter 3, we investigate and quantify the low-level moisture transport 

associated with the WAWJ into West Africa in three state-of-the-art reanalyses on the 

seasonal and diurnal scale in climatology (1998-2017). Five rainfall datasets over West 

Africa are used in our study to build confidence in this data-sparse region. In addition, we 

build on previous studies and further distinguish the dynamics of the WAWJ from the West 

African monsoon on the diurnal and seasonal scales. To understand the dynamics of the 

WAWJ, momentum balance in the Eulerian form is analyzed. Months with strong and weak 

WAWJs are selected and composited to better understand the relationship between the 

WAWJ and rainfall. Low-level atmospheric instability is evaluated using vertical profiles 

of the moist static energy and its components. 

The boreal fall short rains over equatorial East Africa (30°-40°E, 5°S-5°N) exhibit 

considerable interannual variability and regionality over the complex topography (Black et 

al. 2003; Hastenrath et al. 2011; Lyon 2014). For example, Herrmann and Mohr (2011) 

classify the seasonality of precipitation over Africa based on multiple precipitation datasets 

and find equatorial Africa often exhibits two wet seasons. They suggest that the complex 
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topography over East Africa and location near the equator result in the continent’s richest 

mix of different seasonality classes. 

Past studies (Black et al., 2003; Behera et al., 2005; Ummenhofer et al., 2009) relate 

East African short rains to a basinwide large-scale coupled mode in the tropical Indian 

Ocean, referred to as the Indian Ocean Dipole. Several recent modeling studies 

(Ummenhofer et al. 2009; Bahaga et al. 2015) show the western Indian Ocean plays a 

dominant role in impacting East African short rains. Motivated by these different opinions, 

Chapter 4 aims to address the following questions: Are some regions of the Indian Ocean 

more influential to East African short rains, or do the basin-wide Indian Ocean SSTs impact 

East African short rains equally? In any case, what are the mechanisms of the Indian Ocean 

SSTs impacting East African shot rains? 

The coarse resolution of current general circulation models limits their capability 

in capturing the important regional forcing features, such as complex topography and 

coastlines (Cook and Vizy 2013; Endris et al. 2013; Ogwang et al. 2016). Regional climate 

models (RCMs) are able to reproduce the East African observed rainfall seasonality and 

regional circulation patterns (e.g., Sun et al. 1999; Segele et al. 2009; Cook and Vizy 2012; 

Cook and Vizy 2013; Endris et al. 2013; Ogwang et al. 2016; Han et al., 2019). In Chapter 

4, therefore, RCM simulations are used to address the scientific questions.  

In Chapter 4, three sub-regions of Indian Ocean SSTs that significantly influence 

the equatorial East African short rains in boreal fall on interannual timescales are identified, 

located in the western, central, and eastern Indian Ocean. To understand the physical 

processes of this influence, WRF with 30-km horizontal resolution is used to conduct 5 
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RCM simulations in which 20-member ensembles to represent a control climate and 

climates with idealized SSTAs. The precipitation responses in different perturbation 

ensembles are compared to identify the most influential “hot spot” of Indian Ocean SSTs. 

The mechanisms of this influence are diagnosed using the atmospheric moisture budget 

and moist static energy analyses, with reference to Kelvin and Rossby wave generation as 

in the Gill model, but in the presence of complicated topography and background flows. 
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Chapter 2: The Role of Mesoscale Convective Systems in the Diurnal 

Cycle of Rainfall and its Seasonality over Sub-Saharan Northern Africa 

 

ABSTRACT 

This study evaluates the role of MCSs in the total rainfall distribution as a function 

of season from a climatological perspective (1998-2014) over sub-Saharan northern Africa 

and examines how the diurnal cycle of rainfall changes with season. Tropical Rainfall 

Measuring Mission (TRMM) 3B42V7 rainfall estimates and European Centre for Medium-

Range Weather Forecasts ERA-Interim reanalysis are used to evaluate the climatology.  

The percentages of the full TRMM precipitation delivered by MCSs have 

meridional structures in spring, fall and winter, ranging from 0-80% across sub-Saharan 

northern Africa, while the percentages are homogenous in summer (>80%). The diurnal 

cycles of MCS-associated precipitatio1n coincide with the full TRMM rainfall. Attributes 

of MCSs, including size, count, and intensity, vary synchronously with the diurnal cycle 

of rainfall.  

The diurnal peaks are classified into three categories: single afternoon peak, 

continuous afternoon peak, and nocturnal peak. Single afternoon peaks dominate in spring 

and fall while continuous afternoon and nocturnal peaks are more common in summer, 

indicating the seasonality of the diurnal cycle. The continuous afternoon peak combines 

 
1 This chapter was published in Climate Dynamics (Liu, W., K.H. Cook, and E.K. Vizy, 2018: The role of 

mesoscale convective systems in the diurnal cycle of rainfall and its seasonality over sub-Saharan Northern 

Africa. Clim. Dyn. doi:10.1007/s00382-018-4162-y). The author, Weiran Liu, analyzed data, plotted figures, 

and wrote the first draft. Two coauthors provided suggestions in the methodology and revisions of the 

manuscript. 
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rainfall from two system types – one locally-generated and one propagating. The 

seasonality of the diurnal cycle is related to the seasonality of MCS lifetimes, and 

propagation speeds and directions. The moisture component of the MSE profile contributes 

to the instability most in summer when convection is more frequent. Low-level 

temperature, which is related to surface warming and sensible heat fluxes, influences the 

instability more during winter and spring. 

2.1. INTRODUCTION 

Heavy rainfall over sub-Saharan northern Africa is usually related to the generation 

of mesoscale convective systems (MCSs). Past studies (Laurent et al. 1998; Laing et al. 

1999; Mathon et al. 2002; Mohr 2004) indicate that MCSs contribute up to 95% of the 

boreal summer rainfall over this region, and the diurnal cycle of rainfall is associated with 

MCS activity.  

While previous studies diagnose the role of MCSs in total rainfall, they consider 

only individual, or a small number, of summer seasons. One purpose of this study is to 

evaluate the role of MCSs in the total rainfall distribution as a function of season from a 

climatological perspective (1998-2014). Our analysis domain is a large interior region of 

sub-Saharan northern Africa, including the Sahel. In addition, we examine how the diurnal 

cycle of rainfall changes with season over the annual cycle, and evaluate the role of MCSs 

in this change. These results expand on previous studies that are limited to the summer 

season, as only a few case studies have focused on dry season (Knippertz and Fink 2008; 

2009).  Thus, to our knowledge, this is the first attempt to comprehensively analyze MCSs 
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and the diurnal cycle of rainfall over the annual cycle for the interior region of sub-Saharan 

northern Africa. 

Previous studies of MCS activity and its relationship to the diurnal cycle of rainfall 

over Africa are reviewed in section 2. Section 3 presents the data and methodology used in 

this paper. Results are discussed in section 4, followed by conclusions in section 5.  

2.2. BACKGROUND  

MCSs are commonly identified by the areal extent and intensity of precipitation. 

For example, Houze (1993) defined a MCS as a cloud system that connects with an 

ensemble of thunderstorms and produces a contiguous area of precipitation with a 

horizontal scale of 100 km or more in at least one direction. Mohr and Zipser (1996) 

defined an MCS as an area of 2000 km2 or more with a brightness temperature at or below 

225K. Later studies (Nesbitt et al. 2000; Nesbitt and Zipser 2003; Jackson et al. 2009) 

adopt this definition.  

The MCSs over Africa are associated with the studies of rainfall. Past studies 

(Laurent et al. 1998; Laing et al. 1999; Mathon et al. 2002; Mohr 2004) indicate that MCSs 

contribute up to 95% of the boreal summer rainfall over this region, and the diurnal cycle 

of rainfall is associated with MCS activity. The diurnal cycle of rainfall across West Africa 

has peaks in late afternoon to early evening (Yang and Slingo, 2001). Mohr (2004) 

examined the diurnal cycle of precipitation in sub-Saharan Africa for May–September, 

1998–2001, concluding that the mean wet season diurnal cycle of precipitation evolves 

from a bimodal, highly-variable diurnal cycle north of 15°N to a unimodal, diurnal cycle 

with much less variability south of 10°N. In contrast, Zhang et al. (2016a) showed most 
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regions of West Africa (98% in the climatology and 78% in 2006) have a single diurnal 

peak of rainfall either in the afternoon or at night.  

Past studies examine MCS characteristics and diagnose their role in producing 

summer rainfall (Laurent et al. 1998; Laing et al. 1999; Mathon et al. 2002; Mohr 2004), 

while only a few case studies expand into the dry seasons. Knippertz and Fink (2008) 

provided synoptic and dynamical analysis during the dry seasons of 2003/04, while 

Knippertz and Fink (2009) presented a statistical evaluation of dry-season wet events 

covering 23 dry seasons during 1979/80–2001/02.  

Mohr (2004) investigated the diurnal variability of rainfall and found that it is 

primarily influenced by the frequency and life cycles of organized convective systems. As 

for the initiation of MCSs, numerous studies highlight the role of topography for African 

MCSs as mountain ranges help to initiate long-lived MCSs (Burpee 1972; Hodges and 

Thorncroft 1997; Laing et al. 2008). Large-scale topography plays a critical role in the 

spatial and diurnal patterns of convection, lightning, and rainfall (Jackson et al. 2009). Even 

modest rises in regional elevation can also provide the focal point for the initiation of 

convection (Vizy and Cook 2017). Convection can be triggered by heating over the 

elevated terrain, and/or at low-level convergent frontal boundaries such as those associated 

with sea/land breezes, lake breezes (Laing et al. 2011), gust fronts/cold pool outflow 

boundaries (Taylor et al. 2013; Birch et al. 2014a, 2014b; Maurer et al. 2016), or the inter-

tropical front (ITF; Eldridge 1957; Vizy and Cook 2017), which separates moisture-laden 

air flowing off the tropical Atlantic into West Africa from the dry, northerly Sahel/Saharan 

flow.  

http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
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MCS initiation and development are also associated with atmospheric instability. 

The geographic and diurnal variability of moist convection over Africa reflects the 

importance of CAPE and vertical wind shear in the development of the systems (Hodges 

and Thorncroft 1997; Mohr and Thorncroft 2006; Laing et al. 2008; Janiga and Thorncroft 

2014). Zhang et al. (2016a, 2016b) concluded that afternoon rainfall peaks are associated 

with an unstable atmosphere, and that nocturnal rainfall peaks are associated with the 

westward propagation of rainfall systems.  

Besides, convection over Africa is related with large-scale jets and waves. For 

example, past studies (Fortune 1980; Landsea and Gray 1992; Cook 1999; Crétat et al. 

2015; Gaye et al. 2005; Hsieh and Cook 2005, 2007, 2008; Hopsch et al. 2010) indicate 

that the mid-tropospheric African easterly jet and African easterly waves (AEWs) play a 

role on the rainfall over Africa. AEWs influence the evolution of convection (Payne and 

McGarry 1977; Machado et al. 1993). Meanwhile, MCSs tend to occur ahead of or 

concurrent with the AEW trough (Reed et al. 1977; Duvel 1989; Diedhiou et al. 1999; Fink 

and Reiner 2003). Vertical shear related to the African easterly jet influences the location 

of intense convective systems (Mohr and Thorncroft 2006; Laing et al. 2008). Pu and Cook 

(2010, 2012) found the low-level West African westerly jet is associated with the moisture 

transport from the Atlantic onto the West African and influences the Sahel rainfall 

variations. 

MCSs propagate after they are generated when the system remains in air that is 

potentially unstable enough that the outflows can trigger new convection. Laing et al. 

(2008) found that precipitating convective systems initiated over elevated terrain propagate 

http://journals.ametsoc.org/author/Janiga%2C+Matthew+A
http://journals.ametsoc.org/author/Thorncroft%2C+Chris+D
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
http://journals.ametsoc.org/doi/full/10.1175/2011MWR3500.1
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westward over sub-Saharan Africa and undergo cycles of regeneration. Organized 

convection in Africa consists of coherent sequences or episodes that span an average 

distance of about 1000 km and last about 25 h with the phase speed of 10–20 m s−1. Laing 

and Carbone (2011) investigate coherent episodes of convection resulting from the 

regeneration of convection while propagating westward. These episodes have an average 

duration of 17.6-h and a span of 673-km; most have zonal phase speeds of 8–16 m s−1. 

Vizy and Cook (2017) indicate that MCSs originated during the afternoon have phase 

spends range between 8 m s-1 and 14 m s-1 while the MCS phase speed is 7 m s-1 for 

nighttime genesis events.  

 In summary, a large portion of warm season rainfall over Africa has been associated 

with MCSs in previous studies. Either afternoon or nocturnal peaks are found in the diurnal 

cycle depending on location. Here we examine the role of MCSs in the diurnal cycle of 

rainfall from a more climatological view (1998-2014). We consider the seasonality of the 

diurnal cycle of precipitation, and how are MCSs related to these seasonal changes.  

 

2.3. DATASETS AND METHODOLOGY  

The analysis domain for this study extends from 0°-30°E and 8°N-16°N (Figure 1).  

This domain is selected because it is a large land region of sub-Saharan northern Africa 

that is removed from prominent mountain ranges that have elevations over 2000 km, such 

as the Ethiopian Highlands (35-40°E, 8-14°N), and the coast. However, our domain still 

includes elevated terrain, such as the Marrah Mountains (26.5°E, 15.5°N) and the Jos 

Plateau (7-10°E, 10-12°N).  
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The primary MCS-identification method for this study uses NASA TRMM 

3B42V7 merged high quality (HQ)/Infrared (IR) rainfall estimates (Huffman et al. 2007).  

TRMM 3B42V7 is a high resolution (0.25°) product that provides 3-hourly, multi-satellite 

rainfall estimates from January 1998 to present using the TRMM 3B42 algorithm.  

MCSs are identified in the 3-hourly TRMM 3B42V7 using a two-step procedure 

that is based loosely on past MCS estimates (e.g., Maddox 1980; Houze 1993; Laing and 

Fritsch 1993; Mohr and Zipser 1996; Hodges and Thorncroft 1997; Laing et al. 1999; Mohr 

et al. 1999; Jirak et al. 2003).  The first step is to select precipitation features for each 3-h 

timestep using a threshold rain rate, which is 25 mm/day. We test the sensitivity to this 

choice by assuming different thresholds, such as 10 mm/day and 50 mm/day. The threshold 

value chosen does not make a large difference in the number of MCSs identified, nor 

change the patterns of MCSs. In the TRMM 3B42V7 rainfall, 70-90% of sub-Saharan 

Northern African rainfall occurs at or above the 25 mm/day rate, so the selection of this 

threshold produces MCS counts that are roughly consistent with estimates from other 

studies (Mohr et al. 1999; Mathon et al. 2002). We also use a higher threshold, 100 

mm/day, to evaluate the dependence of the results on the choice of the threshold and to 

understand if the most extreme rainfall events exhibit similar seasonal and diurnal cycles.   

The second step in the MCS identification process is to apply a contiguous-area 

size criterion.  Since past studies (e.g., Houze 1993; Mohr and Zipser, 1996; Nesbitt and 

Zipser 2003; Nesbitt et al. 2003) suggest that MCSs have minimum contiguous areas of 

about 2000 km2, we require that there be at least 3 adjacent grid cells that meet the rainfall 
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threshold in order to be identified as an MCS. At the resolution of TRMM 3B42V7 this 

corresponds to an area of 2000 – 2300 km2, depending on latitude.  

The University of Utah precipitation and cloud feature database (UtahPF; Nesbitt 

et al. 2000, 2006; Liu et al. 2008) was also considered for comparison. While UtahPF is 

valuable for examining precipitation features and providing information for evaluating 

MCS characteristics (Nesbitt et al. 2000, 2006; Liu et al. 2008; Liu and Zipser 2009; Jiang 

and Zipser 2010; Jiang et al. 2011), this database is not designed for analyzing the spatial 

distribution of rainfall, which is the purpose of this study.  

To better understand various characteristics of MCSs, we examine MCSs from two 

aspects. One is based on MCS counts, and the other is based on precipitation rates. Table 

1 lists the acronyms and descriptions utilized for the analysis of TRMM 3B42V7 rainfall 

datasets. The term MCS-precipitation refers to TRMM 3B42V7 rainfall in the adjacent grid 

cells of identified MCSs.  

The 6-hourly European Centre for Medium-Range Weather Forecasts ERA-Interim 

reanalysis (ERAI; Dee et al. 2011) is used to evaluate the atmospheric dynamics fields.  

In our analysis of seasonality, four seasons defined are boreal winter from 

November – March (NDJFM), spring from April – May (AM), summer from June – 

September (JJAS), and autumn, represented by October (Oct). These seasons were chosen 

by examining the percentage of the full TRMM precipitation delivered by MCSs in 

individual months (not shown) and combining months with similar spatial distributions. 

The NDJFM mean is selected as winter months since the percentage of the full TRMM 

precipitation delivered by MCSs in these months is below than 10% over more than half 
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of analysis domain, with higher percentages (>50%) located over the southern part of the 

analysis domain. April and May are similar. Specifically, the percentage is above 50% over 

more than half of the domain and low percentages (<30%) occur in the vicinity of (15°E, 

15°N). In June – September, a high percentage (80% or above) of the full TRMM 

precipitation is delivered by MCSs over more than 90% of the domain. October is chosen 

to represent fall, and is similar to April-May.  

2.4. RESULTS 

2.4.1 Sensitivity to MCS selection criteria 

Figure 2 shows the total number of MCSs over the sub-Saharan northern Africa 

domain (18°W-43°E, 4-25°N) for the T25 and T100 counts for 1998 to 2014. The MCSs’ 

spatial distributions are similar in the two different estimates. The total number of MCSs 

decreases with increasing latitude, with a strong meridional gradient concentrated over the 

Sahel between 10°N and 16°N, depending on longitude. In both datasets, maxima are 

located along the Atlantic coast of Guinea, Sierra Leone, and Liberia, near the Jos Plateau 

(7-10°E, 10-12°N), west of the Cameroon Highlands (~10°E, 7°N), and over the Ethiopian 

Highlands (35-40°E, 8-14°N).  

While there is similarity in the spatial distributions, the total numbers of MCSs in 

the T25 count and the T100 count vary considerably. The maximum of the T25 count 

exceeds 2500 MCSs while the T100 count has a maximum of around 500.  

Differences between the MCS criteria can be better understood by examining one 

period of a typical summer day, namely, August 16, 2006. We tested other days in multiple 

years and found similar results. Figure 3a shows the full TRMM precipitation at 00Z 16 
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August 2006, and MCS-related precipitation using the T25 and T100 criteria are shown in 

Figs. 3b and c, respectively. The T25 criterion produces 26 MCS events over the entire 

region shown in Fig.3b, while the T100 criterion (Fig. 3c) produces 12 MCSs, which is 

46% of the T25 count. In the full TRMM precipitation (Fig. 3a), heavy rainfall events such 

as the maximum over northern Cameroon (~15°E, 10°N) are captured by both the T25 and 

T100 precipitation (Figs. 3b and c). The most notable difference between T25 precipitation 

and T100 precipitation is the areal extent of the rainfall, and hence the total rainfall 

associated with MCS activity, as the 25-mm/day threshold yields MCSs with broader areal 

coverage and higher total precipitation.   

2.4.2 Seasonal variations of MCSs  

Fig. 4 shows the spatial distribution of the percentage of the full TRMM 

precipitation delivered by MCSs identified using the T25 threshold for four seasons along 

with wind vectors (m s-1) at 925 hPa from the ERAI reanalysis. Notable differences 

between JJAS (Fig. 4c) and the other three seasons are the absences of strong zonal and 

meridional gradients. The percentage of rainfall associated with T25 MCSs during the 

summer season over most of the analysis region is greater than 80%, with the largest 

percentages in southwestern Niger (~3°E, 14°N), consistent with other observational 

studies (Laurent et al. 1998; Mohr et al. 1999; Mohr 2004). Southwesterly monsoon flow 

intensifies in summer and advances northward across the Sahel to 18°N. The sufficient 

moist monsoon inflow supports the initiation and development of organized precipitation 

systems during the course of the wet season, helping to explain why a large percentage 

(>80%) of the rainfall is associated with MCSs in Fig. 4c.   
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Boreal winter and summer are markedly different in terms of both the spatial 

patterns and the percentage of rainfall associated with MCSs. During the winter (Fig. 4a), 

maxima (70%) are located near the Jos Plateau (~7.5°E, 9°N) and over southern Togo and 

Benin (~3°E, 9°N), which means MCSs play an critical role in rainfall even in winter. 

Large percentages (greater than 60%) are located farther south (i.e., near 8°N) and west 

(i.e., west of 10°E), decreasing from 70% to 0% with increasing latitude and, to a lesser 

extent, longitude. Percentages are lower (30%-50%) from southern Chad to southwestern 

Sudan (16-30°E, 8-11°N). Percentages are below 20% in many areas in southern Niger, 

central Chad, and western Sudan (6-30°E, 13-16°N), where few rainfall events occur in 

winter.  These spatial distributions are associated with the Harmattan, which is the dry 

period (i.e., November – March) over Saharan and sub-Saharan northern Africa.  The 

Harmattan is characterized by an intensification of the dry, northeasterly low-level trade 

winds and increased transport of atmospheric dust over sub-Saharan northern Africa 

(Mbourou el al. 1997; Schwanghart and Schütt 2008). Low-level climatological convective 

available potential energy (CAPE) values are less than 100 J kg-1 in the analysis region, 

indicating insufficient potential instability in winter. This stability is associated with low 

atmospheric moisture content over the domain, helping to explain the low frequency of 

rainfall events and organized MCS systems shown in Fig. 4a.  

Unlike the solstitial seasons, differences between boreal spring (AM; Fig. 4b) and 

fall (Oct; Fig. 4d) distributions are relatively minor. Both seasons have maxima over 80% 

and meridional gradients of percentages. The largest coherent maxima (80-90%) for both 

transition seasons occur in Nigeria (3-12°E, 8-12°N), southern Chad (16-22°E, 8-12°N), 
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and southwestern Sudan (24-30°E, 8-12°N), while the lowest values (0-30%) occur to the 

west of Lake Chad (~14°E, 13.5°N).  During these transition seasons, the spatial patterns 

are associated with the advance (April – May) and retreat (October) of the West African 

monsoon system (Sultan and Janicot 2003; Issa Lélé and Lamb 2010).  During the spring, 

the persistent Harmattan winds (dry northeasterly trades) relax and retreat north of 14°N 

over the Sahel while the tropical southerly/southwesterly monsoon flow becomes better 

established over Nigeria, Benin, and Togo, and, to a lesser extent, southeastern Chad, 

Central African Republic, and western Sudan. Conversely, in October the tropical 

southwesterly flow diminishes (Fig. 4d) while the northeasterly trades intensify north of 

15°N, ushering in drier air over the Sahel. The Harmattan winds are associated with low 

CAPE (<600 J kg-1) over the northern part of the domain (13-16°N) where low percentages 

of rainfall are associated with MCSs because of the insufficient potential instability. The 

southerly/southwesterly monsoon flow is associated with moderate instability (CAPE 

values of 1000-1800 J kg-1), contributing to the high percentages (>80%).  

There are some differences between spring and fall. No area has a percentage 

greater than 90% during spring, but in fall this percentage is exceeded over the Marrah 

Mountains of western Sudan (26.5°E, 15.5°N) and the Bodélé depression of Chad (17°E, 

15°N). The southerly/southwesterly monsoon flow also differs between spring and fall. 

The monsoon flow is stronger and more westerly in spring. Moisture transport associated 

with the southwesterly monsoon flow from the Congo Basin may support MCS 

development in spring. Nicholls and Mohr (2010) indicate that the well-organized MCSs 

over the Cameroon and the Central African Republic locate well south of the surface 



18 

 

baroclinic zone. Additional work is still needed to better understand the regional 

interactions between the Congo Basin and the West Africa.  

Figure 4 highlights the importance of studying MCSs in other seasons besides 

summer. Although the percentages of MCS rainfall are highest in summer in many areas, 

there are still regions where very large percentages of the total rainfall come from MCSs 

in other seasons. From the discussion of Figure 4, the intensity and position of the 

Harmattan winds and the tropical southerly/southwesterly monsoon flow are related to the 

seasonality of MCS activity and their spatial distribution.  

Figure 5 shows spatial distributions of the percentage of the full TRMM 

precipitation delivered by T100 precipitation for the same seasonal averages. The spatial 

patterns are roughly similar to those using the T25 threshold (Fig. 4) but, of course, the 

percentages are considerably lower. For example, MCS-related precipitation percentages 

in winter over the Jos Plateau (~7.5°E, 9°N) range from 30 – 50% for T100 MCSs 

compared to 70 – 80% for T25 MCSs.  Similarly, during summer, T100 percentages range 

between 60 and 70%, while they are over 80% for T25 MCSs. 

T100 precipitation percentages over the Marrah Mountains (26.5°E, 15.5°N) and 

Bodélé depression of Chad (17°E, 15°N) in October are close to the T25 precipitation 

percentages in these regions, ranging from 70 – 90% and 50 – 80%, respectively.  This 

indicates that the majority of the rainfall in these regions is associated with very intense 

systems. Similarly strong T100 activity is not apparent in the April-May average (Fig. 5b), 

although spring and fall are both transition seasons. However, an examination of April 

percentages shows high T100 precipitation percentages of 70% over (29°E, 14.5°N), on 
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the east of the Marrah Mountains. In May, percentages of 70% occur near 27°E and 15.5°N, 

north of the Marrah Mountains, and at 14°E and 15.5°N near the Bodélé depression. These 

are lower than the maxima of 90% in October. The orography of the Marrah Mountains 

may play an influential role in helping to trigger/organize convection, while surface heating 

and/or the surrounding topography may be influential over the Bodélé depression.  

2.4.3 Diurnal cycles  

Figures 4 and 5 show that the percentage of precipitation related to MCS activity 

has a strong meridional gradient in the winter, spring, and fall. Because of this meridional 

dependence, we examine the diurnal cycle every 2° of latitude over the 0-30°E domain 

shown in Fig. 1a. 

The black lines in Fig. 6 indicate the percentage of the full TRMM precipitation 

that falls in each 3-hour time period.  The percentage that is delivered by T25 and T100 

MCSs is indicated by the red and green lines, respectively. Figs. 6a-d show percentages for 

the four seasons defined above in a northern area (0-30°E, 14-16°N), and Figs. 6e-h show 

percentages in each season for a southern area (0-30°E, 10-12°N). Northern and southern 

areas are selected to represent the northern and southern parts of our domain.  

In general, in all seasons and locations, the percentages of T25 and T100 

precipitation have diurnal cycles that are similar to the full TRMM precipitation. T25 and 

T100 precipitation contribute to the full TRMM rainfall throughout the year, but the 

contribution is greatest in summer and smallest in winter. In winter, the contribution of 

T25 MCSs to the full TRMM precipitation is 0-30% in the north and ~60% in the south. In 

both transition seasons, T25 precipitation contributes 65-80% of the full TRMM rainfall. 
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In summer, the percentages range from 80 to 93% for the T25 metric, and the contribution 

of T100 MCSs is around half of the T25 MCS contribution.  

To better understand the diurnal cycle of MCSs, we examine the diurnal cycles of 

MCS count, size, and intensity. Does the daily precipitation peak occur because more 

MCSs occur at that time, or is it because MCSs are larger and/or stronger? Results are 

shown for T25 MCSs, but the results are similar for T100 MCSs.   

Figure 7 displays the climatological diurnal cycles of the T25 MCS count over the 

northern and southern regions in each season. The climatological T25 MCS count is 

calculated by averaging the number of T25 MCSs over 1998-2014 at each 3-h time period 

and then averaged over northern and southern regions. The count of T25 MCSs has an 

afternoon maximum, at 15Z or 18 Z, in all four seasons in both regions. MCS numbers 

increase from 06Z or 09Z, reach a maximum in the afternoon (15Z or 18Z), and then 

decrease until the morning of the following day. In general, the diurnal cycle of T25 MCS 

sizes coincides with the diurnal cycle of T25 precipitation shown in Fig. 6.  The count of 

MCSs is large when rainfall rates are high, showing that the count of MCSs is one of the 

reasons for the diurnal precipitation peaks. The count of MCSs is lowest in winter and 

highest in summer. Spring and fall have similar diurnal cycles of MCS counts.  

There is a marked difference in MCS counts between the two domains.  The count 

in the northern region is only about 16% of the count in the southern region in spring and 

fall (Figs. 7b and d), but it is 30-40% during the wet season (Fig. 7c). The count in winter 

(Fig. 7a) is so low that we cannot obtain useful information.  
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The diurnal cycles of MCS rainfall intensity (i.e., maximum rainfall rate) and size 

are also examined (not shown). The results are similar to those for the diurnal cycle of 

MCS count shown in Fig. 7, indicating that the size, intensity and number of T25 MCSs 

all contribute to the diurnal cycle of T25 precipitation. These three attributes are closely 

linked in the dynamics of MCSs, and they are also associated with the seasonal and 

meridional variability of MCSs.  

Zhang et al. (2016a) examined the climatological diurnal cycle of rainfall in 

summer over part of our analysis region, and found that averaging over large regions can 

obscure the nature of regional diurnal cycles of precipitation. To avoid such 

misunderstanding, we examine the climatological diurnal cycle of rainfall area-averaged 

over 1°×1° grid boxes from 0° to 30°E and 8°N to 16°N for the four seasons, similar to 

Fig. 4 in Zhang et al. (2016a). Summer and fall are shown in Figs. 8a and b respectively. 

Distributions for spring are similar to fall.  

We classify the precipitation diurnal cycles into the following three categories: 

single afternoon peak, continuous afternoon peak, and nocturnal peak. They are 

represented by the different colors in Figure 8. The features and criteria of three categories 

are summarized as follows: 

a) Single afternoon peak (pink): Maximum rainfall occurs in the afternoon (15Z 

or 18Z). The rainfall decreases by more than 50% from the peak hour to 

midnight (00Z).  

b) Continuous afternoon peak (green): Maximum rainfall occurs in the afternoon 

(15Z or 18Z), and the rainfall rate decreases by less than 50% from the peak 
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hour to midnight (00Z). This can indicate that the rainfall peak persists until 

midnight with a flat or slightly declining slope from afternoon to the midnight. 

One special case is also considered as a continuous afternoon peak. The 

maximum rainfall occurs at night but afternoon rainfall is more than 90% of the 

maximum rainfall, indicating the rainfall peak starts from afternoon and persists 

to midnight.  

c) Nocturnal peak (blue): maximum rainfall occurs at 21Z, 00Z, or 03Z without a 

high (> 90% of the maximum rainfall) rainfall rate in the afternoon. 

These criteria provide an overall assessment of the geographical distribution of the diurnal 

cycle types, but the classification of the individual 1º boxes is sensitive to the specification 

of the criteria because adjacent locations have similar diurnal cycles at this fine-scale 

resolution. 

Some of the boxes have very low rainfall rates and, as a result, diurnal cycles that 

are barely discernible. Examples include rainfall at (9-17°E, 16°N) in Figure 8a and to the 

north of 12°N in Figure 8b. We do not consider these regions, and to filter them out 1º 

boxes with maximum rainfall rates below 1 mm/day are neglected. Table 2 shows numbers 

and percentages of the remaining 1° boxes with single afternoon peaks, continuous 

afternoon peaks, and nocturnal rainfall peaks. 

In spring and fall, diurnal cycles with single afternoon peaks are most common, 

occurring in more than 45% of the 1º boxes, while continuous afternoon and nocturnal 

peaks are more rare (11% and 16%, respectively). In contrast, regions with continuous 

afternoon peaks rise to 32% in summer, and they are more common than regions with 
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single afternoon peaks (24%).  However, regions with nocturnal peaks are the most 

common in summer, occurring in 41.5% of the 1º boxes. This clearly shows that local 

diurnal precipitation cycles vary seasonally. 

Zhang et al. (2016a, 2016b) found that nocturnal rainfall peaks occur primarily in 

two regions (2°E-5°E; 9°N-11.5°N and 2°E-5°E; 13.5°N-16.5°N) in summer, which agrees 

with Figure 8a, and that they are associated with propagating systems downstream of 

topography or afternoon precipitation maxima. A number of previous studies (Shinoda et 

al. 1999; Laing et al. 2008) have shown that nocturnal peaks are due to propagating systems 

that originate over topography or in association with the inter-tropical front downstream of 

regions with gradually sloping terrain (Vizy and Cook, 2017). 

Here we focus on the physical mechanisms responsible for the two types of 

afternoon peaks, and the seasonality of the diurnal cycles. We choose two regions for closer 

analysis, denoted by the boxes in Fig. 8a. One region (27-30°E, 8-10°N), which is referred 

to as SP, is dominated by summertime single afternoon rainfall peaks, while the other 

region (17-26°E, 8-10°N), referred to as CP, is dominated by summertime continuous 

afternoon peaks. They are located in the southern part of the analysis region to maximize 

the number of seasons with rainfall.  Although the SP and CP regions are not completely 

uniform in terms of their diurnal cycles chosen by the above criteria, the diurnal cycles in 

the analysis regions are similar. In the analysis, the dependence of the results on the choice 

of averaging regions is tested. 

Both the SP and the CP regions have summertime afternoon rainfall peaks, but their 

persistence is different. We explore the reason for this difference in persistence by 
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comparing the vertical profiles of moist static energy (MSE) over the two domains. MSE 

measures atmospheric stability, and it is defined as the sum of the sensible, latent, and 

geopotential heat contents of a parcel according to 

pMSE c T Lq gz= + +   .                                                     (1) 

In (1), 
pc  is the specific heat of air at constant pressure, T is the air temperature, L is the 

latent heat of water vaporization, q is the specific humidity, g is gravitational acceleration, 

and z is the geopotential height. MSE profiles can discriminate the individual roles of 

temperature and moisture in generating convective instability.  

Figure 9a shows profiles of MSE at 18Z from the 6-hourly ERAI reanalysis 

averaged over summer rainy days for the SP (solid line) and CP (dashed line) regions. 

Rainy days are selected as dates with daily-averaged rainfall rates of 3 mm/day or greater 

in the TRMM 3B42 time series. We tested the rainfall threshold from 0 to 5 mm/day. The 

MSE profiles are not sensitive for the rainfall threshold. 18Z is chosen since it is the time 

when the single afternoon peaks start to dissipate while the continuous afternoon peaks 

persist. Later time periods, such as 00Z, yield similar results, and the results are also not 

sensitive to the choice of the rainfall threshold.  Figs. 9b and c display the Lq and cpT 

components of MSE, respectively.  

The total MSE profiles, and each component, are similar in the two regions. The gz 

component of MSE (not shown) is the same over the two domains as well. This indicates 

that locally-generated instabilities are not responsible for the differences in the diurnal 

cycle. 
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Since the differences between the SP and CP diurnal cycles are not explained by 

differences in locally-generated instability, we hypothesize that they are related to 

propagating systems. Figures 10a-d show climatological Hovmöller diagrams of the 

TRMM 3-hourly rainfall climatology averaged from 8°N-10°N for typical weeks in winter, 

spring, summer, and fall, respectively.  The locations of the CP and SP regions in Fig. 8 

are indicated in Fig. 10c.  In winter (Figure 10a), the number of rainfall events and the 

volumetric rainfall rates are small. A few rain-producing systems are generated around the 

Jos Plateau (~7.5°E) and the Ethiopian Highlands (35-40°E), showing the influence of 

topography in initiating MCSs (Hodges and Thorncroft 1997, Mohr et al. 1999, Mohr 2004, 

and Fink et al. 2006).  

A relationship to topography is also evident in the other seasons (Figs. 10b - d), as 

rainfall systems form over the Ethiopian Highlands (35-40°E, 8-10°N) in the afternoon of 

each day in the climatology from May 11 to October 14.  Two types of rainfall systems 

influence the diurnal cycle of rainfall over the analysis region. One is long-lived systems 

originating over the Ethiopian Highlands, and the other is more locally-generated rainfall 

systems. We consider each type and its contribution to the seasonality of the diurnal cycle.  

In spring (Fig. 10b), systems generated over the Ethiopian Highlands persist for 12-

15 h and they have propagation speeds of 5 m s-1 on average. The propagations of these 

systems start from 38°E and end at 34°E. They do not propagate to the analysis regions 

(east of 30°E) so they do not influence the diurnal cycle of rainfall in the spring. One reason 

that limits the duration of propagation may be insufficient moisture in spring compared 

with summer in association with the position and intensity of the monsoon flow. Within 
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the analysis domain, most springtime MCSs start at noon and dissipate at night with 

lifetimes of around 9 h. These MCSs are the sources of the single afternoon peaks, which 

are dominant in Table 2. For instance, one system initiates at 12Z on May 13 at 15°E and 

propagates westward to 11°E at 21Z. On the other hand, some MCSs have a lifetime longer 

than 12 h, such as the MCS initiated at 12Z on May 11 at 24°E. These MCSs generate 

rainfall at night, and they are the source of the continuous afternoon peaks and nocturnal 

peaks. In spring, MCSs with long lifetimes are in a minority compared with these short-

lived MCSs.  

In summer, both the distance and duration of MCS propagation increases. The 

speed of propagation in summer is around 15 m s-1, which agrees with past studies (Shinoda 

et al. 1999; Laing et al. 2011). As seen in Fig. 10c, the rainfall systems that form over the 

Ethiopian Highlands (35-40°E, 8-10°N) persist for longer than 12 h, and 4% of these 

rainfall systems impact the analysis domains. For example, an MCS forms over the 

Ethiopian Highlands at 37°E in the late evening of August 5 and persists longer than one 

day. It moves westward 10° of longitude and contributes to the rainfall in the SP region. 

Due to the distance between the SP region and the Ethiopian Highlands, MCS systems 

from the Ethiopian Highlands arrive the SP region after 12Z and bring afternoon rainfall. 

Differences in MCS characteristics in spring and summer may be related to differences in 

the downstream monsoon inflow. For example, the monsoon inflow and the cold-pool 

outflow from MCSs can generate low-level convergence, helping to trigger new cells and 

lengthen MCS lifetimes (Marsham et al. 2013a; Garcia-Carreras et al. 2013; Provod et al. 

2016). As shown in Figure 4, the monsoon inflow is strongest and advances northward 
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across the Sahel to 18°N in summer, supporting summer MCS development and 

maintenance.  

In the SP region, MCSs normally form at 12Z and propagate westward after the 

initiations. According to the speed of propagation, the MCSs emerge from the western 

boundary of the SP region (27°E) and enter the CP region around midnight. Propagating 

rainfall systems from the SP region bring nocturnal rainfall to the CP region. In addition to 

propagating systems, MCSs are locally generated over the CP region. Bongo Massif (22°E, 

8°N) of northeastern Central African Republic is likely important for locally generated 

convections. Rainfall over the CP region combines locally generated MCSs’ rainfall in the 

afternoon and propagating systems’ rainfall at night. Thus, the afternoon peaks in the CP 

region do not dissipate immediately but persist to midnight. In other words, the continuous 

afternoon peak combines rainfall from two individual system types – one locally-generated 

and one propagating. Continuous afternoon peaks shown in Fig. 8 are unlikely to occur 

without propagating systems.  

The situation in fall is similar to spring, as shown in Figure 10d.  The speed of MCS 

propagation, 10-12 m s-1, is slower than in summer, and the typical MCS lifetime is less 

than a half day compared with 2 days in summer. Most MCSs develop at around 12Z and 

dissipate before midnight, forming the single afternoon rainfall peak. A few MCSs live 

longer than 12 h bringing continuous afternoon peaks and nocturnal peaks. The number of 

long-lived MCSs is low causing the low percentages of continuous afternoon peaks (5%) 

and nocturnal peaks (8%) in Table 2.  
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Past studies (Tuttle and Carbon 2004; Miyakawa and Satomura 2006) show that 

MCSs propagate not only zonally but also meridionally. Figure 10 addresses only zonal 

propagation. Figures 11a and b show climatological Hovmöller diagrams of the TRMM 3-

hourly rainfall averaged over 20-23°E for typical weeks in spring and summer, 

respectively. We examined other longitudes in our analysis domain, such as 27-30°E. 

Similar results was found. In spring (Fig. 11a), the MCSs also have a southward 

propagation component. For example, the MCS that formed at noon on May 11 propagates 

southward from 10°N to 5°N over 12 hours. Combing this southward component with the 

westward propagation shown in Fig. 10, the propagation direction tends to be 

southwestward in spring. The MCSs propagate across the southern boundary (8°N) of the 

analysis domain, which is shown as the red line in Fig. 11a.  

In contrast to spring, MCSs do not have a strong southward propagation component 

in summer (Fig. 11b). This result reveals that the direction of propagation also changes 

seasonally. The direction of propagation influences the location of nocturnal precipitation 

and contributes to the pattern of the diurnal cycle. This difference in the direction of 

propagation is likely to be related to the wind at 600 hPa, where the easterlies are stronger 

in summer than in spring, especially over 11-16°N. There is also a stronger northerly 

component of the large-scale flow in spring. The seasonal variation of propagation 

direction corresponds with changes in the direction of the large-scale background flow.  

Although the MSE profiles in Figure 9a do not show obvious differences between 

the SP and CP domains, MSE profiles are useful for understanding the seasonality of 

MCS lifetimes and propagation features. Figs. 12 a – c show the area-averaged (17-30°E, 
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8-10°N) ERAI vertical profiles at 18Z of total MSE, Lq, and cpT, respectively, for each 

of the four seasons. The averaging region (17-30°E, 8-10°N) includes both CP and SP 

regions. The smaller subsets of the region, such as (20-25°E, 8-10°N), are examined for 

averaging to reduce the risk of obscuring results by averaging over too large of a region. 

Results of smaller subsets are similar with Fig. 12. Similar with Fig. 9, 18Z is chosen 

because this is the critical time when the afternoon peak either dissipates or persists to 

midnight.  Table 3 shows the 600 hPa – 900 hPa difference of MSE, Lq, and cpT for the 

winter, spring, summer and fall in Figure 12 to provide an estimate of the vertical profile 

slopes in Figure 12. The variations of the geopotential term (gz; not shown) are found to 

be not relevant.    

The MSE profile in winter (Fig. 12a) is nearly neutral from 600 to 900 hPa. MSE 

profiles in spring, summer, and fall indicate a decrease in MSE with increasing height from 

the surface, indicating the atmosphere is unstable and the potential for convection has 

increased. Combining Fig. 12b and Table 3 indicates that the contribution to instability (as 

measured by MSE) is largest from the moisture component, Lq, in the summer and fall; 

this contribution is minimal in winter. The moist southwesterly monsoon flow advances 

northward in spring and retreats southward in fall, providing more moisture to support 

long-lived MCSs in the warm season. Long-lived propagating rainfall systems bring 

nocturnal rainfall and form continuous afternoon and nocturnal rainfall peaks. In contrast, 

the dry northeasterly air of the Harmattan develops in the fall and weakens in spring, 

inhibiting MCS longevity.  
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In contrast, the thermal component of MSE, cpT, is more important for producing 

low-level instability during winter and spring, and it is less influential during the summer. 

Higher temperatures near the surface promote rising motion, increasing atmospheric 

instability and promoting MCS formation. Temperature and moisture fluxes within the 

planetary boundary layer can affect CAPE, atmospheric instability, and associated rainfall 

events (Alapaty et al., 1997; Pielke, 2001; Holt et al., 2006). Despite the similarity of the 

transition seasons, cpT is more influential in determining instability during the spring, while 

Lq is more influential during boreal autumn.  

 

 2.5. CONCLUSIONS 

Heavy rainfall events over sub-Saharan northern Africa are usually related to 

MCSs. While previous studies diagnose the role of MCSs in total rainfall, they consider 

only individual, or a small number, of summer seasons. We evaluate the role of MCSs in 

the total rainfall distribution as a function of season from a climatological perspective over 

sub-Saharan northern Africa and examine how the diurnal cycle of rainfall changes with 

season. 

MCSs are  defined  here  as  events  that  have  a contiguous  spatial  area  

encompassed  by  the  25 mm/day  rainfall  contour  that is greater  than  2000  km2 in the 

3-hourly TRMM 3B42V7 rainfall estimates (Huffman et al. 2007). Another rainfall 

threshold, 100 mm/day, is examined to understand the features of intense MCSs. Our 

selections of MCSs with the rainfall thresholds, 25 mm/day and 100 mm/day, are referred 

to as T25 and T100, respectively. 
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The conclusions are summarized as follows: 

• MCSs identified from TRMM 3B42V7 observations using 2 rainfall intensity 

criteria (T25 and T100) show similar spatial distributions, the MCS counts are 

different.  The most notable difference between T25 precipitation and T100 

precipitation is the areal extent of the rainfall, and hence the total rainfall associated 

with MCS activity.   

• The percentage of the full TRMM precipitation delivered by T25 MCSs varies 

meridionally from 0-80% over sub-Saharan northern Africa in the spring, fall and 

winter, while the percentages are homogenous in summer (>80%).  The intense 

rainfall events captured in the T100 MCS count are mostly similar.  However, there 

is a maximum in the T100 rainfall during the transient seasons over the Marrah 

Mountains and Bodélé depression of Chad that does not occur in the T25 rainfall.  

This indicates that the majority of the rainfall that falls over these areas is associated 

with very intense systems. 

• Diurnal cycles of MCS-related precipitation are coincident with the diurnal cycles 

of the full TRMM rainfall in all four seasons. The contribution of T25 MCSs to the 

full TRMM precipitation is 0-60% in winter and 80-93% in summer. In both 

transition seasons, T25 precipitation contributes 65-80% of the full TRMM rainfall. 

The contribution of T100 MCSs is around half of the T25 MCS contribution year 

around. The diurnal cycles of MCS size, count and intensity are the same as the 

diurnal cycle of rainfall.  
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• The diurnal cycles can be classified into three categories: single afternoon peak, 

continuous afternoon peak, and nocturnal peak. The diurnal cycle types vary 

seasonally. Diurnal cycles with single afternoon peaks are most common in spring 

and fall, with over 45% of our analysis region experiencing a single afternoon peak 

in transition seasons. Continuous afternoon peaks are more common than single 

afternoon peaks in summer, and nocturnal peaks are the most common in summer. 

• The continuous afternoon peak combines rainfall from two system types – one 

locally-generated and one propagating. The seasonality of the diurnal cycle is 

related to the seasonality of MCS lifetimes, propagation speeds and directions. In 

dry seasons, most MCSs start at noon and dissipate with short lifetimes and low 

propagation speeds, so they cannot generate the nighttime rainfall that leads to 

continuous afternoon peaks and nocturnal peaks. In wet seasons, MCS lifetimes are 

longer and the speeds of propagations are higher. Long-lived westward propagating 

MCSs contribute to the continuous afternoon peaks and the nocturnal peaks.  

• Moisture static energy (MSE) profiles cannot explain the distribution of different 

types of diurnal cycles within a season, but they do help explain seasonality. An 

MSE analysis shows the atmosphere is unstable in spring, summer and fall, 

increasing the potential for convection.  The moisture component of MSE, Lq, 

provides the largest contribution to the instability in the summer and fall. Seasonal 

variations of the southwesterly monsoon flow and dry northeasterly air of the 

Harmattan influence the moisture component. In contrast, the temperature 
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component, cpT, is more influential in generating instability during the winter and 

spring seasons. 

 

This work indicates that an understanding of MCS formation and propagation 

characteristics is essential for understanding both the diurnal cycles of rainfall and the 

seasonality of rainfall over northern Africa. Extending studies of MCSs beyond summer is 

necessary to better understand African weather and climate, contributing to an improved 

ability to predict extreme rainfall events over Africa. 
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Table 2.1. Acronyms and descriptions utilized for the analysis of TRMM 3B42V7 

rainfall datasets.  

Acronym Description  

T25 count  Count of TRMM 3B42V7 MCSs when applying a 25 mm/day 

threshold  

T25 precipitation  Estimated TRMM 3B42V7 precipitation associated with T25  

count MCSs   

T100 count  Count of TRMM 3B42V7 MCSs when applying a 100 mm/day 

threshold  

T100 precipitation  Estimated TRMM 3B42V7 precipitation associated with T100 

count MCSs  

full TRMM 

precipitation 

Total TRMM 3B42V7 precipitation, including rainfall 

associated with MCSs and other rainfall event types   
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Table 2.2. Numbers and percentages of 1° boxes with single afternoon peaks, continuous 

afternoon peaks, and nocturnal rainfall peaks exceeding 1 mm/day.  

Season  Single afternoon 

peak 

Continuous afternoon peak Nocturnal peak 

Winter  3 (0.7%) 0 (0%) 2 (0.7%) 

Spring 85 (50%) 18 (11%) 45 (16%) 

Summer 68 (24%) 90 (32%) 116 (41.5%) 

Fall 127 (45.5%) 15 (5%) 25 (8%) 
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Table 2.3. The differences of MSE, Lq and cpT at 600 hPa and 900 hPa in winter, spring, 

summer and fall in Figure 12. Units are 106 J/kg.   

 MSE Lq cpT 

Winter (black) -1.05 -8.76 -25.796 

Spring (red) -10.98 -18.68 -26.03 

Summer (green) -11.69 -24.94 -20.17 

Fall (blue) -13.26 -24.52 -22.18 
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Figure 2.1. Terrain elevation (meters) from the US Geological Survey (USGS) digital 

elevation model (DEM) interpolated to 30-km resolution. The red box 

denotes the analysis region.  Black contours show country outlines. 
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Figure 2.2. Total number of MCSs from TRMM 3B42V7 using (a) the 25 mm/day 

threshold and (b) the 100 mm/day threshold. Black contours show country 

outlines. 
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Figure 2.3. Spatial distribution of precipitation (mm/day) at 00Z 16 August 2006 for the 

(a) full TRMM precipitation, (b) T25 precipitation, and (c) T100 

precipitation. Thick black contours show country outlines, while the thin 

black contours show terrain elevation contoured every 500 meters from the 

USGS DEM interpolated to 30-km resolution. 
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Figure 2.4. Percentage of the full TRMM precipitation delivered by T25 precipitation 

(shaded) for (a) November – March, (b) April – May, (c) June – September, 

and (d) October. Vectors represent winds (m s-1) at 925 hPa from the ERAI 

reanalysis. Thick black contours show country outlines.  
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Figure 2.5. Percentage of the full TRMM precipitation delivered by T100 precipitation 

(shaded) for (a) November – March, (b) April – May, (c) June – September, 

and (d) October. Vectors represent winds (m s-1) at 925 hPa from the ERAI 

reanalysis. Thick black contours show country outlines.  
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Figure 2.6. Percentage of full TRMM precipitation (black), T25 precipitation (red) and 

T100 precipitation (green) at each time period in the sum of full TRMM 

precipitation at all time periods for November – March (a; e), April – May 

(b; f), June – September (c; g) and October (d; h) over northern (a; b; c; d) 

and southern (e; f; g; h) areas. Northern area and southern area are selected 

as (0-30°E, 14-16°N) and (0-30°E, 10-12°N) separately.  
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Figure 2.7. The climatological diurnal cycle of the T25 MCS count over the northern (0-

30°E, 14-16°N; black) and southern (0-30°E, 10-12°N; red) domains for (a) 

November – March, (b) April – May, (c) June – September, and (d) October.
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Figure 2.8 
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Figure 2.8 
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Figure 2.8. Diurnal cycle of climatological (a) summer and (b) fall rainfall (mm day-1) 

area-averaged for 1°×1° grid boxes over the region bounded by 0°-30°E, 

8°N-16°N. The x-axis of each panel ranges from 00 Z to 24 Z at 3 hour 

intervals. Boxes denote region with predominant single afternoon peak (27-

30°E, 8-10°N) and predominant continuous afternoon peak (17-26°E, 8-

10°N). Grid boxes with nocturnal rainfall peaks, single afternoon peaks, and 

continuous afternoon peaks are shaded in blue, pink, and green respectively.
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Figure 2.9. Profiles of (a) the MSE, (b) Lq, and (c) cpT at 18Z for summer rainy days 

over the SP (solid line) and CP regions (dashed line) from the ERAI 

reanalysis.  Units are 106 J/kg. 
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Figure 2.10. Climatological Hovmöller diagrams of TRMM 3-hourly rainfall (mm day-1) 

averaged from 8°N-10°N for (a) January 16-22, (b) May 11-17, (c) August 

5-11, and (d) October 8-14. Red lines denote the boundaries of the SP (27-

30°E, 8-10°N) and CP (17-26°E, 8-10°N) domains. Solid black lines denote 

00Z while dashed black lines denote 12Z at each day.  
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Figure 2.11. Climatological Hovmöller diagrams of TRMM 3-hourly rainfall (mm day-1) 

averaged between 20°E-23°E for (a) May 11-17 and (b) August 5-11 from 

1998 to 2014. Solid black lines denote 00Z while dashed black lines denote 

12Z at each day. Red lines denote the southern boundaries (8°N) of CP (17-

26°E, 8-10°N) domain. 
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Figure 2.12. Profiles of average ERA-Interim (a) total MSE, (b) Lq, and (c) cpT at 18Z in 

winter (black), spring (red), summer (green) and fall (blue) over (17-30°E, 

8-10°N). Units are 106 J/kg.  
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Chapter 3: Role of the West African Westerly Jet in the Seasonal and 

Diurnal Cycles of Precipitation over West Africa 

 

ABSTRACT 

The West African westerly jet (WAWJ) is a low-level jet centered near 10°N over 

the West African coast from June to September. This study quantifies the low-level 

moisture transport associated with the WAWJ on seasonal timescales, examines the 

relationship between the jet and West African precipitation using a moisture budget 

analysis, and further distinguishes the WAWJ from the West African monsoon (WAM) 

flow. Three reanalyses and five observational rainfall datasets are examined to build 

confidence.   

The WAWJ has a diurnal cycle wit2h a minimum at 12 UTC and a maximum at 18 

UTC, dominated by the ageostrophic wind component. According to the momentum 

budget analysis, the diurnal acceleration/deceleration of the WAWJ is controlled by 

variations in geopotential height gradient forces associated with the continental thermal 

low and its westward, offshore extension over the eastern Atlantic. 

The WAWJ wind speed and rainfall across a large region of the western Sahel (0°-

10°W, 8°-18°N) are significantly and positively correlated. In this region, the moisture flux 

associated with the WAWJ is stronger than that associated with the southerly WAM flow 

 
2   This chapter was accepted by Climate Dynamics (Liu, W., K.H. Cook, and E.K. Vizy, 2019: Role of the 

West African Westerly Jet in the Seasonal and Diurnal Cycles of Precipitation over West Africa. Clim. Dyn. 

doi: 10.1007/s00382-019-05035-1). The author, Weiran Liu, analyzed data, plotted figures, and wrote the 

first draft. Two coauthors provided suggestions in the methodology and revisions of the manuscript. 
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from July 5 to August 20 (45 days). The moisture budget analysis reveals that the seasonal 

evolution of the rainfall in this analysis region is associated with zonal moisture 

convergence related to changes of the WAWJ. Enhanced (reduced) rainfall occurs in 

months with a strong (weak) WAWJ, accompanied by low-level moisture flux anomalies 

associated with the WAWJ instead of the southerly WAM.  

3.1. INTRODUCTION  

The West African westerly jet (WAWJ) is a low-level (925 hPa) jet centered near 

10°N, directed from the eastern Atlantic onto the West African coast.  It forms in June and 

persists into September, with maximum velocities exceeding 5.5 m/s in August. It was first 

identified as a jet by Grodsky et al. (2003). Pu and Cook (2010, 2012) clearly distinguished 

the WAWJ from the West African monsoon (WAM) flow and found that it plays a 

dominant role in Sahel rainfall in August on decadal timescales. Despite these findings, the 

relationship of the WAWJ and the West African precipitation is not well known on 

seasonal and diurnal timescales.   

Here we examine and quantify the low-level moisture transport associated with the 

WAWJ into northwestern Africa in multiple state-of-the-art reanalyses on the seasonal 

timescale in the climatology (1998-2017). Precipitation in multiple observations and 

reanalyses are evaluated over West Africa and the eastern North Atlantic to provide a 

connection between observed precipitation and reanalysis circulation fields. In addition, 

we build on previous studies and further distinguish the WAWJ from the WAM flow on 

diurnal and seasonal scales. 
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Relevant studies are reviewed in section 2. Section 3 presents the datasets and 

methods used in this paper. Results are presented in section 4 and conclusions are 

summarized in section 5. 

3.2. BACKGROUND  

Grodsky et al. (2003) identified a low-level jet over the Atlantic Ocean off the West 

African coast using satellite data, and related it to intra-seasonal SST variations. They also 

showed a correspondence between the jet and the Western Sahel Rainfall Index (Lamb, 

1983) from 1950-2000 on interannual timescales.  

Pu and Cook (2010; hereafter PC2010) named the WAWJ and examined its 

dynamics using the ERA-40 reanalysis (1958-2001), clearly distinguishing it from the 

WAM in terms of geographical location, vertical structure, dynamics, and variability on 

intraseasonal to decadal timescales. Specifically, the WAWJ is located over the Atlantic 

and the West African coast near 10°N, while the WAM flow occurs mainly over the 

continent, extending inland to 20°N in summer. The vertical wind speed in the WAWJ 

region is approximately 10 times greater than the WAM. The ITCZ is dynamically 

associated with the jet formation as it favors a westerly acceleration zone over the ocean. 

The ITCZ is also thermally related to the WAWJ formation through the surface heat budget 

and the formation of the offshore low. In contrast, the WAM is driven primarily by land/sea 

contrast.   

Past studies (e.g., Parker et al., 2005; Washington et al., 2006; Pospichal et al., 

2007; Lothon et al., 2008) investigated the diurnal cycle of the WAM. Parker et al. (2005) 
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find that the monsoon winds are weakest in the afternoon when the convective boundary 

layer is deep and intensify overnight when boundary layer turbulence weakens. Lohou et 

al. (2019) associate the diurnal cycle of the WAM with the maritime inflow from the 

Guinean coast (Adler et al., 2019) and a nocturnal low-level jet when daytime turbulence 

decreases. PC2010 examined the diurnal cycle of the WAWJ in the ERA-40 climatology 

(1958-2001) from July 22 to September 5 and found a maximum at 18 UTC and a minimum 

at 12 UTC. 

Past studies investigated the sources of moisture transport over Africa. Lamb 

(1983) pointed out the importance of the WAM, showing that dry years in West Africa are 

associated with relatively shallow southerly moisture flux across the Gulf of Guinea. 

Druyan and Koster (1989) investigated the sources of sub-Saharan precipitation in June 

and July using a coarse resolution (8° × 10°) climate model. They found that the tropical 

North Atlantic Ocean contributes most strongly to rainfall over the western Sahel, while 

the Gulf of Guinea and the South Atlantic Ocean contribute most strongly over the central 

Sahel. Fontaine et al. (2003) examined the moisture fluxes from 1968 to 1998 using NCEP-

NCAR reanalysis and found the Mediterranean Sea and the Gulf of Guinea are moisture 

sources in West Africa. Gu and Adler (2004) studied seasonal variations of rainfall from 

1998 to 2003 and associated rainfall with a northward-moving African easterly jet and its 

accompanying horizontal and vertical shear zones, the appearance and intensification of an 

upper-tropospheric tropical easterly jet, and a strong low-level westerly flow (between 

10°W and 10°E at 850 hPa). Thorncroft et al. (2011) analyzed the annual cycles of the 

circulation and water vapor over northwestern Africa and found that the rain band is in the 
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coastal region between mid-April and the end of June and the rainfall peak establishes 

around 10°N between mid-July to September.  

Several past studies refer to the westerly flow on the west coast of Africa without 

distinguishing it from the WAM or identifying it as a jet. Kidson and Newell (1977) 

suggested the decreased rainfall in the years 1972/93 was associated with the westerly flow 

south of the 850-hPa trough near 8°N. Cadet and Nnoli (1987) studied the water vapor 

transport over Africa in a case study of one summer in 1979. They found that the Gulf of 

Guinea and central Africa supplied most of the moisture for rainfall over the West Africa, 

and discuss the presence of a large belt of westerlies around 10°N. 

Although the WAWJ is distinguished from the WAM in PC2010, subsequent 

studies focused on the WAWJ are rare. Pu and Cook (2012) examined the relationship 

between the WAWJ and Sahel precipitation on decadal and interannual time scales during 

August. They find that a strong (weak) WAWJ is associated with enhanced (weakened) 

westerly moisture transport during wet (dry) periods. Their case studies of individual years 

(e.g., 1964 and 1999) show that the Sahel can experience strong precipitation when the 

WAM moisture transport is weak but WAWJ moisture transport is strong. Lélé et al. (2015) 

evaluated moisture transport in the NCEP-NCAR reanalysis for 1979-2008 and found that 

westerly moisture transport is enhanced in July-September. 

A number of studies found the discrepancies among different precipitation 

estimates over the West Africa. For example, Nguyen et al. (2011) showed that there is 

disagreement among different rainfall estimates in the West African and tropical Atlantic 

region, especially over the ocean where there is a lack of in situ rainfall data. Wan et al. 
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(2013) demonstrated that over data-sparse regions, such as Africa, large sampling errors in 

total precipitation and trend magnitude may exist. Sylla et al. (2013) compared three 

gridded observed daily rainfall datasets over Africa and found that different observation 

products exhibit substantial systematic differences in mean rainfall, frequency of wet days, 

precipitation intensity and extremes as well as maximum length of wet and dry spells. 

Therefore, the analysis of the West African rainfall should not rely on single precipitation 

dataset. Comparison of different rainfall products are necessary to prove the robustness of 

the results.  

In summary, most studies of the moisture transport into West Africa do not quantify 

the role of the WAWJ, which is distinguished from the WAM flow. Consequently, the role 

of the WAWJ in determining the seasonality and diurnal cycle of precipitation over West 

Africa is not well known. Here we examine and quantify the low-level moisture transport 

associated with the WAWJ into the West Africa in multiple state-of-the-art reanalyses on 

seasonal and diurnal scale in climatology (1998-2017). Different rainfall datasets over 

West Africa are used in our study to build confidence in this data sparse region. In addition, 

we build on previous studies and further distinguish the dynamics of the WAWJ from the 

WAM on diurnal and seasonal scales. 

3.3. DATASETS AND METHODOLOGY 

Three atmospheric reanalyses are used to examine the WAWJ in the 1998-2017 

climatology.  Monthly-mean and 6-hourly values from the European Centre for Medium-

Range Weather Forecasts Interim reanalysis (ERAI; Dee et al. 2011; 1.5° latitude × 1.5° 
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longitude) and the Japan Meteorological Agency’s Japanese 55-Year Reanalysis (JRA-55; 

Kobayashi et al. 2015; 1.25° latitude × 1.25° longitude) are analyzed. In addition, monthly 

NASA Modern-Era Retrospective Analysis for Research and Applications version 2 

(MERRA2; Bosilovich et al. 2015; 0.5° latitude × 0.625° longitude) fields are used to 

increase confidence in the results.  

Five observational rainfall datasets are examined.  Daily and monthly rainfall is 

used from NASA Tropical Rainfall Measuring Mission 3B42V7 rainfall estimates 

(TRMM; Huffman et al. 2007), the NOAA Precipitation Estimation from Remotely Sensed 

Information using an Artificial Neural Network Climate Data Record - Climate Data 

Record  (PERSIANN; Ashouri et al. 2015; daily temporal resolution), and the NOAA 

Climate Prediction Center morphing technique precipitation dataset version 1.0 

(CMORPH; Joyce et al. 2004; 30-min temporal resolution). The University of East Anglia 

Climate Research Unit monthly rainfall dataset version 3.22 (CRU; Harris et al. 2014) and 

the Global Precipitation Climatology Project monthly precipitation dataset version 2.2 

(GPCP; Adler et al. 2003) are used for monthly rainfall. 

This study relies primarily on precipitation values from these observational rainfall 

datasets. Precipitation in reanalyses is less reliable because it is parameterized. However, 

we include an evaluation of reanalysis precipitation to provide a connection between 

observed precipitation and reanalysis circulation fields. 

We analyze the WAWJ and its seasonal evolution for June - September from 1998 

through 2017. The June-September period is used because the WAWJ forms in June and 
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persists into September (Pu and Cook, 2010). The year 1998 is chosen as the start year to 

coordinate with TRMM precipitation availability.  

Two averaging regions are defined to distinguish between the WAWJ and the 

WAM, as shown in Figure 1. The averaging region for characterizing the WAWJ is located 

at 10-20°W and 8-11°N, which captures the maximum westerly wind at 925 hPa averaged 

from June to September in 1998-2017. The WAWJ averaging region crosses the coast and 

encompasses the latitudinal seasonal migration of the maximum westerly position of the 

jet. The WAM averaging region (0-10°W, 6-9°N) includes the same number of grid points 

as the WAWJ region, and captures the southwesterly flow in the vicinity of the Guinean 

coast.   

Surface winds in the reanalyses over the ocean (not shown) have similar patterns 

and magnitudes to scatterometer winds in Fig. 2 from Grodsky et al. (2003), providing 

more confidence in our study.  

To understand the dynamics of the WAWJ, the zonal and meridional momentum 

balances in Eulerian form are analyzed.  The horizontal momentum equations are 

        
x

u u u u
u v fv F

t x y p x


    
= − − − − + +

    
                                    (1) 

and  

y

v v v v
u v fu F

t x y p y


    
= − − − − − +

    
,                                 (2) 

where u is the zonal wind, v  is the meridional wind,   is the geopotential height, f  is 

the Coriolis parameter,   is the vertical p-velocity, and 
xF  and yF  represent zonal and 



59 

 

meridional friction, respectively. The terms on the right-hand sides of Eqs. (1) and (2) 

represent horizontal and vertical advection of momentum, acceleration by horizontal 

geopotential height gradients, Coriolis accelerations, and friction. Zonal and meridional 

accelerations, u
t




 and v
t




, are calculated using 6-hourly values and forward finite 

differencing. Frictional terms are calculated as residuals, and these residuals include errors 

in the estimation of derivatives by finite differencing, possibly resulting in an inaccurate 

representation of the boundary layer dynamics.  

 The zonal wind is decomposed into geostrophic, 
gu , and ageostrophic, 

au , 

components using  

   
1

a gu u u u
f y


= − = +


.                                                     (3) 

The atmospheric column moisture budget is used to connect precipitation with the 

circulation. Following past studies (e.g., Lenters and Cook 1995; Vizy and Cook 2001; 

Patricola and Cook 2011), the climatological precipitation rate can be decomposed into 

five individual terms according to 

P E C A O T= + + + + ,                                                           (4) 

where P  is precipitation, E  is evapotranspiration, C  represents precipitation associated 

with the horizontal wind convergence, A  represents precipitation associated with the 

horizontal wind advection of moisture, O represents orographic precipitation, and T

represents the effects of transient eddies. This equation is only appropriate for the cases in 

which the time scale is long enough so the time rate of change of the vertically-integrated 



60 

 

specific humidity is zero. It is appropriate to use Eq. (4) in our study based on the 

examination of the time rate of change of the vertically integrated specific humidity (not 

shown). The convergence term, C , is calculated as  

    
1 top

s

p

h
p

C q V dp
g 

 = − 
  ,                                                    (5) 

where g is gravitational acceleration, 
 is the density of water, 

sp and 
topp  are the 

pressure at the surface and the top of the atmosphere, respectively, q  is specific humidity, 

and V  is the horizontal wind. To study the wind convergence in more detail, C  is further 

decomposed into zonal, 
zC , and meridional components, 

mC , as follows: 
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and 
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p
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 .                                                     (7) 

 To examine low-level moisture transport, the vertically integrated mass-weighted 

moisture flux is calculated using the following equation  

1
( )

u

s

p

p
M q V dp

g
= −  .                                                        (8) 

The integration is from the surface to 800up hPa= , where the upper boundary of the 

WAWJ is located as shown in PC2010.  



61 

 

Moist static energy (MSE) is used to measure local instability of the atmosphere. 

MSE is defined as the sum of the sensible heat, latent hear, and geopotential energy 

contents of a parcel according to 

    
pMSE c T Lq g= + +  .                                                    (9) 

In Eq. (9), 
pc  is the specific heat of air at constant pressure, T  is the air temperature, and 

L  represents the latent heat of water vaporization. MSE profiles measure atmospheric 

stability and discriminate the individual roles of temperature and moisture in generating 

instability. MSE increases with altitude indicate a stable atmosphere. 

3.4. RESULTS  

3.4.1 Diurnal cycle analysis 

PC2010 examined the diurnal cycle of the WAWJ averaged from July 22 to 

September 5 using the ERA-40 climatology (1958-2001) and showed that the WAWJ and 

the WAM have different diurnal cycles. However, the dynamics of the WAWJ’s diurnal 

scale is unknown. In this section, we examine the diurnal cycle of the WAWJ using updated 

reanalyses (ERAI and JRA-55) and investigate its dynamics using the momentum budget. 

A comparison with PC2010 is provided.  

Figure 2a displays the climatological (1998-2017), 6-hourly zonal (black) and 

meridional (red) wind speeds in the WAWJ averaging region (red box in Fig. 1) at 925 hPa 

in the JRA-55 (solid line) and ERAI (dashed line) reanalyses averaged from June to 

September. Figure 2b shows the diurnal cycle of the wind over the WAM region (blue box 

in Fig. 1). Wind speeds at 925 hPa are shown because the wind speed maxima for both the 
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WAWJ and the WAM are located at this level. Adjacent vertical levels (e.g., 900 and 850 

hPa) are similar.  

The WAWJ and the WAM have different diurnal variations in both wind 

components. The zonal component of the WAWJ has a minimum at 12 UTC and a 

maximum at 18 UTC. In contrast, the zonal component of the WAM has a maximum at 06 

UTC and a minimum at 18 UTC, consistent with previous studies (Parker et al. 2005; 

Abdou et al. 2010; Pu and Cook 2010). The magnitude of the diurnal variation of the zonal 

WAWJ (~1.2 m/s) is less than half that of the WAM (~3 m/s). The meridional wind 

component of the WAWJ is less than about 1.5 m/s with a maximum at 18 UTC. In contrast, 

the WAM is associated with meridional winds up to 3.8 m/s with a maximum at 00 UTC.  

There are some discrepancies, up to 0.7 m/s, between JRA-55 and ERAI wind 

speeds. The largest differences occur between 18 UTC and 00 UTC, when JRA-55 

indicates a slight deceleration and ERAI shows a slight acceleration.  As a result, the 

maximum WAWJ speed occurs at 18 UTC in JRA-55, and at 00 UTC in ERAI. The 

difference between the two reanalyses at 00 UTC is 0.3 m/s. Past studies (Bengtsson et al. 

2004a; Chen et al. 2014; Abalos et al. 2015; Dufour et al. 2016) show factors causing 

inhomogeneities across reanalyses include different assimilation approaches, observational 

input sources, and physical parameterizations applied in models. This difference between 

ERAI and JRA-55 is discussed further below.  

Potential shortcomings exist in the reanalyses regarding the representation of the 

diurnal cycle of winds in the boundary layer over the WAWJ and WAM regions. For 

example, Marsham et al. (2013) indicate that atmospheric reanalyses render the diurnal 
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cycle of the monsoon flow and pressure gradient disputable. Hannak et al. (2017) show the 

difficulties of models in representing the Nighttime Low-level Jet in the Guinea coastal 

and Soudanian regions. 

Our results are partially consistent with PC2010 in finding a minimum at 12 UTC 

and a maximum at 18 UTC, at least in JRA55. However, PC2010 report a second maximum 

at 06 UTC which does not occur in the higher resolution, more recent reanalyses (Fig. 2a). 

The averaging regions are different between our study and PC2010, and we use different 

years included in our climatology. PC2010 chose (9.5°-10.6°N, 15°-25°W) over the ocean 

as the WAWJ region to capture the maximum westerly wind speed in the ERA-40 

climatology (1958-2001). Our averaging region (8°-11°N, 10°-20°W) is chosen to capture 

the maximum westerly wind speed averaged in the updated reanalyses (ERAI and JRA-55) 

in a more recent climatology (1998-2017). We repeat our examination using the averaging 

region of PC2010 and find the second maximum at 06 UTC is so subtle that the increase 

of wind speed from 00-06 UTC is 0.1 m/s. In PC2010, they reported the increase of wind 

speed from 00-06UTC is 0.5 m/s. Even when we use the same region as PC2010, the 

second maximum at 06 UTC is still smaller than PC2010 in the more recent climatology.  

Figure 3 shows the geostrophic and ageostrophic zonal wind components, along 

with the total wind speed in the WAWJ region from JRA-55 (solid) and ERAI (dashed). 

The two wind components have opposite diurnal cycles, with the geostrophic wind greatest 

at 12 UTC when the ageostrophic wind is at a minimum. The magnitude of the diurnal 

variation of the geostrophic wind is approximately 0.5 m/s while the ageostrophic wind 

varies by about 2 m/s and dominates the diurnal cycle of the total wind. This is in contrast 
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to the season cycle, which is dominated by the geostrophic component according to 

PC2010 (and confirmed in the more recent reanalyses).  

Figure 3 shows different total wind speeds between JRA-55 and ERAI from 18 

UTC to 00 UTC, and associates the discrepancy with different magnitudes of the 

deceleration of the geostrophic wind component. Both ERAI and JRA-55 indicate a 

decreasing geostrophic wind speed from 18 to 00 UTC, but it is larger in JRA-55.  

Terms in the zonal and meridional momentum balances (Eqs. 1 and 2, respectively) 

are shown on diurnal time scales for the WAWJ region in Figs. 4a and b for JRA-55. The 

climatological zonal acceleration, u
t




, is shown by the black line in Fig. 4a with terms 

on the right hand of Eq. (1) denoted by colored lines. Advection terms (not shown) are 

small enough to be negligible. The residual term (blue line) includes friction and errors due 

to the estimation of derivatives by finite differencing.  

Negative (westward) zonal acceleration occurs from 00-12 UTC leading to the 12 

UTC minimum of the WAWJ (Fig. 2a). After 12 UTC, the WAWJ strengthens as the zonal 

acceleration becomes positive (eastward). This pattern is associated with the zonal 

geopotential height gradient force, which is negative from 00 UTC to 12 UTC and then 

becomes positive for 12 or more hours. The zonal geopotential height gradient force has a 

06 UTC minimum of -2.5×10-5 m s-2 and an 18 UTC maximum of 2×10-5 m s-2.  In contrast, 

the Coriolis force is positive and steady throughout the diurnal cycle at approximately 

3.5×10-5 m s-2, consistent with the result above that the ageostrophic component dominates 

the diurnal cycle. 
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Figure 4b shows the terms in the meridional momentum balance (Eq. 2). To first 

order, this balance is geostrophic, with a positive meridional geopotential height gradient 

force and a negative Coriolis force. The meridional geopotential height gradient has a 

subtle diurnal variation with a difference of 1×10-5 m s-2 between day and night. An 

imbalance between the meridional geopotential height force maximum and the Coriolis 

force minimum at 12 UTC contributes to positive meridional acceleration around noon. 

The meridional wind strengthens during the day and reaches an afternoon maximum as 

shown in Figure 2a. Compared with JRA-55, ERAI (not shown) is associated with a smaller 

deceleration of the meridional geopotential height gradient force from 18 to 00 UTC 

leading to the difference of the geostrophic winds between ERAI and JRA-55 in Figure 3.  

  Figure 5 shows geopotential heights at 06 UTC and 18 UTC at 925 hPa in JRA-55 

and ERAI. Overall, the two reanalyses are similar. At 06 UTC (Figs. 5a and c), the thermal 

low extends southwestward to 10°N and 25°W over the ocean forming an offshore low. 

The geopotential height gradient force over the coast at 8-11°N points from the continent 

to the offshore low, making a decelerating (westward) contribution to the WAWJ. At 18 

UTC (Figs. 5b and d), the continental thermal low strengthens and shifts southward to 5°N. 

Surface temperatures (not shown) are warmest at 18 UTC over the continent and associated 

with the minimum geopotential heights. The geopotential height gradient force at 8-11°N 

over the coast points eastward onto the continental low, accelerating the WAWJ in the 

afternoon. The meridional geopotential height gradient force decreases after 18 UTC (not 

shown) in both reanalyses, with a stronger decrease in JRA-55. This decrease is associated 

with a weakening of the offshore low. Figure 5 shows that the diurnal variation of the 
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WAWJ is associated with diurnal variations of the thermal low. Both the offshore low and 

the thermal low over the continent impact geopotential height gradients and the diurnal 

cycle of the WAWJ.  

To understand if these diurnal variations of the WAWJ are associated with the 

diurnal cycle of rainfall, either as cause or effect, we examine the 6-hourly moisture budget 

using Eq. 4 in the reanalyses and observations (TRMM and PERSIANN). Precipitation in 

the reanalyses captures the diurnal cycle of rainfall in the observations, but the daily-mean 

magnitude of rainfall varies among the different precipitation datasets by up to 2 mm/day. 

The terms on the right-hand side of Eq. 4 do not vary with the diurnal cycle of the WAWJ, 

indicating that West African rainfall is not correlated with the WAWJ on diurnal time 

scales.   

3.4.2 Seasonal cycle analysis  

Figure 6a shows JRA-55 1998-2017 climatological 925-hPa daily mean wind 

speeds averaged over the WAWJ and WAM regions from June to September. ERAI and 

MERRA2 have similar seasonal cycles (not shown). The WAWJ (black line) forms in the 

middle of June, reaches peak strength in mid-August, and gradually weakens through 

September, consistent with the results of PC2010. As shown by PC2010, the seasonal 

evolution of the WAWJ is related to the westward extension of the thermal low and the 

seasonal progression of the marine ITCZ.  The extension of the thermal low is associated 

with the seasonal warming of coastal SSTs between 6° -18°N. The WAWJ peaks in August 

when the coastal SSTs are warming and the thermal low is deep.  



67 

 

In contrast, the southerly wind associated with the WAM (green line) weakens 

continuously from 3.5 m/s in June to 2 m/s in September. The seasonal variation of the 

zonal WAM strength (~3m/s) is about 50% of that of the WAWJ (~6m/s).  Furthermore, 

the WAWJ is stronger than either the zonal or meridional components of the WAM from 

July 16 – September 16 at 925 hPa. The zonal WAWJ has lower wind speeds than the full 

WAM (combining both components of the WAM) in June, July and late September. In 

August, the WAWJ and the full WAM show similar magnitudes of wind speeds.    

Figure 6b displays the vertical profile of the zonal wind averaged over the WAWJ 

region (red box in Fig. 1). The zonal and meridional wind components averaged over the 

WAM region (blue box in Fig. 1) are shown in Figs. 6c and d, respectively. As the WAWJ 

strengthens from June to the middle of August, the westerly flow deepens from 925 hPa in 

June to 725 hPa in August. The WAWJ is characterized by a layer of strong westerly flow 

(>4m/s) from the surface to 825 hPa from July 25 to September 5. In contrast, the zonal 

component of the WAM (Fig. 6c) is weaker and shallower. Strong zonal flow in the WAM 

does not extend to the surface, and it is confined below 775 hPa. The southerly component 

of the WAM (Fig. 6d) is also weak, never exceeding 4 m/s, and it becomes progressively 

shallower from June to September. Thus, the zonal WAWJ is stronger and deeper than the 

zonal and meridional components of the monsoonal flow during the 2-month period (July 

16 – September 16). 

Figure 7 shows monthly mean precipitation climatologies for June through 

September in two reanalyses and two observational datasets to better understand the range 

of uncertainty in the seasonal evolution of rainfall over the eastern North Atlantic and West 
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Africa. In Figures 7a-h, the vectors show 925-hPa climatological monthly mean winds. 

Other rainfall datasets (e.g., CMORPH, GPCP, and CRU; not shown) have similar rainfall 

patterns and monthly variations. Overall, the observational and reanalysis monthly rainfall 

climatologies have similar spatial structure over this region, but they disagree with one 

another in terms of rainfall intensity, consistent with past studies (Nguygen et al., 2011; 

Thorncroft et al., 2011). For example, JRA-55 rainfall over the ocean is stronger than the 

other datasets by ~5 mm/day while ERAI yields lower rainfall rates between 7°W and 5°E 

over land. The strength of the oceanic rainfall in JRA-55 is out of the range of any 

observations examined here. The atmospheric reanalyses do capture the observed spatial 

patterns and seasonal cycle of rainfall over West Africa and the adjacent eastern North 

Atlantic, but not necessarily the rainfall intensity. This result suggests that the atmospheric 

reanalyses can be useful for understanding the relationship between the low-level 

circulation (i.e., the WAWJ) and precipitation with the caveat that there is some uncertainty 

in the rainfall intensity. 

All datasets evaluated (including CMORPH, GPCP, and CRU; not shown) indicate 

that the rain band over West Africa shifts northward from June to August coinciding with 

the development of the West African summer monsoon, and retreats southward in 

September, consistent with past studies (e.g., Sultan and Janicot, 2000; Gu and Adler, 2004; 

Sijikumar et al., 2006; Thorncroft et al., 2011). Relevant to this study, note the rainfall 

maxima that are located over the ocean and Africa’s west coast near 6°-10°N, in the WAWJ 

region. This coastal rainfall maximum intensifies from June to August in each dataset, 
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coinciding with the development of the WAWJ. A coastal analysis region (black box in 

Figure 7) is chosen as (6°-11°N, 8°-17°W) to capture this coastal rainfall maximum.  

Figures 8a and b show correlations between the climatological daily ERAI zonal 

wind speed over the WAWJ averaging region and climatological daily rainfall over West 

Africa and the nearby Atlantic using rainfall in ERAI and PERSIANN, respectively, from 

June 1 to September 30. Shaded regions are associated with significant correlation 

coefficients exceeding the 95% confidence level (degrees of freedom = 120) in the two-

tailed Student’s t-test. Different combinations of reanalyses (ERAI, JRA-55) and 

precipitation datasets (ERAI, JRA-55, PERSIANN, TRMM, and CMORPH; not shown) 

indicate consistent results. There are significant positive correlations (>95% confidence 

level) between 7°N and 14°N over the ocean in the vicinity of the WAWJ, and north of 

8°N across the continent in each case, including the reanalyses. High correlation 

coefficients (>0.7) locate in the WAWJ averaging region and the Sahel. Much of this 

correlation can be due to mutual seasonal forcing across the domain.  

Figures 8c and d show correlations between the daily ERAI WAWJ zonal wind 

speed anomalies and daily rainfall anomalies using rainfall in ERAI and PERSIANN, 

respectively. The wind (rainfall) anomalies are calculated by subtracting daily wind 

(rainfall) in individual year from daily climatology. Notice that color bar and critical values 

of the correlation coefficients differ from Figs. 8a and b since the sample sizes are different 

(sample size is 122 in Figs. 8a and b and 2318 in Figs. 8c-f). The timescale associated with 

Figs. 8c and d is the synoptic scale. On synoptic scale, WAWJ wind speeds have significant 

positive correlations (>95% confidence level) with rainfall over West Africa, the WAWJ 
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averaging region, and the Guinean coast, but the magnitudes of the correlation coefficients 

are lower than 0.3. Compared with Fig. 8c using rainfall in reanalysis, Fig. 8d shows lower 

correlations using PERSIANN, as well as other observational rainfall datasets (TRMM and 

CMORPH; not shown). In Fig. 8d, there is no significant correlation between WAWJ wind 

speed and rainfall in observational rainfall datasets over the Guinea Highland (8°-12°N, 

10°-15°W) while it shows significant correlation using reanalysis rainfall (Fig. 8c).  

Figures 8e and f show correlations between 30-day running means of ERAI WAWJ 

zonal wind speed anomalies and 30-day running means of rainfall anomalies using rainfall 

in ERAI and PERSIANN, respectively (degrees of freedom = 2316). By calculating the 

30-day running means, the correlations shown are on the monthly timescale. There are 

significant positive correlations (>95% confidence level) in the WAWJ averaging region 

and north of 7°N across the continent, with correlation coefficients smaller than 0.4. 

Overall, Figure 8 indicates that the WAWJ wind speed and West African rainfall are 

significantly correlated using climatologies (Figs. 8a and b), as well as using daily filtered 

data that represent the synoptic (Figs. 8c and d) and monthly (Figs. 8e and f) timescales.  

To more directly evaluate the relationship between the WAWJ and West African 

rainfall, an inland analysis region is chosen as (8°-18°N, 10°W-0°) shown as the black box 

in Figure 8. This region is proved to be positively correlated with the WAWJ wind speed 

on different timescales in Figure 8. As shown in Figure 1, the WAWJ flows across the 

coast and changes direction to southwesterlies over the continent entering the analysis 

region along its western boundary (8°-18°N,10°W). The southwesterly WAM flows across 

its southern boundary (8°N, 0°-10°W) transporting the moisture from the Gulf of Guinea 
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into the analysis region. Other analysis regions are also tested [e.g., (10°-20°N, 3°-13°W) 

and (5°-15°N, 5°W-5°E)] to confirm that the results are not dependent on the exact 

selection of the analysis region.  

Figure 9a displays five-day running means of rainfall in multiple datasets 

(CMORPH, PERSIANN, TRMM, JRA-55, and ERAI) averaged over the inland analysis 

region (0°-10°W, 8°-18°N) from June to September.  The rainfall has a similar seasonal 

evolution in the various datasets, but magnitudes vary. Rainfall increases from June to 

about August 10 and is sustained through the remainder of the month. PERSIANN has the 

largest magnitudes among the datasets examined with a maximum of 7 mm/day. Past 

studies (Gosset et al., 2013; Pfeifroth et al., 2016) evaluated satellite-based precipitation 

datasets and found overestimations of rainfall in PERSIANN over West Africa. The ERAI 

reanalysis yields the lowest rainfall rates with a 4 mm/day maximum, while the JRA-55 

reanalysis agrees well with the observations. 

 Figure 9b is similar to Figure 9a but averaged over the coastal analysis region (8°-

17°W, 6°-11°N). The rainfall has a similar seasonal evolution in each dataset, displaying 

increasing rainfall from June to August and declining rainfall in September. The rainfall 

rate over the coastal analysis region is about 2.5-3 times of that in the inland analysis region 

in August.  In contrast to the inland analysis region, PERSIANN is not associated with 

highest rainfall rates over the coastal analysis region. Rather, the highest rainfall rates are 

in the JRA-55 reanalysis, while ERAI has the lowest. The difference in rainfall rates among 

all datasets is up to 5.5 mm/day.  
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Figure 9c shows five-day running means of the vertically-integrated, mass-

weighted zonal moisture fluxes along the western boundary of the inland analysis region 

(10°W, 8°-18°N; black) and meridional moisture fluxes on its southern boundary (10°W-

0°, 8°N; red) in ERAI (solid) and JRA-55 (dashed). The moisture fluxes are calculated 

according to Eq. (8) and summed over all grid points on the two boundaries, which have 

the same numbers of grid points. The moisture fluxes are integrated from surface to 800 

hPa capturing the WAWJ and the WAM. As shown in Figures 6b-d, the WAWJ and the 

WAM flows change vertical depths from June to September. Moisture flux integrations 

from the surface to other low levels, such as 850 and 750 hPa, yield similar results. 

As the rainfall increases in June until early August, the WAWJ strengthens and 

deepens (Fig. 6b), coincident with enhanced westerly moisture transport into the inland 

analysis region (red lines in Fig. 9b) and increasing precipitation rates (Fig. 9a). In contrast, 

the southerly moisture flux associated with the WAM decreases during the same period, 

and the zonal moisture flux is stronger than the meridional moisture flux from July 5 to 

August 20 (45 days) indicating that the primary moisture source of the inland analysis 

region during this period is the WAWJ. Since the WAWJ and WAM are indistinguishable 

on the eastern boundary of the inland analysis region, net flux convergence into the region 

is not computed. 

Figure 10a displays terms in the moisture budget (Eq. 4) from June to September 

averaged over the inland analysis region (8°-18°N, 10°W-0°) in the JRA-55 reanalysis. 

ERAI (not shown) is similar. The residual term includes the orographic and transient terms 

in the moisture budget (Eq. 4), and errors due to the estimation of derivatives by finite 
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differencing. The residual and advection terms are not primary contributors to the rainfall, 

with magnitudes < 1mm/day and relatively small seasonal variations (< 2 mm/day). 

Evaporation is generally the largest component in the moisture budget, but with a small 

variation from June to August (1 mm/day) which does not explain the seasonal cycle of the 

rainfall. The total convergence term (purple line in Fig. 10a) ranges from 0 to 2 mm/day, 

smaller than the evaporation term. However, the seasonal variation of the zonal 

convergence term is coincident with the evolution of rainfall. In June, before the 

development of the WAWJ, 
zC (green line in Fig. 10a) is negative over the inland analysis 

region. It increases from June to August contributing to the enhanced rainfall when 

moisture is transported from the Atlantic as the WAWJ strengthens (Fig. 6a). In September, 

the zonal convergence term decreases coinciding with a weakening of the WAWJ. In 

contrast, the meridional convergence term (
mC ) decreases from June to August making a 

negative contribution to the rainfall when the southerly component of the WAM decreases. 

Figure 10b shows the terms in the moisture budget averaged over the coastal 

analysis region. The advection, evaporation, and residual terms are stable from June to 

September. The seasonal variation of the rainfall is dominated by the total convergence 

term. Zonal moisture convergence increases from -2 to 9.5 mm/day while the meridional 

convergence declines from 4 to -3 mm/day.  

Overall, in both analysis regions, the seasonal variation of the rainfall is associated 

with the moisture convergence. In the two components of the moisture convergence term, 

the zonal component contributes positively to the seasonal variation of the rainfall as the 
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WAWJ strengthens from June to August while the meridional component decreases 

through the period. 

The input of moisture to a region by the low-level flow is one condition needed to 

produce rainfall. Another is instability to lift the moisture to a level of condensation. To 

evaluate the role of different instability mechanisms, the MSE budget is analyzed over the 

inland analysis region (8°-18°N, 10°W-0°) using Eq. 9. The coastal analysis region shows 

similar results. The vertical MSE profile is estimated by the difference of MSE between 

two vertical levels, 925 and 800 hPa. A larger positive value of this MSE difference 

indicates a less stable atmosphere, and neutral profiles can indicate the presence of 

convection. The results shown are not highly sensitive to the exact choice of levels, e.g., 

950 – 800 hPa and 925 – 700 hPa are similar.  

Figure 11 displays the vertical differences of total MSE (black), the thermal 

component (cpT ; green), and the moisture component (Lq; red) in ERAI (solid) and JRA-

55 (dashed) averaged over (8°-18°N, 10°W-0°). While the magnitudes of the differences 

for MSE and the individual components differ between ERAI and JRA-55, the seasonal 

cycle of the differences is the same. The g  component of MSE difference (not shown) 

is small and negative with minimal seasonal change. As shown in Figure 11, the MSE 

difference (black line) increases from June 1 to mid-July, stays stable for about one month 

(July 16-August 16), and increases again from mid-August to September. The increasing 

MSE difference indicates that the low-level atmosphere becomes more unstable.   

As shown in Figure 11, the moisture component Lq difference (red line) shows a 

similar seasonal evolution as MSE, suggesting that this component dominates the seasonal 
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changes in low-level atmospheric instability. The atmosphere is destabilized by the 

increasing low-level moisture associated with the zonal moisture convergence (Figure 

10a). The low-level moist layer deepens from June to August and becomes shallower in 

September, consistent with the changes of the WAWJ in Fig. 6a. The 
pc T  component 

difference (green line) decreases from June 1 to September 1 tending to stabilize the 

atmosphere. Overall, the seasonality of low-level atmospheric instability is mainly 

contributed by the change of moisture vertical profile associated with moisture 

convergence. 

Months with a strong and weak WAWJ are selected for compositing in June to 

September from 1998 to 2017 using ERAI and JRA-55 to better understand the relationship 

between the WAWJ and rainfall. A strong (weak) WAWJ month is defined when the 

monthly-mean WAWJ wind speed is greater than (less than) one standard deviation of the 

monthly average. Table 1 denotes selected months with strong and weak WAWJs from 

June to September in 1998-2017 in ERAI and JRA-55, and overlapping months between 

the two reanalyses. Of the 80 months (June – September from 1998 to 2017), 12.5% (10 

months) are identified as overlapping strong/weak WAWJ months in the two reanalyses. 

Results shown are consistent using strong and weak WAWJ months in ERAI and JRA-55, 

and overlapping months of these two.  

Figure 12a shows climatological 925-hPa geopotential heights from JRA-55 

averaged from June through September, and Fig. 12b displays differences for the strong 

minus weak cases selected in JRA-55. When the WAWJ is strong, there anomalously low 

heights north of 10°N over the ocean. Over the continent, geopotential heights are also 
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anomalously low over the western Sahel (10°-20°N, 5°-15°W) in strong WAWJ months, 

indicating a westward extension of the thermal low. This result is consistent with PC2010 

who showed that WAWJ variations are associated with the westward extension of the 

thermal low off the West African coast over the eastern North Atlantic.  

Figure 13 displays the composited rainfall anomalies using multiple datasets in the 

strong and weak WAWJ months selected in JRA-55. Overall, the rainfall anomalies are 

robust across all combinations of datasets showing enhanced (reduced) rainfall associated 

with a strong (weak) WAWJ over the ocean and West Africa north of ~8°N. In strong 

WAWJ months, the rainfall is less than the climatological mean in the vicinity of the coastal 

analysis region over Liberia and southern Côte d'Ivoire in ERAI and JRA-55 and over 

Sierra Leone in PERSIANN and TRMM. Anomalous rainfall shows a dipole pattern over 

the ocean north and south of the WAWJ center at 8°N in weak WAWJ months. The 

Guinean coast experiences a positive rainfall anomaly in weak WAWJ months in all 

examined datasets examined.  

Figure 14 shows the vertically-integrated water vapor transport anomaly from the 

surface to 800 hPa in ERAI and JRA-55 for the overlapping strong and weak WAWJ 

months. The moisture flux anomalies over the continent are mainly zonal indicating that 

the enhanced (reduced) rainfall in Fig. 13 is associated more with the zonal WAWJ than 

the southerly WAM. The strong (weak) WAWJ transports increased (decreased) moisture 

from the Atlantic into West Africa. The maximum moisture flux anomaly is located at 8-

11°N coinciding with the WAWJ core. In strong (weak) WAWJ months, the southerly 
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WAM does not strengthen (weaken) at the same time as the WAWJ intensifies (weakens) 

indicating that the WAWJ and the WAM are not coupled on monthly time scales.  

3.5. SUMMARY AND CONCLUSIONS  

A low-level jet off the West African coast near 10°N in the summer was first 

identified by Grodsky et al. (2003). Pu and Cook (2010, 2012) showed that this West 

African Westerly Jet (WAWJ) is clearly distinguished from the West African monsoon 

(WAM) flow in terms of structure, dynamics, and variability, and found that it is closely 

associated with August Sahel rainfall variability, especially on decadal timescales. Here, 

we examine the relationship between the WAWJ and West African precipitation on 

seasonal and diurnal timescales.  

The main findings are summarized as follows: 

• The WAWJ and the WAM have different diurnal cycles (Fig. 2). The zonal WAWJ 

has a minimum at 12 UTC and a maximum at 18 UTC, while the zonal component 

of the WAM has a maximum at 06 UTC and a minimum at 18 UTC. The meridional 

component of the WAWJ has a maximum of 1.8 m/s at 18 UTC, while the WAM 

is associated with meridional winds up to 3.8 m/s with a maximum at 00 UTC.  

• The ageostrophic wind component dominates the diurnal cycle of the WAWJ while 

the seasonal cycle of the WAWJ is dominated by the geostrophic component (Fig. 

3). The geostrophic and ageostrophic wind components of the WAWJ have 

opposite diurnal cycles, with the geostrophic wind greatest at 12 UTC when the 

ageostrophic wind is weakest.  
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• Diurnal variations of the WAWJ are associated with diurnal variations of low-level 

geopotential height gradients associated with the continental thermal low and its 

westward, offshore extension. In the zonal momentum balance of the WAWJ (Fig. 

4), the diurnal cycle of the zonal acceleration term is associated with changes in the 

zonal geopotential height gradient force. The minimum of the WAWJ at 12 UTC 

is associated with a negative zonal geopotential height gradient force from 00-12 

UTC. After 12 UTC, the WAWJ accelerates as the continental thermal low 

strengthens and shifts southward. The meridional momentum balance is 

geostrophic to first order. An imbalance between the low-level meridional 

geopotential height force maximum and the Coriolis force minimum contributes to 

meridional acceleration at 12 UTC.  

• The WAWJ strengthens from June to the middle of August, and deepens from 925 

hPa in June to 725 hPa in August. In contrast, the southerly component of the WAM 

weakens and becomes progressively shallower from June to September (Fig. 6). 

The amplitude of the seasonal variation of the zonal component of the WAM is 

about half that of the WAWJ. The zonal WAWJ is stronger and deeper than both 

the zonal and meridional components of the WAM flow during a 2-month period 

(July 16 – September 16). 

• The WAWJ wind speed and West African rainfall are significantly correlated 

(>95% confidence level) on synoptic and monthly time scales. These correlations 

are consistent in multiple atmospheric reanalyses and observational rainfall 

climatologies, with similar spatial structure and seasonal evolution over West 
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Africa and the adjacent eastern North Atlantic (Fig. 7). JRA-55 shows the highest 

rainfall rate over the eastern North Atlantic and PERSIANN is associated with the 

largest magnitude of rainfall over West Africa.  

• Vertically-integrated, mass-weighted moisture fluxes associated with the WAWJ 

and the WAM are evaluated (Fig. 9). The zonal moisture flux associated with the 

WAWJ is stronger than that associated with the southerly WAM from July 5 to 

August 20 (45 days) indicating that the WAWJ is the primary moisture source of 

the inland analysis region (0°-10°W, 8°-18°N) during this period. As rainfall 

increases from June to early August, the WAWJ strengthens and deepens, 

accompanied by enhanced westerly moisture transport into this region. In contrast, 

the moisture flux associated with the southerly WAM continuously decreases 

during the same period. 

• In the inland analysis region (0°-10°W, 8°-18°N) and a coastal analysis region (8°-

17°W, 6°-11°N), seasonal variations of the WAWJ and the associated zonal 

moisture convergence are synchronous with the evolution of rainfall (Fig. 10). In 

contrast, the meridional moisture convergence term associated with the southerly 

component of the WAM decreases from June to August making a negative 

contribution to the increases of rainfall. 

• Low-level atmospheric instability is evaluated using vertical profiles of the moist 

static energy and its components (Fig. 11). The seasonality of the low-level 

atmospheric instability is primarily associated with changes in the moisture content 

of the atmosphere. The atmosphere is destabilized by increases in low-level 
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moisture associated with zonal moisture convergence. In contrast, the temperature 

component of moist static energy tends to stabilize the atmosphere. 

• Months with strong and weak WAWJs are selected and composited to better 

understand the relationship between the WAWJ and rainfall. In strong WAWJ 

months, the offshore low north of 10°N over the eastern North Atlantic Ocean and 

the continental thermal low trough are deeper (Fig. 12). Enhanced (reduced) rainfall 

is associated with a strong (weak) WAWJ over the ocean and West Africa north of 

~8°N; this relationship is consistent across all combinations of datasets (Fig. 13). 

Moisture flux anomalies in strong (weak) WAWJ months indicate that the enhanced 

(reduced) rainfall over the continent is primarily associated with the zonal WAWJ 

as opposed to the low-level southerly WAM inflow (Fig. 14). In strong (weak) 

WAWJ months, the southerly WAM does not strengthen (weaken) at the same time 

as the WAWJ intensifies (weakens) indicating that the WAWJ and the WAM are 

not coupled on monthly timescales. 

 

This study shows that, on both diurnal and seasonal timescales, variations of the 

WAWJ are clearly distinguished from those of the monsoon flow. The WAWJ plays an 

important role in transporting moisture into northwestern Africa and impacting West 

African rainfall from June to September. The zonal moisture flux associated with the 

WAWJ is the primary moisture source over the inland analysis region (0°-10°W, 8°-18°N) 

from July 5 to August 20. Further studies of the WAWJ on multiple timescales are 

necessary to understand the rainfall variations over Africa. Future studies could also 
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improve our understanding of the influence of the WAWJ on the seasonal evolution of the 

wind shear in the Sahel (Taylor et al., 2017) and the precipitable water related to Sahelian 

mesoscale convective systems (Takemi, 2007, 2008, 2014).  
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Table 3.1. Selected months with strong and weak WAWJ from June to September in 

1998-2016 in ERAI and JRA-55, and overlapping months between ERAI 

and JRA-55.  

Reanalyses  Strong WAWJ months  Weak WAWJ Months  

ERAI June (2001, 2005, 2007, and 

2016) 

July (2005, 2007, 2012, and 

2016) 

August (1999 and 2007) 

September (1998, 2006, and 

2010) 

June (2000, 2009, 2010, and 2011) 

July (2009, 2010, and 2011) 

August (1998, 2000, 2002, and 

2013) 

September (2001, 2004, 2008, and 

2011) 

JRA-55 June (2001, 2007, 2012 and 

2016) 

July (2007, 2012, and 2016) 

August (1999, 2007, 2009, and 

2012) 

September (2006, 2010, and 

2012) 

June (2000, 2004, 2006, 2009, and 

2010) 

July (2006, 2010, and 2011) 

August (1998, 2000, and 2002) 

September (2002, 2004 and 2008) 

Overlapping 

months 

between 

ERAI and 

JRA-55 

June (2001, 2007 and 2016) 

July (2007, 2012, and 2016) 

August (1999 and 2007) 

September (2006 and 2010) 

June (2000, 2009, and 2010) 

July (2010 and 2011) 

August (1998, 2000 and 2002) 

September (2004 and 2008) 
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Figure 3.1. The 925-hPa winds (m s-1) in the JRA-55 reanalysis climatology (1998-2017) 

averaged from June to September. The red and blue boxes denote the 

WAWJ region (10-20°W, 8-11°N) and the WAM region (0-10°W, 6-9°N), 

respectively. Black contours show country outlines. Topography is masked 

out.  
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Figure 3.2. 6-hourly zonal (black) and meridional (red) wind speed (m s-1) in (a) the 

WAWJ averaging region and (b) the WAM averaging region at 925 hPa in 

JRA-55 (solid) and ERAI (dashed) reanalyses averaged from June to 

September. 
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Figure 3.3. Zonal geostrophic (red), ageostrophic (blue), and total wind speeds (black) in 

the WAWJ region averaged from June to September in JRA-55 (solid) and 

ERAI (dashed). Unit: m s-1. 
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Figure 3.4. (a) The 925-hPa climatological diurnal cycle of the zonal acceleration (black 

line), zonal geopotential height gradient (red line), Coriolis (fv; green line) 

and residual (blue line) terms from Eq. (1) averaged over the WAWJ region 

from June to September in JRA-55. (b) The 925-hPa climatological diurnal 

cycle of the meridional acceleration (black line), meridional geopotential 

height gradient (red line), Coriolis (-fu; green line) and residual (blue line) 

terms from Eq. (2) for the same averaging region in JRA-55.  Units are 10-4 

m s-2. 
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Figure 3.5. Geopotential height (gpm) at (a) 06 UTC and (b) 18 UTC (b;d) at 925 hPa 

averaged from June to September in JRA-55. (c)-(d) are same as (a)-(b) but 

using ERAI. White shading indicates regions where the topography rises 

above 925 hPa.   
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Figure 3.6. (a) Zonal wind speed over the WAWJ region (black), zonal wind speed over 

the WAM region (red), meridional wind speed over the WAM region 

(green), and total wind speed over the WAM region (blue) at 925 hPa in 

JRA-55. Vertical profiles of (b) zonal wind over the WAWJ region, (c) 

zonal wind over the WAM region, and (d) meridional wind over the WAM 

region. Topography is masked out. Positive values are shaded. Contour 

interval is 3 m s-1. Unit: m s-1. 
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Figure 3.7. Monthly mean precipitation climatology (shaded; mm day-1) for (a) June, (b) 

July, (c) August, and (d) September in ERAI. (e)-(p) are same as (a)-(d) but 

using JRA-55, PERSIANN, and TRMM. Vectors represent monthly mean 

wind (m s-1) climatology at 925 hPa in (a-d) ERAI and (e-h) JRA-55. 

Topography is masked out for vectors. Black contours show country 

outlines. Black box donates the coastal analysis region (5°-12°N, 8°-17°W). 
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Figure 3.8. Correlations between daily WAWJ wind speed in ERAI and daily rainfall 

from June to September in climatology (1998-2017) using (a) ERAI rainfall 

and (b) PERSIANN rainfall. Correlations between daily ERAI WAWJ wind 

speed anomalies and daily rainfall anomalies from June to September in 

1999-2017 using (c) ERAI rainfall, and (d) PERSIANN rainfall. 

Correlations between 30-day running means of ERAI WAWJ wind speed 

anomalies and 30-day running means of rainfall anomalies from June to 

September in 1999-2017 using (e) ERAI rainfall, and (f) PERSIANN 

rainfall. Only correlations coefficients exceeding the 95% confidence levels 

are shown. Black contours show country outlines. Black box donates the 

analysis region (8°-18°N, 10°W-0°).   
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Figure 3.9. Five-day running mean of climatological rainfall averaged over (a) (0°-

10°W, 8°-18°N) (b) (8°-17°W, 6°-11°N) from CMORPH (red), PERSIANN 

(dark yellow), TRMM (yellow), JRA-55 (blue), and ERAI (green). Unit: 

mm day-1. (c) Five-day running mean of the vertically integrated mass-

weighted zonal moisture fluxes over (10°W, 8°-18°N) (red) and meridional 

moisture fluxes over (0°-10°W, 8°N) (black) integrated from the surface to 

800 hPa in ERAI (solid) and JRA-55 (dashed) climatologies. Unit: kg m-1 s-

1.  
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Figure 3.10. (a) Precipitation (black), evapotranspiration (red), total convergence 

(purple), zonal convergence (green), meridional convergence (blue), 

advection (pink), and residual (yellow) terms in the moisture budget (Eq. 4) 

from June to September averaged over (8°-18°N, 10°W-0°) in the JRA-55 

reanalysis. (b) Same as (a) but averaged over (8°-17°W, 6°-11°N). Unit: mm 

day -1. 
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Figure 3.11. Differences in the moist static energy (MSE) between 925 and 800 hPa 

(black), the CpT component (green), and the Lq component (red) in ERAI 

(solid) and JRA-55 (dashed) averaged over (8°-18°N, 10°W-0°). Unit: 103 

m2 s-1. 
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Figure 3.12. (a) Climatological geopotential height at 925 hPa averaged from June to 

September in JRA-55. (b) JRA-55 geopotential height differences between 

strong and weak WAWJ months. Unit: gpm.  
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Figure 3.13. Rainfall anomalies in (a) strong and (b) weak WAWJ months in ERAI. (c)-

(h) are same as (a)-(b) but using JRA-55, PERSIANN, and TRMM. Unit: 

mm day-1. Black contours show country outlines.  
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Figure 3.14. Vertically integrated water vapor transport from the surface to 800 hPa for 

(a) strong and (b) weak WAWJ months in ERAI. (c)-(d) are same as (a)-(b) 

but using JRA-55. Unit: kg m-1 s-1. 
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Chapter 4: Influence of Indian Ocean SSTs on the East African Short 

Rains 

 

ABSTRACT 

Three sub-regions of the Indian Ocean in which SSTs significantly influence the 

equatorial East African short rains on interannual timescales are identified, and the physical 

processes of this influence are studied using regional climate model simulations. Five 20-

year ensemble integrations are generated to represent a control climate and to simulate the 

individual and combined effects of SSTAs in the influential regions. 

SSTAs in the western Indian Ocean exert a stronger influence on the equatorial East 

African short rains than central and eastern Indian Ocean SSTAs both in terms of the 

coverage of significantly-changed precipitation and the magnitude of the precipitation 

response. Positive western Indian Ocean SSTAs significantly increase the short rains over 

95% of the equatorial East Africa domain (30°-40°E, 5°S-5°N), while only 30% of the 

region responds to central and eastern Indian Ocean SSTAs.  Evidence of an influential 

Indian Ocean dipole mode does not emerge from the analysis. 

The mechanisms of this influence are diagnosed using a3 tmospheric moisture 

budget and moist static energy analyses, with reference to Kelvin and Rossby wave 

generation as in the Gill model, but in the presence of complicated topography and nonzero 

background flows. Wind convergence anomalies in a moist environment primarily support 

 
3 This chapter was submitted to Climate Dynamics. The author, Weiran Liu, designed numerical simulations, 

performed simulations, analyzed data, plotted figures, and wrote the the first draft. Two coauthors provided 

suggestions in the methodology and revisions of the manuscript. 
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precipitation anomalies in all cases, while changes in atmospheric instability are largely 

controlled by low-level moisture anomalies. Central and eastern Indian Ocean SSTAs 

change circulations and precipitation locally, but the remote influence on East Africa is 

weaker than that of the western Indian Ocean SSTAs. 

4.1. INTRODUCTION  

The tropical East African population is dependent on rain-fed agriculture and, 

therefore, vulnerable to climate variation and change. Extreme rainfall events, both 

flooding and droughts, can significantly impact the agriculture, water and food security, 

and public health (Anyah et al. 2012; Lyon and DeWitt 2012). There are critical needs to 

improve our fundamental understanding of the region’s precipitation, including its 

seasonality. 

Precipitation over tropical East Africa (EA) exhibits pronounced regional variation 

and complicated seasonality characterized by a boreal spring “long rains” season and a 

boreal fall “short rains” season. Past studies (e.g., Behera et al. 2005; Ummenhofer et al. 

2009) link interannual variability of the EA short rains with SST variability in the Indian 

Ocean. However, there are unsolved questions about the relationship between Indian Ocean 

SSTs and EA short rains. For example, are some regions of the Indian Ocean more 

influential, or do the basin-wide Indian Ocean SSTs impact EA short rains equally?  

The purpose of this study is to investigate the regionality of the Indian Ocean SST 

forcing and the mechanisms by which this forcing influences the EA short rains. We 

identify hot spots of influential SSTAs, and study the hydrodynamics of the resulting 
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perturbations in isolation and in combination using regional model (RCM) simulations. 

Background on the EA short rains is provided in section 2. The RCM simulations, 

reanalyses, observational datasets, and methodologies used are described in section 3, with 

a model evaluation presented in section 4. The main results are presented in section 5, and 

conclusions are summarized in section 6.   

4.2. BACKGROUND  

Rainfall in equatorial EA is often characterized by two rainy seasons. One rainy 

season occurs during the boreal spring, referred to as “long rains”, and a second rainy 

season in the boreal fall is referred to as “short rains”. Although the long rains provide a 

larger amount of rainfall to EA than the short rains (Hastenrath et al. 1993), the latter 

exhibit more interannual variability (Black et al. 2003; Hastenrath et al. 2011; Lyon 2014). 

This study, therefore, focuses on the EA short rains and associated mechanisms.  

Past studies (Black et al., 2003;; Behera et al., 2005; Ummenhofer et al., 2009) 

relate EA short rains to a basinwide large-scale coupled mode in the tropical Indian Ocean, 

referred to as the Indian Ocean Dipole (IOD) or Indian Ocean Zonal Mode (IOZM), but 

their EA analysis domains vary. For example, Black et al. (2003) analyze composites of 

extreme years using station data for 1900–97 over (37.5°–41.25°E, 2.5°S–2.5°N) and 

(37.5°–41.25°E, 10°–12.5°S), and find extreme EA short rains are associated with large-

scale SSTA patterns in the Indian Ocean during IOZM events. They indicate that only 

IOZM events that reverse the zonal SST gradient for several months trigger high rainfall. 

Behera et al. (2005) find that extreme years (1961, 1994, and 1997) of EA short rains over 
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(5°S–5°N, 35°–46°E) can be explained by intrinsic zonal variability related to the IOD. 

Wehnhaji et al. (2018) find a strong positive correlation between October-December 

precipitation over (5°S–20°N, 28–52°E) and the IOD index in observational datasets, 

suggesting the positive-phase IOD plays a dominant role in driving EA short rains. 

The correlations between the Indian Ocean SSTs and EA short rains shows 

interdecadal variability. Clark et al. (2003) study the rainfall during October–December 

along the coast in Kenya and Tanzania, and find correlations between Indian Ocean SSTs 

and EA precipitation in 1950-1982 and 1983-1993 nearly reverse in sign.  

Several modeling studies (Ummenhofer et al. 2009; Bahaga et al. 2015) show the 

western Indian Ocean plays a dominant role in impacting EA short rains. Ummenhofer et 

al. (2009) study the relationship of October-November rainfall over (10°N–1°S, 31°–45°E) 

and IOD using ensemble simulations with an atmospheric general circulation model 

(GCM). They assess the contributions of individual (and combined) poles of the IOD to 

above-average precipitation over EA. They show that increased EA short rains during 

positive IOD are driven mainly by warming over the western Indian Ocean (38°-70°E, 

12°S-12°N), leading to a reduction in sea level pressure over the western half of the Indian 

Ocean. Converging wind anomalies over EA lead to moisture convergence and increased 

convective activity. 

Past regional modeling studies have shown that RCMs are able to reproduce the 

EA observed rainfall seasonality and regional circulation patterns (e.g., Sun et al. 1999; 

Segele et al. 2009; Cook and Vizy 2012; Cook and Vizy 2013; Endris et al. 2013; Ogwang 

et al. 2016; Han et al., 2019). The coarse resolution of current GCMs limits their capability 
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in capturing the important regional forcing features, such as complex topography and 

coastlines (Cook and Vizy 2013; Endris et al. 2013; Ogwang et al. 2016). Shongwe et al. 

(2011) approximate the observed sensitivity of EA precipitation during October–December 

to Indian Ocean SSTAs, but the GCMs do not generally produce an accurate representation 

of the EA climate. A regional simulation with higher resolution simulations is needed 

because of the important role of topography in determining EA rainfall distributions 

(Hession and Moore 2011; Lyon 2014) and the observed complex regionality of the rainy 

seasons (Herrmann and Mohr 2011).  

Regardless of the numerous studies discussed above, there are unsolved questions 

about the relationship between Indian Ocean SSTs and EA short rains. Are some regions 

of the Indian Ocean more influential, or do the basin-wide Indian Ocean SSTs impact EA 

short rains equally? In any case, what are the mechanisms of the Indian Ocean SSTs 

impacting EA shot rains? In this study, we will address these questions to improve our 

understanding of the influence of Indian Ocean SSTs on EA short rains variability. 

4.3. METHODOLOGY   

4.3.1 Regional model simulations   

 The National Center for Atmospheric Research – National Oceanic and 

Atmospheric Administration Weather Research and Forecasting (WRF; Skamarock et al. 

2008), version 3.8.1, is used to conduct RCM simulations over a large domain (0°-130°E, 

44°S-32°N; Figure 1a) covering most of the Africa continent, and tropical and sub-tropical 

Indian Ocean. The simulation domain is chosen to minimize the effects of lateral boundary 
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constraints over EA and Indian Ocean, and to allow the development of subtropical 

anticyclone over the Indian Ocean. 

The model is run with 30-km horizontal resolution and 40 vertical levels, with the 

top of the atmosphere is set at 10 hPa.  The time step is 60 seconds and model output is 

saved every 3 h. Physical parameterizations selected include the Lin et al. microphysics 

scheme (Lin et al. 1983; Rutledge and Hobbs 1984; Chen and Sun 2002), the rapid radiative 

transfer model longwave radiation scheme (Mlawer et al. 1997), the Dudhia shortwave 

radiation scheme (Dudhia 1989), the Monin–Obukhov Similarity surface layer scheme 

(Skamarock et al. 2008), the Yonsei University boundary layer scheme (Hong et al. 2006), 

the Noah land surface model (Chen and Dudhia 2001), and Kain-Fritsch (new Eta) cumulus 

scheme (Kain and Fritsch 1993). This combination of parameterizations has been shown 

to reproduce the African climate and the seasonality of EA precipitation realistically (Vizy 

and Cook 2009; Cook and Vizy 2012; Vizy et al.2013, 2015; Crétat et al. 2014; Han et al. 

2019).   

Figure 1b shows prominent topographical features over tropical East Africa as 

resolved in the model. The Ethiopian highlands and the East African highlands are 

separated by the Turkana channel. Model elevation maxima are Mt. Kenya (37°E, 0°N) at 

2783 m (~730 hPa), and the Virunga Mountains in the Rwanda-Burundi region at 1878m 

(~815 hPa). Lake Victoria is located between these two peaks.  

Five sets of simulations, or ensembles, are run with the only difference between the 

ensembles being in the prescribed SSTs. One is a control climate, and four ensembles have 

idealized Indian Ocean SSTAs derived from observations added to the control climate 
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SSTs (see section 5.1). Each ensemble consists of 20 simulations that are initialized on 

August 1 of a different year (1998-2017) and run for 153 days to December 31.  The 

simulation design with 20 ensemble members is designed to suppress variability on 

synoptic to interannual timescales, to study the EA short rains from a climatological 

perspective. The model output from each 20-year run is averaged to form a climatology. 

The year 1998 is chosen as the start year to coordinate with NASA TRMM Multi-satellite 

Precipitation analysis (TRMM; Huffman et al. 2007) availability. Initial, lateral, and 

surface boundary conditions are specified at 6-hourly intervals from the European Centre 

for Medium-Range Weather Forecasts Interim reanalysis (ERAI; Dee et al. 2011; 1.5° 

latitude × 1.5° longitude) for each year (1998-2017).  

In the control ensemble, climatological SSTs from ERAI averaged from 1998 to 

2017 (Figure 1a) are used except for Lake Victoria (centered on 33°E, 2°S), where the daily 

Operational Sea Surface Temperature and Sea Ice Analysis (OSTIA; Donlon et al. 2012) 

values averaged from 2012 to 2017 are used.  OSTIA values are available on a global 1/20° 

(~6 km) grid from 2007 for daily SSTs and lake surface temperatures from November 

2011. OSTIA is used over Lake Victoria because it captures the observed SST gradient 

across Lake Victoria, while the coarser resolution (1.5°) ERAI has only one grid point over 

Lake Victoria. Past studies (Thiery et al. 2015; Argent et al. 2015; Woodhams et al. 2018) 

indicate that Lake Victoria SST gradients impact regional precipitation.  In addition, ERAI 

SSTs are lower than OSTIA SSTs averaged over Lake Victoria by ~2 K, and they change 

only at monthly intervals. For these reasons, OSTIA is commonly used for regional studies 

of Lake Victoria and adjacent East Africa (Thiery et al. 2015; Argent et al. 2015; 
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Woodhams et al. 2018). One disadvantage of OSTIA for our study is that the number of 

years of OSTIA SSTs (6 years from 2012-2017) is less than for ERAI (20 years from 1998-

2017). 

4.3.2 Observational/reanalysis datasets  

To evaluate the accuracy of the simulated hydrodynamics, we compare with the 6-

hourly ERAI reanalysis and the 6-hourly Japan Meteorological Agency’s Japanese 55-Year 

Reanalysis (JRA-55; Kobayashi et al. 2015; 1.25° latitude × 1.25° longitude). These two 

reanalyses realistically capture the circulation over Africa and Indian Ocean, and are 

commonly used in regional studies of EA (Vizy and Cook 2012; Cook and Vizy 2013; 

Vizy and Cook 2019). TRMM and the NOAA Precipitation Estimation from Remotely 

Sensed Information using an Artificial Neural Network Climate Data Record (PERSIANN; 

Ashouri et al. 2015), both at 0.25°-resolutions, are used for evaluating precipitation in the 

simulations. They both have been shown to provide realistic estimates of the seasonal cycle 

of precipitation over EA (Liebmann et al. 2012), and they are close to the model’s 

resolution.  

To examine the observed correlations of Indian Ocean SSTs and EA short rains, 

the daily National Oceanic and Atmospheric Administration Optimum Interpolation 

observed SSTs (NOAA OI SST; Reynolds et al. 2007) version 2.0 at 0.25°-resolution and 

the monthly Hadley Centre Sea Ice and SST dataset (HadISST; Rayner et al. 2003) at 1°-

resolution are used. 
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4.3.3 Analysis methods  

The atmospheric column moisture budget is used to connect precipitation with the 

large-scale circulation and moisture fields. The climatological precipitation rate can be 

decomposed according to 

P E C A R= + + + ,                                                         (1) 

where P  is precipitation, E  is evapotranspiration, C  represents contributions from 

horizontal wind convergence in a moist environment, A  is the vertically integrated 

horizontal advection of moisture, and R is a residual term that includes orographic 

precipitation, the effects of transient eddies, and numerical error (Lenters and Cook 1995; 

Vizy and Cook 2001; Cook and Vizy 2013).  

The convergence term, C , which is shown to provide the strongest contribution to 

the total precipitation, P ,  in Section 5.3, is calculated as  
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where g is gravitational acceleration, 
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Moist static energy (MSE) is used to measure the local instability of the 

atmosphere. MSE is defined as the sum of the sensible heat, latent heat, and geopotential 

energy contents of a parcel according to 

    
pMSE c T Lq gz= + + .                                                    (5) 

In Eq. (5), pc  is the specific heat of air at constant pressure, T  is the air temperature, 

L  represents the latent heat of water vaporization, and z  is the geopotential height. MSE 

profiles measure atmospheric stability and discriminate the individual roles of temperature 

and moisture in generating instability. MSE increases with altitude indicate a stable 

atmosphere, and a neutral profile generally reveals the presence of convection. 

4.4. MODEL EVALUATION   

Figures 2a-c show climatological (1998-2017) precipitation averaged over October 

1 – December 15 in PERSIANN, TRMM, and the control ensemble, respectively. The 

primary analysis region (30°-40°E, 5°S-5°N) is shown by the black box, located over 

equatorial East Africa to the east of the Congo basin. As discussed below, sensitivity to 

domain boundaries is low. The averaging period for the short rains in the EA analysis 

domain is chosen as October 1-December 15, when precipitation rates in both TRMM and 

PERSIANN exceed 2 mm/day (Fig. 4d). The definition of the short-rains season in EA 

varies in the literature (Black et al. 2003; Clark et al. 2003; Yang et al. 2015; Hirons and 

Turner 2018). Other periods (October-November and October-December) are tested, and 
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we find that the results are not sensitive to the choice of the short-rains averaging period in 

our study. 

In PERSIANN and TRMM (Figs. 2a and b), rainfall maxima are located over 

Equatorial Guinea (15°E, 0°), Rwanda (28°E, 2°S). The control ensemble (Fig. 2c) captures 

the precipitation pattern in TRMM and PERSIANN, but has a wet bias over some regions, 

especially over the Congo basin, consistent with past RCM studies (Vizy and Cook, 2012; 

Crétat et al. 2014). Precipitation in the control climatology exceeds the observed rainfall 

by 2-5 mm/day over the equatorial central Indian Ocean and by 5-9 mm/day over the Congo 

Basin. Over the EA analysis domain (black box), the control ensemble simulates 

precipitation patterns and magnitudes reasonably showing high rainfall rate (2-6 mm/day) 

over the adjacent region of Lake Victoria and low rainfall rate (<2 mm/day) over (35°-

40°E, 1°-5°N), except for a wet bias over central Lake Victoria.  

 Figure 2d shows 11-day running means of precipitation averaged over the EA 

domain in PERISIANN (black), TRMM (green), and the control ensemble (red). Applying 

the 11-day running mean effectively helps to filter out the synoptic variations. Differences 

between precipitation from the 20-year control simulation and the observations are 

insignificant at the 90% confidence level using the two-tailed Student’s-t test, and the 

simulated seasonality is realistic. Using a threshold of 2 mm/day, the short-rains season in 

the control ensemble starts on October 20 and persists to December.  

 Figures 3a-c show climatological 850-hPa wind and specific humidity distributions 

from ERAI, JRA-55, and the control ensemble, respectively. The control ensemble 

captures the winds in the two reanalyses, including westerlies in the equatorial Indian 
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Ocean, northeasterlies from the Arabian Sea to Somalia, and easterlies/southeasterlies over 

the southern Indian Ocean between 10°S and 25°S. The model-simulated specific humidity 

also agrees well with ERAI and JRA-55 in terms of patterns and magnitudes. Specific 

humidity maxima (>12 g kg-1) are located over the Congo basin and the Maritime 

Continent. Other vertical levels are also examined (not shown) to conclude that the 30-km 

RCM provides a reasonable simulation of the 1998-2017 climatology.   

 Figures 3d-f show cross sections of the climatological zonal wind along the equator 

from ERAI, JRA-55, and the control ensemble, respectively, from 1000 to 500 hPa. 

Westerlies over the equatorial Indian Ocean and easterlies over the EA domain are 

divergent over coastal EA in both the control ensemble and reanalyses. Low-level 

westerlies over the Congo basin are convergent with easterlies from the EA coast (~42°E). 

The westerlies over the Congo Basin in the two reanalyses (Figs. 3d and e) are located 

between the surface and 900 hPa, with magnitudes of 0-2 m/s. The model-simulated 

westerlies are stronger and deeper than in the reanalyses, extending from the surface to 750 

hPa with a maxima of 5 m/s. Thus, moisture convergence (not shown) associated with the 

westerly flow over the Congo Basin and the easterly flow over the EA domain in the control 

climatology is stronger than in the reanalyses, which is consistent with the wet bias over 

the Congo Basin in the RCM (Figure 2c).  

Moisture budget components in the control ensemble and ERAI are compared to 

evaluate how well the RCM captures the mechanisms of precipitation. Figures 4a-f show 

the P-E, A, R, C, Cz, and Cm terms in the moisture budget (Eqs. 1-4), respectively, in the 

control ensemble. P-E is positive over the Congo Basin and the Indian Ocean east of 50°E, 
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with a maximum of 10 mm/day (Fig. 4a). Moisture advection (Fig. 4b) is negative with a 

magnitude below 2 mm/day, except for a region of positive values centered on (35°E, 4°N) 

in the Turkana Channel where southeasterly flow transports relatively wet air from the 

Indian Ocean (Nicholson 2016; Vizy and Cook 2019). The residual term (Fig. 4c) largely 

reflects topographic patterns, with strong positive values (> 8 mm/day) over the EA domain 

east of 35°E. Moisture convergence (Fig. 4d) with magnitudes of 2-10 mm/day is located 

over the Congo Basin and the EA domain to the west of Mt. Kenya (35°E), and it supports 

positive P-E in the same regions. Moisture divergence (Fig. 4d) is present over the EA 

domain to east of 35°E. A clear east-west contrast of moisture convergence term exists 

over the EA domain (Fig. 4d).  

Figures 4e and f show the zonal and meridional components of the moisture 

convergence term (Eqs. 3 and 4). Moisture convergence over the Congo Basin (Fig. 4d) is 

mainly supported by the zonal component (Fig. 4e) in association with westerlies over the 

Congo basin and easterlies from the EA coast (Fig. 3f). Moisture divergence over the EA 

domain east of 35°E (Fig. 4d) is primarily supported by the zonal component (Fig. 4e) and 

it is associated with easterlies over the EA domain and westerlies over the ocean (Fig. 3f).  

It is clear from the moisture budget analysis that precipitation in the western and 

eastern portions of the EA domain is supported by different mechanisms, especially where 

the residual (Fig. 4c) and the moisture convergence terms (Fig. 4d) are concerned. The 

short rains over the western EA domain are mainly supported by moisture convergence 

while they are mainly maintained by the residual term over the eastern EA. The 

contribution of residual term to the precipitation over eastern EA domain indicates the 
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possible importance of topographic effects of mountains (such as Mt. Kenya) in 

determining precipitation. Since it is important to average over homogenous regions, we 

divide the EA analysis domain into western and eastern parts separated at 35°E in the 

following analysis. 

Figures 4g-m are the same as Figs. 4a-f but for the ERAI climatology. Similar to 

the control ensemble (Figs. 4a-f), ERAI indicates that the moisture convergence and 

residual terms have opposite signs over the western and eastern EA domains. A comparison 

with the simulated moisture budget (Figs. 4a-f) indicates that the control ensemble 

produces an accurate decomposition of the processes that maintain rainfall in the analysis 

domain, adding to our confidence in the regional model simulations.  

4.5. RESULTS  

4.5.1 Observed correlations of EA short rains and Indian Ocean SSTs 

 Figures 5a and b display correlations of TRMM rainfall averaged over the full EA 

domain (30°-40°E, 5°S-5°N) and Indian Ocean SSTs averaged over October 1 to December 

15 in the 1998-2017 climatology using ERAI and NOAA OI SSTs, respectively. 

Correlations using PERSIANN (not shown) produce similar patterns. The EA short rains 

are positively correlated with western and central Indian Ocean SSTs along the equator, 

and negatively correlated with eastern Indian Ocean SSTs at approximately 5ºS-10ºS. The 

correlations are as high as 0.8 in the western and central Indian Ocean, and -0.7 in the 

eastern Indian Ocean. Correlations using EA short rains averaged over the western and 
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eastern EA domains separately (not shown) produce similar patterns over the western, 

central, and eastern Indian Ocean.  

 To understand the extent to which the three SSTAs occur independently, 

correlations between SSTs averaged over the black boxes in Figure 5 are calculated. 

Results using NOAA OI SST, ERAI SST, and HadISST are similar. The western and 

eastern Indian Ocean SSTAs are not significantly correlated at the 90% confidence level, 

with a correlation coefficient of -0.24. SSTAs in the western and eastern Indian Ocean have 

opposite signs in 11 (55%) out of 20 years from 1998 – 2017. In contrast, SSTAs in the 

western and central Indian Ocean are highly correlated (>99% confidence level) with a 

correlation of 0.92.  

 Past studies (e.g., Saji et al. 1999; Li et al. 2003; Saji et al. 2003; Luo et al. 2010) 

report a dipole mode of SST variability in the tropical Indian Ocean (IOD), quantified by 

the SST difference between the tropical western Indian Ocean (50-70°E, 10°S-10°N) and 

the tropical southeastern Indian Ocean (90°-110°E, 10°S-0°), referred to as the IOD index. 

The averaging regions used in calculating the IOD index are different from the regions 

identified here as being especially influential for the EA short rains in Figure 5. Further, 

our results suggest that the western and eastern Indian Ocean SSTAs are not significantly 

anticorrelated using the averaging boxes in Figure 5 for 1998-2017. Other studies (Nicholls 

and Drosdowsky 2001; Dommenget and Latif 2002; Zhao and Nigam, 2015; Wang et al. 

2019) find a similar lack of anticorrelation using the averaging regions defined for the IOD 

index. The fundamental mechanisms of the IOD are beyond the purpose of this study and 

not discussed further.  
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Figure 5c shows the locations and magnitudes of the idealized SSTAs used in the 

perturbation ensemble simulations. The choice of these SSTAs is guided by the correlations 

shown in Figs. 5a and b. In addition to the western, central, and eastern Indian Ocean, 

significant correlations also exist over (65°-70°E, 8°-12°N) in the Arabian Sea in Figs. 5a 

and b. However, we do not apply SSTAs over the Arabian Sea in the perturbation 

simulations because the correlations are less robust in the sense that they are sensitive to 

the exact choices of EA averaging region.  

 The three SSTAs shown in Figure 5c are Gaussian in shape and have maximum 

amplitude of +1K in the western and central Indian Ocean, and -1K in the eastern Indian 

Ocean, covering the regions with significant correlations shown in Figs. 5a and b. The 

SSTA maximum amplitudes are larger than the standard deviations of the SSTAs in ERAI 

(0.3-0.4K) to produce diagnosable responses, but similar in magnitude to those of the most 

extreme years.  

Table 1 provides a reference for naming the five ensemble simulations. The three 

SSTAs in Fig. 5c are imposed individually in the WIO, CIO, and EIO ensembles. The ALL 

ensemble includes all three SSTAs shown in Fig. 5c, comparing with the linear 

superposition of the WIO, CIO, and EIO ensembles to evaluate the potential for 

interference among the individually-forced responses.  

4.5.2 Precipitation anomaly in perturbation ensembles 

 Figures 6a, b, and c show anomalous precipitation, defined as differences from the 

CTL climatology, for the WIO, CIO, and EIO climatologies (see Table 1). Only areas with 
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confidence levels higher than 90% are shaded. The same precipitation anomalies are shown 

in Figures 6d, e, and f, but enlarged to focus on the EA domain and adjacent regions. The 

percentages of the grid boxes in the EA domain that are associated with significantly-

changed precipitation is indicated in the upper left of each panel.  

Precipitation anomalies associated with a warm western Indian Ocean (Fig. 6a) 

cover a large region of tropical EA (22°-41°E, 10°S-8°N), with decreased precipitation in 

the Arabian Sea (60°-80°E, 6°-15°N) and the south Indian Ocean (80°-100°E, 7°-16°S). 

95% of the grid points in the EA analysis domain have significantly-increased precipitation 

(0-4 mm/day) due to the warm western Indian Ocean (Fig. 6d).  

 In the CIO simulation, precipitation increases over the imposed SSTA as in the 

WIO simulation, and there is decreased precipitation over the western and eastern Indian 

Ocean near the equator (Fig. 6b). The dry region in the western Indian Ocean extends onto 

the African coast, and precipitation responses are not homogeneous over the EA domain 

(Fig. 6e). The northeastern quadrant (29% of the EA domain) becomes significantly drier 

due to the warm central Indian Ocean SSTA forcing, while regions west of 38°E (8% of 

the EA domain) become significantly wetter by 0-2 mm/day.  

 When cool SSTAs are imposed in the eastern Indian Ocean in the EIO ensemble 

(Fig. 6c), precipitation decreases over the SSTAs, and increases over the western equatorial 

Indian Ocean (40°-70°E, 0°-8°S) and to the north of the cold anomaly (80°-110°E, 0°-

5°N). 30% of the EA domain shows significantly increased precipitation (Fig. 6f).  

Comparing the precipitation responses in the three simulations, the percentages of 

the grid boxes in the EA domain that are associated with significantly-changed 
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precipitation in the WIO ensemble are about three times those in the CIO and EIO 

ensembles.  

Since the precipitation anomalies shown in Figure 6 are averaged over two and a 

half months, they could represent changes in magnitudes, or/and changes in the timing of 

the onset or demise of the rainy season. Figure 7a shows the 11-day running mean of 

precipitation averaged over the western EA domain (30°-35°E, 5°S-5°N) in the CTL 

(black), WIO (dark blue), CIO (light blue), EIO (pink), and ALL (red) climatologies, along 

with the linear superposition of the WIO, CIO, and EIO ensembles (green). The WIO 

ensemble (dark blue line) shows significantly (>90% confidence level) increased 

precipitation compared with the CTL ensemble (black line) with a maximum of 9 mm/day 

on November 11.  

 The CIO (light blue line) and EIO (pink line) simulations also show increased 

rainfall compared with the CTL ensemble but in smaller magnitudes than for the WIO 

ensemble. Precipitation anomalies are up to 1.1 mm/day in the CIO ensemble and 0.8 

mm/day in the EIO ensemble. However, the CIO and EIO simulations do not produce 

significant (90% confidence level) changes of precipitation from the control climatology 

during the short rain season. The precipitation changes are significant only on specific dates 

rather than over the entire period like for WIO. 

 The response of EA precipitation to the imposition of all three SSTAs together (the 

ALL ensemble; red line) does not equal the sum of the responses to the SSTAs individually 

(green line). When multiple SSTAs are applied, nonlinearities are introduced. The 

maximum precipitation anomaly in ALL is smaller than the superposition by 1.5 mm/day. 
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The daily evolution of precipitation in the ALL simulation is more similar to the WIO 

simulation in magnitude than to the superposition of the three SSTAs. Although the ALL 

ensemble changes the large-scale zonal gradient of Indian Ocean SSTs, the response of EA 

precipitation is not significantly different from the WIO ensemble.  

Figure 7b shows the 11-day running means of precipitation averaged over the 

eastern EA domain (35°-40°E, 5°S-5°N) in multiple simulations similar to Fig. 7a. Eastern-

domain precipitation anomalies in the perturbation simulations are similar to those in the 

western EA domain (Fig. 7a) but with smaller magnitudes. The statistical significance of 

the precipitation responses in the different ensembles are also similar to those in the west 

(Fig. 7a), with significantly-increased short rain precipitation in the WIO ensemble and 

insignificantly increased precipitation in the CIO and EIO. 

Both Figures 6 and 7 indicate that western Indian Ocean SSTAs exert a stronger 

influence on EA short rains than central and eastern Indian Ocean SSTAs.  The central and 

eastern Indian Ocean SSTAs produce significantly-changed precipitation over some 

regions of the tropical Indian Ocean, but their influence on African precipitation in boreal 

fall is less than the western Indian Ocean SSTAs.  

4.5.3 Mechanisms of the Indian Ocean SSTs impacting the EA short rains  

To connect precipitation responses in the WIO simulations to circulations, Figure 

8 depicts anomalies from the CTL ensemble in the components of the atmospheric moisture 

budget [Eq. (1)] for the WIO simulations. Positive P E−  anomalies (Fig. 8a) exist over 

the Congo Basin, the EA analysis domain, and the western Indian Ocean. Evaporation 
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anomalies (not shown) are not influential to precipitation anomalies with magnitudes less 

than 1 mm/day. The magnitudes of A  anomalies (Fig. 8b) are generally under 1 mm/day, 

except for 2-3 mm/day near the Turkana Channel. The anomalies of the residual term (Fig. 

8c) show structures along the topography. The increased P E−  (Fig. 8a) extending from 

the Congo basin to the western Indian Ocean is not explained by A  (Fig. 8b) and R  

anomalies (Fig. 8c). 

Figure 8d shows the difference in moisture convergence term [Eq. (2)] between the 

WIO and CTL simulations, representing the convergence of wind perturbation in a moist 

environment, along with anomalous winds at 850 hPa. Winds at 850 hPa are characteristic 

to represent low levels (975-700 hPa; not shown). The anomaly of C  term most closely 

resembles P E−  anomaly (Fig. 8a). Anomalous wind convergence is found over 

equatorial Africa on the east of 20°E and the western Indian Ocean. The warm western 

Indian Ocean SSTAs strengthen the wind convergence in a moist environment over the 

western EA domain in the CTL (Fig. 4d) and weaken the wind divergence over the eastern 

EA domain (Fig. 4d). The anomalous 850-hPa winds (Fig. 8d) are mainly zonal from the 

Congo basin to the western EA domain while they are more meridional along the African 

coast.  

Figures 8e and f show zonal [Eq. (3)] and meridional [Eq. (4)] components of C  

anomaly, respectively, along with the same anomalous winds as Fig. 8d. Patterns of both 

components indicate complicated heterogeneity. Both the eastern and western parts of the 

EA domain show positive P E−  anomalies due to the warm western Indian Ocean SSTAs 
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(Fig. 8a), but they are controlled by different components of C anomaly. Specifically, 70% 

of anomalous P E−  (Fig. 8a)  over the western EA domain is supported by Cz (Fig. 8e). 

Over the eastern EA domain, 125% of the anomalous P E−  (Fig. 8a) is supported by 

Cm (Fig. 8f) but it is suppressed by R  term (Fig. 8c). The meridional winds from southern 

and northern hemispheres are convergent on the equator near the coast (Fig. 8f), associated 

with positive Cm  anomalies over the eastern EA domain. The westerlies from the Congo 

basin proceed to the northern and southern sides of Mt. Kenya, associated with negative 

Cm  anomalies over (30°-34°E, 1°S-5°N) (Fig. 8f). 

To understand the changes of low-level winds in large-scale circulation, Figure 9 

shows anomalous geopotential heights and winds at 850 hPa in the WIO ensemble. 

Geopotential height anomalies and wind anomalies show patterns similar to the response 

to steady thermal forcing on the equator from the shallow water equations (Gill 1980). The 

western Indian Ocean heating generates negative geopotential height anomalies in the 

tropical Indian Ocean between 10°N and 10°S and the western Indian Ocean, over which 

the geopotential height anomalies are not centered exactly on the equator but in the 

southern hemisphere. A possible explanation for this asymmetry is that land north of the 

equator (e.g., the Horn of Africa) extends to the east and the western Indian Ocean SSTAs 

(SSTA1 in Fig. 5c) spatially cover a greater area south of the equator, hence, the SST 

forcing is weighted more towards the southern hemisphere. Positive geopotential height 

anomalies (0-4 gpm) are found over India, southeastern Asia, and the southern Indian 

Ocean centered at (75°E, 14°S).  
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Anomalous zonal flow is confined near the equator (10°S-10°N), consistent with 

Gill (1980). Considering the generations of the Rossby and Kelvin waves in Gill (1980), 

the Kelvin wave to the east of the western Indian Ocean heating maximum (yellow dot) 

produces anomalous zonal flow into the heating close to the equator (Fig. 9) across the 

equatorial Indian Ocean. The equatorial zonal flow to the west of the heating are weaker 

than to the east, different from the classic Gill type responses (1980), possibly due to the 

influence of the highlands over East Africa and Ethiopia (up to 700 hPa). The anomalous 

westerlies/southwesterlies over the Turkana Channel (Fig. 9) are associated with the 

negative A  anomalies over the same region (Fig. 8b). Rossby wave response occurs to the 

west of western Indian Ocean heating. The presence of the Rossby mode is indicated by 

the cyclonic anomaly over (35°-55°E, 0°-15°S) and meridional wind perturbations over 

(40°-50°E, 0°-15°N), associated with the equatorward wind perturbations and the positive 

Cm anomalies over the coast (Fig. 8f). 

The classic Gill model (Gill 1980) assumes a quiescent basic state while the basic-

state flow is non-zero in our case. Considering the basic-state flows in the control 

simulations (Figs. 3c and f), the western Indian Ocean heating weakens the equatorial 

westerlies over the Indian Ocean and the southeasterlies over the Turkana Channel by 

producing zonal flows in the Kelvin wave response, and strengthens the equatorward flows 

over the African coast associated with the meridional perturbations in the Rossby wave.  

To connect precipitation responses in the CIO simulations to circulations, Figure 

10 shows the CIO minus CTL differences in P E− , C , Cz , and Cm  terms in the 

moisture budget. Vectors in Figs. 10d-f are anomalous winds at 850 hPa for the CIO 
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ensemble average. Unlike the WIO simulations, the anomalous P E−  in CIO simulations 

is inhomogeneous with positive P E−  anomaly over the western EA domain, and 

negative P E−  anomaly over the eastern EA domain and the western Indian Ocean. The 

magnitudes of P E−  over the continent (< 1 mm/day) in the CIO simulations are smaller 

than the WIO simulations (1-6 mm/day). The anomalous A  and R  terms (not shown) are 

not influential to the patterns of P E−  anomalies, similar to Figs. 8b and c. 

The pattern of the anomalous C  term (Fig. 10d) resembles P E−  anomalies 

(Fig. 10a), similar to WIO simulations, except for structures along the topography near 

35°E. The negative P E−  anomaly over the eastern EA domain and the ocean (Fig. 10a) 

is dominated by zonal wind divergence (Fig. 10c), associated with offshore wind 

anomalies. Positive Cm  anomalies (Fig. 10d) are found over Somalia, northern Kenya, 

and Tanzania, associated with meridional wind convergence, but the magnitudes of Cm  

anomalies are smaller than Cz  (Fig. 10c) by approximately 0.3 mm/day.  

Figure 11 shows differences in geopotential heights and winds at 850 hPa between 

the CIO and CTL simulations. Similar to the classic Gill model, anomalous westerlies near 

the equator (5°S-5°N) occur on the west of central Indian Ocean SSTAs and anomalous 

easterlies exist on the east of central Indian Ocean SSTAs in the presence of Kelvin wave. 

These anomalous equatorial zonal flows are associated with anomalous zonal wind 

convergence in a moist environment over the central Indian Ocean (not shown) and, 

therefore, the significantly-increased precipitation (Fig. 6b). The anomalous westerlies 

from the African continent to the central Indian Ocean heating are associated with a 
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strengthening of the offshore low-level flow over equatorial East Africa in the CTL (Fig. 

4c), associated with the negative Cz  anomalies near the coast (Fig. 10c). There are two 

cyclonic anomalies centered at (65°E, 15°S) and (65°E, 8°N) on the southwest and 

northwest of the central Indian Ocean SSTA maximum (yellow dot) in the presence of 

Rossby wave. Poleward wind anomalies over 75°- 85°E in both hemispheres are 

meridional perturbations of Rossby wave. The return flows of the Rossby wave response 

are the equatorward flows over the African coast, associated with the positive Cm  

anomalies over Somalia, northern Kenya, and Tanzania (Fig. 10d).  

Figure 12  shows the EIO minus CTL differences in P E− , C , Cz , and Cm  

terms in the moisture budget. Anomalous P E−  (Fig. 12a) increases by 0-1 mm/day over 

the EA domain, which is much less than in the WIO simulations. Again, the anomalous C 

term (Fig. 12b) resembles the  anomalous P E−  term (Fig. 12a) with changes in  Cz  

(Fig. 12c) mostly responsible for the positive anomalies while being slightly offset by Cm  

(Fig. 12d) as there is anomalous low-level easterly flow  from the Indian Ocean into the 

equatorial East Africa. That being said, the anomalous flow is weaker in magnitude for 

EIO compared to the WIO and CIO cases. 

Figure 13 shows 850-hPa geopotential height and wind anomalies for the EIO 

ensemble.  The anomalous low-level height response is asymmetric about the equator as 

the center of the SSTAs is located more off the equator (10°S) for EIO compared to the 

WIO and CIO cases. There is a Gill-like anomalous anticyclonic anomaly pattern to the 

west of eastern Indian Ocean SSTAs with the stronger height anomalies in the southern 

hemisphere. Along the equator, the anomalous flow is easterly, indicating a weakening of 
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the low-level equatorial westerly flow across the basin (Fig. 3c).  While the anomalous 

equatorial zonal flow is still easterly to the west of 55°E, it is much weaker than over the 

eastern half of the Indian Ocean basin as the SST forcing is much further away compared 

to the other cases.  

To compare changes in the instability of the atmosphere due to different SSTAs, 

Figure 14 displays anomalous MSE (black), pc T  (green), and Lq  (red) [Eq. (5)] 

averaged over the western (solid) and eastern EA domains (dashed) in the WIO, CIO, and 

EIO simulations. Note the gz component anomalies are minimal, and thus are not shown 

in Fig. 14. MSE in the CTL simulation average (not shown) decreases from surface to 600 

hPa over both western and eastern EA domains indicating the low-level atmosphere is 

unstable.  

For WIO (Fig. 14a), anomalous low-level MSE (black line) has a negative slope 

over both domains but at different levels. For example, increases in atmospheric instability 

over the western domain (black solid line) occur  between 925 and 700 hPa, but occur 

between 1000 and 850 hPa over the eastern EA domain (black dashed line). Clearly, the 

elevation differences between these two regions has a considerable impact (Fig. 1b). 

Changes in the vertical MSE profiles over both domains (black line) are primarily 

associated with changes in Lq  (red line). Low-level atmospheric moisture content is 

enhanced due to the warm western Indian Ocean SSTAs and thus leads to a destabilization 

of the low-level atmosphere.  



122 

 

For CIO (Fig. 14b), the vertical profile of anomalous MSE is neutral over the 

western EA domain (black solid line), but the atmosphere between 900 and 700 hPa is 

more stable over the eastern EA domain (black dashed line), consistent with the wetter 

west region and drier east region rainfall pattern in Fig. 6e. Anomalous MSE (black line) 

is dominated by changes in Lq  (red line) over both domains as the low-level moisture 

(surface to 800 hPa) increases over the western EA domain, and decreases over the eastern 

EA domain . 

For EIO (Figure 14c), changes in pc T  are approximately zero indicating minimal 

temperature changes over the two EA domains. The MSE profile is, therefore, supported 

by changes in Lq . Anomalous Lq  (red line) is positive from the surface to 400 hPa 

indicating enhanced atmospheric moisture. The eastern Indian Ocean SSTAs increase 

atmospheric moisture, but only generate a neutral vertical profile of MSE (black line), less 

influential than the western SSTAs (Fig. 14).  

Changes in vertical speeds over the EA domain and the Indian Ocean for the 

different simulations are also investigated. Results from this analysis (not shown) show 

that the warm western Indian Ocean SSTAs are associated with the strongest anomalous 

upward vertical motions over the EA domain, indicating a weakening of the subsidence 

near the EA coast. Central and eastern Indian Ocean SSTAs induce anomalous vertical 

motions over the ocean, but their influence on the EA subsidence is minor. 
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4.6. SUMMARY AND CONCLUSIONS  

The boreal fall short rains over equatorial East Africa (30°-40°E, 5°S-5°N) exhibit 

considerable interannual variability and regionality over the complex topography (Black et 

al. 2003; Hastenrath et al. 2011; Lyon 2014). Past studies (e.g., Behera et al. 2005; 

Ummenhofer 2009) associate this interannual variability with SST variations in the Indian 

Ocean. Here, we identify which regions of the Indian Ocean most strongly influence the 

boreal fall equatorial East African short rains on interannual timescales, and investigate the 

physical mechanisms responsible.  

Three “hot spot” regions are identified, located on or near the equator in the 

western, central, and eastern Indian Ocean. A regional climate model (WRF) with 30-km 

horizontal resolution is used to conduct 5 simulations in which 20-member ensembles 

represent a control climate and climates with idealized SSTAs. The control simulations use 

climatological (1998-2017) SSTs. In the idealized simulations, various Gaussian-shaped 

SSTAs derived from observed correlations between East African precipitation and Indian 

Ocean SSTs are imposed (Fig. 5c). One additional ensemble includes all three SSTAs to 

evaluate the potential for interference among the individually-forced responses. 

The results are summarized as follows: 

• The control simulations capture the observed patterns and seasonality of East 

African precipitation (Fig. 2) and circulation (Fig. 3) with reasonable accuracy, 

albeit with a wet bias over the Congo basin. The simulated processes that support 

regional rainfall as revealed by the atmospheric moisture budget also agree well 

with reanalyses. This analysis shows that the mechanisms that support precipitation 
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in the western and eastern parts of the equatorial East Africa analysis domain are 

fundamentally different due to the presence of complex topography (Fig. 4). The 

short rains over the western half of the domain are mainly supported by wind 

convergence in a moist environment, while orographic uplift plays a dominant role 

farther east. 

• Short rains over the analysis domain are positively correlated with western and 

central Indian Ocean SSTs, and negatively correlated with eastern Indian Ocean 

SSTs in observations from 1998-2017 (Fig. 5). The western and eastern Indian 

Ocean SSTAs are not significantly anti-correlated at the 90% confidence level, 

consistent with some past studies that also reveal an absence of the Indian Ocean 

Dipole as a coherent mode of variability (Nicholls and Drosdowsky 2001; 

Dommenget and Latif 2002; Zhao and Nigam, 2015; Wang et al. 2019). 

• SSTAs in the western Indian Ocean are shown to exert a stronger influence on the 

equatorial East African short rains than central and eastern SSTAs in terms of both 

the coverage of significantly-changed precipitation (Fig. 6) and the magnitude of 

the precipitation response (Fig. 7). Specifically, western Indian Ocean SSTAs 

produce significantly enhanced precipitation over 95% of the analysis domain, 

while only 30% of the region responds to central and eastern Indian Ocean SSTAs 

(Fig. 6). The maximum precipitation anomaly associated with western Indian 

Ocean SSTAs is about three times larger than the anomalies due to central and 

eastern SSTAs in the simulation (Fig. 7). The response of the precipitation field to 
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the three SSTAs together does not equal the sum of the responses to the SSTAs 

individually indicating the presence of nonlinearity (Fig. 7).  

• The atmospheric moisture budget analysis shows that the anomalous wind 

convergence closely resembles the precipitation anomaly in all cases (Figs. 8, 10, 

and 12). The patterns of geopotential heights and winds anomalies caused by 

positive western and central Indian Ocean SSTAs are similar to the Gill-type 

response (1982) to steady heating on the equator (Figs. 9 and 11), while the 

simulations with negative eastern Indian Ocean SSTAs are similar to the off-

equator cooling case (Fig. 13). The main differences between the classic Gill 

response (1980) and our cases are due to the presence of complex topography 

(especially in the simulations with western Indian Ocean SSTAs) and background 

flows. 

• The increased precipitation over the western domain due to western Indian Ocean 

SSTAs is mainly supported by zonal wind convergence anomalies, associated with 

anomalous westerlies from the Congo basin in the Kelvin wave response. The 

meridional wind convergence anomaly contributes to increased precipitation over 

the eastern domain most strongly, in association with the meridional perturbations 

of the Rossby wave (Fig. 8). 

• The vertical profiles of anomalous MSE are dominated by the moisture component 

in all three cases (Fig. 14). The increases in low-level moisture that accompany 

western Indian Ocean warming destabilize the low-level atmosphere over 

equatorial East Africa. SSTAs in the central and eastern Indian Ocean also modify 
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the region’s atmospheric moisture, but they are less influential than western Indian 

Ocean  SSTAs in changing atmospheric instability. 

This study shows that western Indian Ocean SSTAs are much more influential for 

perturbing the equatorial East African short rains on interannual time scales than SSTAs 

elsewhere in the Indian Ocean. In particular, we find no evidence of connections between 

an Indian Ocean dipole mode and equatorial East African rainfall. The mechanisms of the 

forcing from the western Indian Ocean are related to the shallow-water Gill model (1980), 

but in the presence of complicated topography and nonzero background flows. East African 

rainfall, including its supporting mechanisms, is highly regional, encouraging caution 

when choosing averaging regions in future studies of precipitation variability on all time 

scales. 
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Table 4.1. Ensemble descriptions  

Ensemble name  SSTs used in ensembles  

Control (CTL) Climatological SSTs  

Western Indian Ocean (WIO) Climatological SSTs + SSTA1  

Central Indian Ocean (CIO) Climatological SSTs + SSTA2 

Eastern Indian Ocean (EIO) Climatological SSTs + SSTA3 

Warm-cold Indian Ocean (ALL) Climatological SSTs + SSTA1 + SSTA2 + SSTA3 
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Figure 4.1. (a) Control simulation domain and SST (K) distribution. (b) Elevation (m) as 

resolved in the 30-km simulation. Thin black lines indicate country outlines.  
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Figure 4.2. Climatological (1998-2017) precipitation averaged over October 1- 

December 15 from (a) PERSIANN, (b) TRMM, and (c) the control 

ensemble. Black box denotes the EA analysis domain. Thin black lines 

indicate country outlines. (d) Daily precipitation smoothed using an 11-day 

running mean averaged over the EA domain in PERSIANN (black), TRMM 

(green), and the control ensemble (red). Units: mm/day. 
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Figure 4.3. 850-hPa wind (vectors; m s-1) and specific humidity (shaded; g kg-1) 

averaged over October 1- December 15 in (a) ERAI, (b) JRA-55, and (c) the 

control ensemble. Cross sections of the zonal wind (m s-1) along the equator 

averaged over October 1- December 15 in (d) ERAI, (e) JRA-55, and (f) the 

control ensemble. Black dashed lines locate the EA analysis domain. 

Topography is masked out.                                   
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Figure 4.4. (a) Precipitation minus evapotranspiration, (b) moisture advection term, (c) 

residual term, (d) moisture convergence term, (e) zonal moisture 

convergences term, and (f) meridional moisture convergence term in the 

moisture budget [Eq. (1)] averaged over October 1 to December 15 in the 

control climatology. Unit: mm/day. The purple contour indicates 1200-m 

elevation, and the black box denotes the EA analysis domain. The black 

contours show country outlines. (g) - (m) are the same as (a) - (f), 

respectively, but using ERAI. 
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Figure 4.5. Correlations of TRMM rainfall averaged over the EA domain with (a) ERAI 

SSTs and (b) NOAA OI SSTs for the October 1 to December 15 

climatology. Only correlations with confidence levels higher than 90% in a 

two-tailed Student’s t-test are shaded. Black dots are the locations of 

maxima of the SSTAs in Figure 5c. Black boxes are averaging regions for 

western, central, and eastern Indian Ocean SSTAs. (c) SSTAs (K) in the 

perturbation simulations. 
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Figure 4.6. Anomalous precipitation (mm/day) for the (a) WIO, (b) CIO, and (c) EIO 

simulations for October 1- December 15 climatology. Only areas at or above 

the 90% confidence level are shaded. (d), (e), and (f) are the same as (a), (b), 

and (c), respectively, but near and in the analysis domain. The black 

contours show country outlines. Black boxes denote the EA analysis 

domain. The percentages of the grid boxes in the EA analysis domain that 

are associated with significantly-changed precipitation is indicated in the 

upper left of each panel. 
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Figure 4.7. (a) 11-day running mean of precipitation averaged over the western domain 

(30°-35°E, 5°S-5°N) in CTL (black), WIO (dark blue), CIO (light blue), 

EIO (pink), ALL (red), and the linear superposition of the WIO, CIO, and 

EIO ensembles (green). (b) Same as (a) but averaged over the eastern 

domain (35°-40°E, 5°S-5°N). Unit: mm/day. 
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Figure 4.8. Anomalous (a) precipitation minus evapotranspiration, (b) moisture 

advection term, (c) residual term, (d) moisture convergence term, (e) zonal 

moisture convergences term, and (f) meridional moisture convergence term 

in the moisture budget [Eq. (1)] for the WIO ensemble climatology. Unit: 

mm/day. Vectors in (d)-(f) are anomalous winds (m s-1) at 850 hPa for the 

WIO ensemble climatology. Topography is masked out. Black boxes denote 

the full EA analysis domain. Green lines are the boundaries between 

western and eastern EA analysis domain.   
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Figure 4.9. Anomalous geopotential heights (shaded; gpm) and winds (vectors; m s-1) at 

850 hPa in the WIO ensemble for October 1- December 15 climatology. The 

yellow dot shows the location of the maximum of SSTAs in the WIO 

simulations. Topography is masked out. 
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Figure 4.10. Anomalous (a) precipitation minus evapotranspiration, (b) moisture 

convergence term, (c) zonal moisture convergences term, and (d) meridional 

moisture convergence term in the moisture budget [Eq. (1)] for the CIO 

ensemble climatology. Unit: mm/day. Vectors in (d)-(f) are anomalous 

winds (m s-1) at 850 hPa for the CIO ensemble climatology. Topography is 

masked out. Black boxes denote the full EA analysis domain. Green lines 

are the boundaries between western and eastern EA analysis domain. 
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Figure 4.11. Anomalous geopotential heights (shaded; gpm) and winds (vectors; m s-1) at 

850 hPa averaged over October 1 – December 15 in the CIO ensemble. The 

yellow dot shows the location of the maximum of SSTAs in the CIO 

simulations. Topography is masked out. 
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Figure 4.12. Anomalous (a) precipitation term minus evapotranspiration term, (b) 

moisture convergence term, (c) zonal moisture convergences term, and (d) 

meridional moisture convergence term in the moisture budget [Eq. (1)] for 

the EIO ensemble climatology. Unit: mm/day. Vectors in (b)-(d) are 

anomalous winds (m s-1) at 850 hPa for the EIO ensemble climatology. 

Topography is masked out. Black boxes denote the full EA analysis domain. 

Green lines are the boundaries between western and eastern EA analysis 

domain. 
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Figure 4.13. Anomalous geopotential heights (shaded; gpm) and winds (vectors; m s-1) at 

850 hPa in the EIO ensemble. The yellow dot shows the location of the 

minimum of SSTAs in the EIO simulations. Topography is masked out. 
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Figure 4.14. Anomalous MSE (black), cpT (green), and Lq (red) in (a) WIO, (b) CIO, 

and (c) EIO simulations averaged over western EA domain (30°-35°E, 5°S-

5°N) (solid) and eastern EA domain (35°-40°E, 5°S-5°N) (dashed) averaged 

over October 1 – December 15. Topography is masked out. Unit: 103 m2 s-1. 

 

 

 

 

 

 

 

 

 



142 

 

Chapter 5: General Conclusions 

5.1 CONCLUSIONS  

This dissertation focuses on understanding African precipitation variability using 

observational data and regional climate model simulations. Three major chapters are 

included: (1) The Role of Mesoscale Convective Systems in the Diurnal Cycle of Rainfall 

and its Seasonality over Sub-Saharan Northern Africa; (2) Role of the West African 

Westerly Jet in the Seasonal and Diurnal Cycles of Precipitation over West Africa; and (3) 

Influence of Indian Ocean SSTs on the East African Short Rains. The main conclusions 

are summarized as follows. 

In the first part (Chapter 2), we evaluate the role of mesoscale convective systems 

(MCSs) in the total rainfall distribution as a function of season from a climatological 

perspective over sub-Saharan northern Africa and examine how the diurnal cycle of rainfall 

changes with season. The percentage of precipitation delivered by MCSs varies 

meridionally from 0-80% over sub-Saharan northern Africa in the spring, fall and winter, 

while the percentages are homogenous in summer (>80%).  Diurnal cycles of MCS-related 

precipitation are coincident with the diurnal cycles of full rainfall in all four seasons. The 

diurnal cycles can be classified into three categories: single afternoon peak, continuous 

afternoon peak, and nocturnal peak. The diurnal cycle types vary seasonally. Diurnal cycles 

with single afternoon peaks are most common in spring and fall, and continuous afternoon 

peaks are more common than single afternoon peaks in summer. The continuous afternoon 

peak combines rainfall from two system types – one locally-generated and one propagating. 

The seasonality of the diurnal cycle is related to the seasonality of MCS lifetimes, 
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propagation speeds and directions. The moisture component of the moist static energy 

profile contributes to the instability most in summer when convection is more frequent. 

Low-level temperature, which is related to surface warming and sensible heat fluxes, 

influences the instability more during winter and spring. 

In the second part (Chapter 3), we examine the relationship between the West 

African Westerly Jet (WAWJ) and West African precipitation on seasonal and diurnal 

timescales. The WAWJ and the West African monsoon (WAM) have different diurnal 

cycles. Diurnal variations of the WAWJ are associated with diurnal variations of low-level 

geopotential height gradients related to the continental thermal low and its westward, 

offshore extension.  

The WAWJ wind speed and West African rainfall are significantly correlated 

(>95% confidence level) on synoptic and monthly time scales. The zonal WAWJ is 

stronger and deeper than both the zonal and meridional components of the WAM flow 

during a 2-month period (July 16 – September 16). The zonal moisture flux associated with 

the WAWJ is stronger than that associated with the southerly WAM from July 5 to August 

20 (45 days) indicating that the WAWJ is the primary moisture source of the inland analysis 

region (0°-10°W, 8°-18°N) during this period. In the inland analysis region and a coastal 

analysis region (8°-17°W, 6°-11°N), seasonal variations of the WAWJ and the associated 

zonal moisture convergence are synchronous with the evolution of rainfall. In strong 

WAWJ months, the offshore low over the eastern North Atlantic Ocean and the continental 

thermal low trough are deeper. Enhanced (reduced) rainfall is associated with a strong 

(weak) WAWJ over the ocean and West Africa north of ~8°N. In strong (weak) WAWJ 
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months, the southerly WAM does not strengthen (weaken) at the same time as the WAWJ 

intensifies (weakens) indicating that the WAWJ and the WAM are not coupled on monthly 

timescales. 

In the third part (Chapter 4), we identify which regions of the Indian Ocean most 

strongly influence the equatorial East African (30°-40°E, 5°S-5°N) short rains in the boreal 

fall on interannual timescales, and investigate the physical mechanisms responsible. Three 

“hot spot” regions are identified, located on or near the equator in the western, central, and 

eastern Indian Ocean. Short rains over the analysis domain are positively correlated with 

western and central Indian Ocean SSTs, and negatively correlated with eastern Indian 

Ocean SSTs in observations from 1998-2017.  

A regional climate model (WRF) with 30-km horizontal resolution is used to 

conduct 5 simulations in which 20-member ensembles represent a control climate and 

climates with idealized SSTAs. The control simulations capture the observed patterns and 

seasonality of East African precipitation and circulation with reasonable accuracy, albeit 

with a wet bias over the Congo basin. The atmospheric moisture budget analysis shows 

that the mechanisms that support precipitation in the western and eastern parts of the 

equatorial East Africa analysis domain are fundamentally different due to the presence of 

complex topography.  

SSTAs in the western Indian Ocean are shown to exert a stronger influence on the 

equatorial East African short rains than central and eastern SSTAs in terms of both the 

coverage of significantly-changed precipitation and the magnitude of the precipitation 

response. The atmospheric moisture budget analysis shows that the anomalous wind 
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convergence closely resembles the precipitation anomaly in all cases. The mechanisms of 

the forcing from the western Indian Ocean are related to the shallow-water Gill model 

(1980), but in the presence of complicated topography and nonzero background flows. The 

increased precipitation over the western domain due to western Indian Ocean SSTAs is 

mainly supported by zonal wind convergence anomalies, associated with anomalous 

westerlies from the Congo basin in the Kelvin wave response. The meridional wind 

convergence anomaly contributes to increased precipitation over the eastern domain most 

strongly, in association with the meridional perturbations of the Rossby wave. 

5.2 FUTURE WORKS  

For the study of MCSs and the diurnal cycle of precipitation in Chapter 2, future 

works are needed to understand the environmental conditions influencing the MCSs using 

observational datasets and numerical model outputs at high resolutions. The recent 

availability of satellite-derived observational products (e.g., NASA GPM) and atmospheric 

reanalyses (e.g., ERA5) enables us to improve our fundamental understanding of storm 

development over West Africa. Further work will select extreme precipitation events over 

the Sahel using high-resolution observational precipitation datasets. Simulations of the 

selected events will be conducted in the convection-permitting model. Atmospheric 

conditions supporting the extreme storms will be analyzed. 

For the study of the WAWJ in Chapter 3, future studies should improve our 

understanding of the influence of the WAWJ on the seasonal evolution of the wind shear 

in the Sahel and the precipitable water related to Sahelian mesoscale convective systems. 
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In addition, the 6-hourly reanalyses used in Chapter 3 cannot capture the diurnal cycle of 

the WAWJ in detail and introduce numerical errors in the momentum budget on the diurnal 

timescale. Observational datasets and model simulations at high temporal resolutiona are 

needed to fully understand the diurnal cycle of the WAWJ.  

For the study of Indian Ocean SSTs and East African short rains in Chapter 4, future 

work could involve idealized simulations with cold SSTAs over the western and central 

Indian Ocean and/or warm SSTAs over the eastern Indian Ocean. According to the 

Clausius–Clapeyron relation, the saturation vapor pressure is less sensitive to cold SSTAs 

than to warm SSTAs. The differences between warm cases and cold cases are essential to 

improve our understanding of Indian Ocean SSTs and East African precipitation. 

Furthermore, the convection-permitting model could be used considering its improvement 

in simulating precipitation realistically over the Congo basin.  
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