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Abstract 

 

Constraining Mantle Heterogeneity and Mantle Flow 

Using Seismic and Geodynamic Data 

 

Chang Lu, Ph.D. 

The University of Texas at Austin, 2018 

 

Supervisor:  Stephen Grand 

 

In this dissertation, I have developed new 3-D models of mantle heterogeneity using 

seismic and geodynamic data to better understand the thermo-chemical composition of the 

mantle and its dynamics. First, the effect of subducting slabs in global shear wave 

tomography has been evaluated. By performing a synthetic test, I showed that the existence 

of subducting slabs could lead to serious earthquake mislocation problems. The 

mislocation biased travel time residuals, affected the recovery of subducting slabs in 

tomography, and also introduced significant artifacts into lower mantle structure. The bias 

was reduced if the tomography inversion used a starting model with 3-D slabs and velocity 

and source location were simultaneously modeled. I next developed a new tomography 

model by jointly inverting P and S wave seismic data. In this inversion, a 3-D thermal 

model of subducting slabs was used as the starting model. The new P and S models featured 

higher amplitude subducting slabs compared to previous global tomography results. The S 

to P heterogeneity ratio based on the new tomography model indicates the existence of 

chemical heterogeneities in the lower mantle although less than some previous studies have 

found.  



 vii 

To better constrain the thermo-chemical structure, and dynamics of Earth’s mantle, 

I performed joint inversions using seismic and geodynamic data simultaneously. The 

geodynamic observations include free-air gravity, tectonic plate motions, dynamic surface 

topography, and excess ellipticity of the core-mantle boundary. These geodynamic 

observations can be related to density perturbations in the mantle assuming a known mantle 

viscosity model. Five different viscosity models were tested in the joint inversion. In all of 

these inversions, a non-thermal origin of density anomalies is required to explain the 

geodynamic data, though the amount of non-thermal heterogeneities varies between 

models. Using derived density models and their corresponding viscosity profiles, current 

mantle convective flow fields were also predicted. Flow fields derived using different 

viscosity models are similar in general. However, using density models derived from joint 

inversions compared to scaled seismic velocity models lead to significant differences in 

predicted mantle flow. 
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Chapter 1:  Introduction 

Seismic waves that travel through the Earth provide the most direct information 

available on the physical properties of the interior of our planet. Seismic tomography, 

which uses seismic waves to map 3-D spatial seismic velocities in the deep earth, has been 

widely used in the past more than three decades. Dziewonski et al. (1977) used P wave 

travel times and a ray theoretical method to produce the first global 3-D global tomography 

model. Since then, many different techniques and datasets have been used for seismic 

tomography mapping both compressional and shear velocities (e.g. Grand 2002; Montelli 

et al. 2004; Tromp et al. 2005; Panning and Romanowicz 2006; Amaru 2007; Kustowski 

et al. 2008; Li et al. 2008; Ritsema et al. 2011; Simmons et al. 2012; Obayashi et al. 2013; 

Moulik and Ekström 2016).  

Recent global compressional wave (P) and shear wave (S) tomography image 

similar large-scale structures (e.g. Becker and Boschi 2002; Hosseini et al. 2018). In the 

shallow mantle, old cratons have higher P and S velocities than “normal mantle” to depths 

of about 200 km (e.g. Ritsema et al. 2011; Simmons et al. 2012). In the lower mantle, two 

semi-contiguous elongated high velocity anomalies are found beneath the Americas and 

southern Asia, respectively (e.g. Grand 2002; Li et al. 2008). These fast velocity anomalies 

are thought to be associated with the subduction of ancient Farallon and Tethyan slabs. In 

the deepest lower mantle, the dominant structures are two large slow velocity anomalies 

(LLSVPs) (e.g. Garnero and McNamara 2008; Garnero et al. 2016). They are located 

beneath the central Pacific Ocean and Africa, and are almost antipodal in position.  

Although global seismic tomography results show similar features, they are still 

different in detail. Figure 1.1 shows a representative comparison of four recent S wave 
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tomography models at 1100 km depth (Ritsema et al. 2011; French and Romanowicz 2014; 

Moulik and Ekström 2014; Lu and Grand 2016). The models have large scale common 

features but vary in details. The differences between models make it difficult to interpret 

the tomography results and understand the nature of these heterogeneities. For example, 

several studies calculate the ratio of S wave and P wave velocity anomalies from 

tomography results, as a diagnostic of chemical variations in the mantle (e.g. Su and 

Dziewonski 1997; Masters et al. 2000; Antolik et al. 2003; Della Mora et al. 2011; 

Koelemeijer et al. 2016; Tesoniero et al. 2016). However, the derived S to P ratios vary by  

 

 

Figure 1.1: Comparison of four recent shear wave tomography models at 1100 km 

depth, including TX2015 (Lu and Grand 2016), S40RTS (Ritsema et al. 

2011), SEMUCB_WM1 (French and Romanowicz 2014), and S362ANI+M 

(Moulik and Ekström 2014). The dash and solid black boxes highlight the 

large scale common slow and fast anomalies, respectively. The amplitudes 

and shapes of anomalies vary significantly even inside boxes. 
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up to a factor of 2 among these studies; therefore it is still challenging to make reliable 

conclusions about the physical and chemical nature of the mantle.  

Even with a well resolved tomography model, it is still difficult to determine the 

thermo-chemical nature of the mantle and thus the dynamics of mantle flow.  For 

example, using highly similar tomography models, some studies find the LLSVPs can be 

explained by temperature variations (Davies et al. 2015a) while others find the LLSVP’s 

must have a different chemical composition compared to surrounding mantle (Mosca et al. 

2012).  

In this thesis, I focus on developing a new seismic tomography model and 

investigate the implications of the model for the thermo-chemical structure and dynamics 

of the Earth’s mantle. In Chapter 2, I perform a synthetic study to determine the effect of 

subducting slabs in global shear wave tomography. Subducting slabs are believed to 

dominate the material convective circulation in the bulk of the mantle (Kellogg et al. 1999; 

Billen 2008). It is widely accepted that short-wavelength subducting slabs are relatively 

cold and thus have high velocity compared to surrounding mantle. In global shear wave 

tomography, it is challenging to map these short-wavelength structures due to a lack of 

resolution. In most global S wave tomography models, only long-wavelength anomalies 

can be seen in subduction regions (e.g. Grand 2002; Panning and Romanowicz 2006; 

Kustowski et al. 2008; Ritsema et al. 2011; French and Romanowicz 2014; Moulik and 

Ekström 2016), and some of them even show slow velocity anomalies in some subduction 

zones at particular depths. If one uses these models to investigate mantle dynamics, the 

lack of realistic slabs in the model could lead to misleading results. Furthermore, the 

existence of sharp dipping slabs can lead to significant mislocation of earthquakes used as 

sources for tomography (Sleep 1973; Creager and Jordan 1984; Ding and Grand 1994). 



 

 

4 

These mislocations can bias travel time residuals and further affect tomography results 

even far from subduction zones. In Chapter 2, I performed a synthetic test to evaluate the 

effect of subducting slabs on tomography models, and propose a method to reduce the bias 

and improve the tomography results.  

P wave tomography has provided better resolved images of upper mantle slabs. 

However, the available P wave global tomography models still can’t reach agreement on 

the amplitude of velocity contrast or even geometry of the subducting slabs (e.g. Amaru 

2007; Li et al. 2008; Simmons et al. 2012; Fukao and Obayashi 2013). Other modeling 

results, including regional tomography (e.g. Zhao et al. 2017; Tao et al. 2018), seismic 

waveform modeling (e.g. Chen et al. 2007; Wang et al. 2014; Zhan et al. 2014), as well as 

theoretical thermal models of subducting slabs (e.g. Syracuse et al. 2010; Kawakatsu and 

Yoshioka 2011; van Keken et al. 2011), all suggest stronger velocity anomalies inside the 

slabs than is seen in global tomography. In Chapter 3, I followed the method proposed in 

Chapter 2 and performed a new P and S joint tomography inversion. A new S to P ratio 

profile was derived and analyzed based on the new tomography model.   

In order to better constrain mantle thermal and chemical structure, I present results 

from simultaneous inversions of seismic data and several flow-related geodynamic 

observations in Chapter 4. Besides seismic velocity information, density structure can 

provide another view of mantle heterogeneity. A slow velocity anomaly, for example, can 

be interpreted as the result of increasing temperature or iron enrichment, but these two 

possibilities will have the opposite effects on density. Thus, constraining density 

perturbations can help to discriminate thermal and chemical anomalies. However, it is 

difficult to use seismic data alone to determine density structure (e.g. Kuo and Romanowicz 

2002). The geodynamic data, such as Earth’s gravity field, topography, and plate motions, 
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provide another opportunity to constrain mantle density perturbations since a linear 

relationship between them can be determined assuming a known mantle viscosity profile 

(Hager 1984; Forte and Peltier 1989; Ricard et al. 1989). Simmons et al. (2009; 2010) 

proposed a joint inversion method, which inverts seismic, geodynamic, and mineral 

physics data simultaneously. Joint inversion can decouple thermal and chemical 

contributions to mantle heterogeneities and provide 3D variations in density. One 

limitation of most previous joint inversion results was that a single viscosity profile was 

used. Mantle viscosity, however, is not well constrained (e.g. Panasyuk and Hager 2000; 

Behn et al. 2004; Mitrovica and Forte 2004; Steinberger and Calderwood 2006; Forte et al. 

2010; Rudolph et al. 2015). In Chapter 4, I performed a series of seismic, geodynamic, and 

mineral physics joint inversions using different viscosity profiles to constrain thermal and 

chemical heterogeneities in the deep earth. The effect of viscosities on joint inversion 

results was investigated.  

Given a density model, as well as a viscosity profile, the instantaneous mantle flow 

can be calculated. Mantle flow simulations can be related to other geophysical observations 

(e.g. Becker et al. 2003; Conrad et al. 2007), or used to better understand anomalous surface 

features of the Earth (e.g. Bunge et al. 2003; Liu et al. 2008; Conrad and Behn 2010; 

Shephard et al. 2012; Liu 2015; Rowley et al. 2016; Glišović and Forte 2017). However, 

reported mantle flow models still differ considerably. The discrepancies among mantle 

flow models are due to different density models or viscosity profiles or both. In the second 

part of Chapter 4, I derived mantle flow fields using the density models derived from our 

joint inversions as well as their corresponding viscosity profiles. The effect of viscosity 

structure on mantle flow simulations is evaluated. 

 



1This chapter has been published as: Lu, C. & Grand, S.P., 2016. The effect of subducting slabs in global 

shear wave tomography, Geophysical Journal International, 205, 1074-1085. C. Lu conducted the 

experiment and wrote the original manuscript. 
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Chapter 2: The Effect of Subducting Slabs in                  

Global Shear Wave Tomography1 

2.1 INTRODUCTION 

Subduction of oceanic lithosphere is widely believed to dominate the material 

convective circulation in the bulk of the mantle (Kellogg et al. 1999; Billen 2008). 

Therefore, geophysical investigation of subduction zones is critical to understanding the 

dynamics of Earth’s mantle. Subducting slabs are relatively cold and thus have high 

seismic velocities compared to the ambient mantle (e.g. Zhao 2009; Obayashi et al. 2013). 

In fact, in terms of seismic velocity and temperature, it is likely that subduction zones are 

the most heterogeneous regions in Earth, at least in the upper mantle. Shear wave global 

tomography has been widely used to identify and constrain deep earth velocity anomalies 

(e.g. Grand 2002; Panning and Romanowicz 2006; Kustowski et al. 2008; Simmons et al. 

2009; Ritsema et al. 2011; French and Romanowicz 2014; Moulik and Ekström 2014). 

However, the ability of global tomography to image subducting slabs is limited since 

tomography usually lacks the resolution to image length scales near 100 km, roughly the 

expected thickness of a subducting slab. In addition, detailed comparisons of observed 

shear waveforms and synthetic waveforms based on global tomography models in 

subduction regions have shown large misfits (Wang et al. 2014). P wave models do better 

imaging upper mantle slabs but as discussed in Zhan et al. (2014), it is unclear if the 

amplitudes of seismic anomalies within the slab are correctly imaged. The disagreement 

between global tomography models and other seismic modeling results as well as 

theoretical thermal models of slabs (Lay 1994; Chen et al. 2007; Syracuse et al. 2010;
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Kawakatsu and Yoshioka 2011; Zhan et al. 2014), presents a problem for the use of 

tomography models as constraints for geodynamic simulations of mantle convection. 

The incorrect imaging of subducting slabs also poses potential problems for global 

tomography models far from subduction zones. This is because a large fraction of the 

earthquake sources used in tomography occur within slabs. Sleep (1973), Creager and 

Jordan (1984) and Ding and Grand (1994) have shown that for earthquakes occurring 

within subducting slabs, the existence of sharp dipping fast velocity anomalies can cause 

significant mislocation of the sources which can affect tomography results far from the 

subduction zone. This effect is rarely considered carefully in most global tomography 

studies. Attempts to solve this problem include relocating source parameters iteratively 

during inversion, (e.g. Grand 2002; Panning and Romanowicz 2006), or inverting for 

source parameters and the earth model simultaneously (Pavlis and Booker 1980; Spencer 

and Gubbins 1980; Zhao et al. 1994; Masters et al. 2000). In some cases source locations 

are just taken as given. Valentine and Woodhouse (2010) investigated the mislocation 

problem by conducting a synthetic test based on a rough earth model and suggested a joint 

inversion method works best. However, the systematic evaluation of the effect of 

subducting slabs in the upper mantle on global shear wave tomography images is still 

lacking. 

In this study, we first build a global synthetic shear wave seismic travel time dataset 

using a theoretical slab model based on predicted thermal anomalies within slabs. The data 

use the same earthquakes and stations we have used in the past for global tomography 

(Simmons et al. 2009). Using the spectral element method (SEM) (Komatitsch and Tromp 

2002a; 2002b) we calculated the travel time anomalies produced by the 3D slab model. We 

then performed inversion tests to investigate the effect of mislocation caused by subducting 
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slabs in shear wave global tomography. By applying two relocation methods to recover the 

mislocation caused by subducting slabs, we test the ability of these methods to resolve 

mislocation problems as well as slab structure. We also examine the artifacts produced in 

the deep mantle created by short wavelength slab anomalies. 

2.2 FORWARD MODELING 

The starting model for our synthetic tests is a theoretical global 3-D thermal model 

of subducting slabs derived by Stadler et al. (2010). The slab locations are determined by 

seismicity and the thermal structure is determined by the age of the subducting plate at the 

time of subduction as well as the convergence rate. The model is conservative in that it 

does not include deep slabs in subduction zones which are not seismically active such as 

the Aleutian Islands below about 200 km depth. We compared the model to model Slab 1.0 

(Hayes et al. 2012) and found the geometries of the two models to be essentially the same. 

The model also does not take into account thermal diffusion thus the deep slabs are likely 

narrower than in the Earth. Our shear wave data have wavelengths greater than 60 km so a 

slightly smoother slab anomaly is unlikely to change the pattern of travel time delays 

compared to a sharper slab. 

Assuming a “pyrolite” mineral assemblage (Stixrude and Lithgow-Bertelloni 

2012), the partial derivatives of seismic velocity and density of mantle material with 

respect to temperature perturbations can be calculated using high pressure-high 

temperature mineral physics thermal-elastic results (Appendix B). We used the third-order 

Eulerian finite-strain equation (Birch 1978) and the third-order Birth-Murnaghan Equation 

of States (EoS) (Birch 1978) to calculate the density (ρ), adiabatic bulk modulus (KS), and 

shear moduli (G) at each depth (Lu et al. 2013) along a recently published normal 
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continental geotherm (Katsura et al. 2010). We also calculated density and elastic constants 

at a number of temperatures colder than the geotherm ignoring the temperature effect on 

the equilibrium phase assemblage. Then we built a table of temperature versus velocity and 

density perturbations at each pressure. For each pressure-temperature (P-T) point given in 

the starting thermal model, a table lookup of the best match of pre-computed P-T points 

combined with linear interpolation between them were performed. Following this 

procedure, we converted the 3D thermal model of Stadler et al. (2010) to a 3D perturbation 

model of P and S velocity as well as density (Figure 2.1). The conversion of temperature 

to seismic properties contains uncertainties due to uncertainties in mineral physics 

measurements, as well as different extrapolation methods leading to slightly different 

results (Cottaar et al. 2014). Also, we assumed a homogeneous pyrolite mantle mineral 

assemblage model in our modeling procedure, which is over simplified given that 

subducting slabs contain a crust and depleted mantle (Ringwood 1982; Ringwood and 

Irifune 1988). Uncertainties in the temperature model will also produce errors. However, 

our derived slab model for shear velocity is consistent with regional detailed studies of 

slabs. In the Japanese subduction zone, our model has an average ~6% S wave anomaly 

inside the slab in the upper mantle and a ~5% anomaly in the transition zone, which 

matches well with waveform modeling results by Chen et al. (2007). In addition, our 

derived model has a peak S wave velocity anomaly of about 9% at about 350 km depth, 

which is only slightly smaller than the slab models studied by Vidale (1987) and Gaherty 

et al. (1991). So the model is likely correct to first order. Errors of 10% or so will not 

change the conclusions of this work although numerical results would have to be linearly 

modified assuming the errors are uniform across subduction zones. 

 



 

 

10 

 

 

 

Figure 2.1: (a) Representative horizontal slice of our derived S wave velocity slab 

model at 389 km depth. Two solid green lines indicate the locations of two 

vertical cross-sections shown in (b). The blue diamond is the epicenter of 

the example earthquake used in Figure 2.2, while two blue circles show the 

locations of two stations used in that figure. (b) Two vertical cross-sections 

of the derived slab model across an old subducting slab (Bonin arc, 28°N, 

136°E to 28°N, 144.7°E) and a young subducting slab (Peru slab, 15.2°S, 

74°W to 15.2°S, 66.04°E). The distance between starting and ending points 

of two cross-sections are the same. 
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To study the effect of slabs in tomography we use an extended version of our 

seismic data set used in our previous global tomography studies (Simmons et al. 2009). 

The data contains ~70,000 global S, ScS, SKS, SKKS phase travel times, as well as their 

up-going wave equivalents, and their surface bounce equivalents from 540 earthquakes. 

We also use upper mantle triplicated wave times as discussed in Grand (1994). 

Due to its high accuracy and efficiency, the Spectral Element Method (SEM) 

(Komatitsch and Tromp 2002a; 2002b) has proven to be well suited for 3-D wave 

propagation simulations. In this study, we used the open-source implementation 

‘SPECFEM3D_GLOBE’ (https://geodynamics. org/cig/software/specfem3d_globe/), to 

investigate the effect of subducting slabs on S wave travel times. We computed SEM 

synthetics for all events in our data set to all stations for the 1D starting model used in our 

past tomography studies (Grand 1994). Simulations were also run for a second model that 

included slabs embedded in the starting 1D model. All SEM simulations were run on the 

Lonestar Computer at the Texas Advanced Computing Center (TACC). In our SEM 

simulations, the mantle was divided into 6 chunks, and each chunk was divided into 12×12 

slices. Each slice used one CPU with a total of 864 CPUs. The calculations are accurate to 

periods of about 12 second. The synthetic seismograms were filtered using a 12 s to 100 s 

band pass filter similar to the passband used in the real data measurements (Simmons et al. 

2009). A cross-correlation based strategy was employed to analyze the travel time 

differences between the two simulations for all phases in the actual travel time data. The 

seismograms were first cropped to 40 seconds long segments around the desired phase 

according to the 1D theoretical travel time prediction, and then the travel time difference 

was calculated between the slab model and the reference 1D model by using cross-

correlation between each seismogram pair (Figure 2.2). All the cross-correlations were 
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visually checked and manually corrected when necessary before further use because of the 

existence of complex waveforms such as slab distorted waves as well as triplications. The 

final “slab” data set consists of residuals predicted for a model where the only lateral 

heterogeneity in the model is due to subducting slabs. Deep earthquakes have been 

manually moved to the center of nearby subducting slabs before simulation in order to 

reduce the error caused by the uncertainties in the slab model and earthquake locations.  

Also, preliminary tests show that nearby shallow earthquakes that are far from 

subduction regions produced similar travel time residuals (less than 0.1s difference), thus 

we were able to use single simulations for clustered events far from subduction zones. This 

saved ~50% computation time in our simulations. 

2.3 INVERSION AND DISCUSSION 

2.3.1 Inversion and parameter characterization  

If ∆mS is the shear wave slowness perturbation, the standard linearized seismic 

tomography problem can be written as 

 

[
GS

λD
] ∆mS = [

rS

0
]                                                      (2.1) 

where GS is the shear wave sensitivity kernel matrix and rS are the corresponding travel 

time residuals caused by velocity anomalies. The matrix D is a smoothing filter, and λ is 

the weight of smoothing. In this study, the whole mantle was divided into 99,146 blocks 

as in (Grand 1994). In lateral dimension, the blocks were about 275×275 km in 22 

horizontal layers which vary from 75 to 240 km in thickness. We computed the seismic 

sensitivity (Fréchet) kernels for S waves using 1-D ray tracing (infinite frequency 

approximation). We used a Laplacian filter with 76% of the weight applied to horizontal  
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Figure 2.2:  Example of synthetic seismograms showing the effect of subducting slabs 

on S wave arrival times. The synthetic seismograms show S waves recorded 

by KBS station (78.92°N, 11.94°E) and TAU station (42.91°S, 147.32°E) 

for a deep earthquake (398 km) that occurred in the Kurile slab (47.47°N, 

147.73°E). The blue line and red line are the synthetic seismograms with 

and without subducting slabs, respectively. The travel time residual at KBS 

is about 2.2 second, while at TAU is about 0.7 second. The difference in 

travel time residuals to the two stations is caused by the dipping Kurile slab 

and the different azimuths to the two stations. Note the similarity of 

waveforms with and without the slabs. 
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nearby blocks and 24% of the weight applied to the vertical nearby blocks. The inversion 

was carried out using the iterative LSQR algorithm (Paige and Saunders 1982). 

In order to test the ability of the data to image mantle structure, especially in the 

subducting slab regions, we performed a resolution test. Single-layer synthetic test models 

were generated which consist of about 5×5 degree blocks with alternating velocity 

perturbations of ±1.0% for each layer. The synthetic travel time residuals were calculated 

by multiplying the sensitivity kernel matrix with the synthetic model. An inverted model 

was then found using the method discussed above without smoothing. In Figure 2.3, we 

compare the input and inverted models at selected depths. Correlation coefficients (CC) 

between the input (min) and output models (mout) have been calculated as:  

 

CC =
∑ (min,i-E(min))(mout,i-E(mout)

N
i=1 )

√∑ (min,i-E(min))2N
i=1 √∑ (mout,i-E(mout))2

N
i=1

                                (2.2) 

 

where the summation is all over blocks in a particular layer and E represents the mean 

value of the models in the layer. Amplitude recovery (AR), defined by the ratio of the root 

mean squares (RMS) amplitudes of min and mout given as: 

 

AR = √(∑ mout
2N

i=1 ) (∑ min
2N

i=1 )⁄ × 100%                                (2.3) 

 

is also calculated for each layer to illustrate the resolution of the inversion. The correlation 

coefficients vary from 0.78 to 0.99, while amplitude recoveries range from 46% to 92%. 

The worst resolved region is the oceanic region in the southern hemisphere at shallow 

depth.  
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Choosing an optimal smoothing weight is critical for seismic tomography studies. 

This involves a trade-off between minimizing model roughness and minimizing data 

misfits. The model roughness R can be estimated by calculating the L2-norm of the 

regularized model solution: 

 

R = ‖D∆mS‖2                                                       (2.4) 

 

The travel time data misfit Err is defined as the 2-norm of the data error vector: 

 

Err = ‖GS∆mS-rS‖2                                                   (2.5) 

 

We ran a series of inversions with different smoothing weights using real travel time 

residuals. In Figure 2.4, we evaluate the data misfit versus model roughness curve of our 

derived models to perform standard L-curve analysis. Based on the trade-off analysis 

above, we choose to use 1800 as our optimal smoothing weight in further analyses.  

In order to test the ability of our data set to resolve deep earth structure, we 

produced a new shear wave tomography model using our seismic sensitivity kernels and 

corresponding real shear wave travel time data following the procedure discussed above. 

In Appendix A, we compare our model to three recently published shear wave models 

(Ritsema et al. 2011; French and Romanowicz 2014; Moulik and Ekström 2014). 

The global correlation coefficients between our model and the others are better or 

similar to the correlations between the three other models as well as the correlations 

between older models (Becker and Boschi 2002).  These comparisons show that the shear  
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Figure 2.3: Comparison of synthetic input (left) and derived (right) models in resolution 

test at depths of (from top to bottom) 140 km, 360 km, 590 km, 1680 km, 

and 2770 km. Correlation coefficient (CC) and Amplitude Recovery (AR) 

levels are labeled at each depth to illustrate the resolution of the inversion. 
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wave data used in this study have similar ability to resolve deep earth structure as seismic 

data sets used in other studies. 

2.3.2 Reference model 

Following the same inversion method and parameterization described above, we 

inverted the raw travel time residuals from the SEM simulations that used the slab model. 

We call this model the “reference model”. Variance reduction (VR) of the original “slab” 

travel time data, correlation coefficient (CC) with the input model throughout the upper 

mantle, and amplitude recovery in the regions near the slabs (ARS) are used to check the 

quality of the derived model (Table 2.1). The input model has been sampled using the same 

blocks as in the inversion for comparison, thus it is a smoothed version of the original slab 

model used for the SEM simulations. Differences between the reference model and the 

 

Figure 2.4: Trade-off curve between model roughness and travel time data fit using real 

travel time residuals. The orange star represents the location of the chosen 

optimal smoothing weight (1800) in this study. 
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original model at selected depths are shown in Figure 2.5. Note the tomography inversion 

smears the slab so that it is broader with lower amplitude in its center. Another criteria for 

evaluating the inversion that is perhaps more important for geodynamics, is to calculate the 

total mass anomaly associated with slabs in the inversion. Assuming a linear scaling 

between shear wave velocity perturbation and density perturbation, the total mass recovery 

(TMR) in subduction regions is given by:  

 

TMR = (∑ mout,iVi
N
i=1    ∑ min,iVi)

N
i=1⁄ × 100                               (2.6) 

 

where the summation is over blocks in subduction regions, and Vi is the volume of block 

i. The region included in the summation includes all the blocks in the original slab model 

as well as adjacent blocks. These blocks contain over 95% of the fast anomalies in Figure 

2.5 for the inversion result. The TMR in subduction regions is essential for correct  

Table 2.1: Summary of inversion results with different relocation method.a 

Inversion 

methodb VR 
CC with 

input model 

CC with  

ref model 
ARSc TMR 

Reference 91.4% 0.591 1 61.1% 88.1% 

Direct 

inversion 
32.3% 0.463 0.709 31.7% 40.7% 

Iterative 

inversion 
44.3% 0.527 0.838 35.6% 51.9% 

Joint 

inversion 
75.0% 0.576 0.913 45.9% 67.7% 

 

a All the inversions have been conducted with the same smoothing weight (1800). 
b Reference model refers to the inversion before earthquake location; direct inversion 

shows the results without any relocation correction in inversion procedure. 
c Only the amplitude recovery in subduction regions (ARS) defined by original model has 

been calculated, which is different from the amplitude recovery (AR) in checkerboard 

test. 
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tomography-based slab related geodynamic modeling. The TMR of the reference model is 

about 88% percent, which indicates that our reference model contains most of the slab 

density anomalies in the original model.  

2.3.3 Effect of earthquake relocation 

The test done above examined how well slabs can be resolved assuming perfect 

data and assumes earthquake locations are known.  Earthquake catalogues are derived by 

minimizing travel times using a reference global seismic model. The travel times could be 

P or S waves or even surface waves. Thus, to better test whether global tomography can 

resolve slab structure, one should relocate the sources in the synthetic slab model (Creager 

and Jordan 1984). We linearize the relocation procedure using: 

 
∂T

∂lon
∙ ∆lon +

∂T

∂lat
∙ ∆lat +

∂T

∂z
∙ ∆z + ∆T0 = rloc                                                                 (2.7) 

 

where rloc is the travel time residual caused by mislocation, ∆𝑙𝑜𝑛, ∆𝑙𝑎𝑡, and ∆𝑧 are the 

perturbations to the earthquake longitude, latitude, and depth, respectively, and ∆T0 is the 

perturbation to the origin time. The partial derivatives of the travel time can be calculated 

using the known ray parameter and azimuth from the source to the receiver for a given 

arrival. In matrix form, the relocation equations can be written as: 

 

A ∙ ∆mloc = rloc                                                                                                                            (2.8) 

 

where the vector ∆mloc = [∆lon, ∆lat, ∆z, ∆T0]
T and A contains the partial derivatives in 

equation 2.7. 
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Figure 2.5: Comparisons of the original input model (a), reference model (b), and the 

difference between them (c) at selected depths. The difference was 

calculated by subtracting the reference model from the original model. In 

most subduction zones, the high velocity structure in the original model in 

the slab center is decreased in the reference model while the edges of slabs 

are smearing into nearby blocks. 
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We relocated the earthquakes using the travel time anomalies we obtained from the 

SEM simulations for the slab model. In Figure 2.6, we show the epicenter shifts due to the 

earthquake relocation procedure. The mean epicenter shift of all the earthquakes is about 5 

km, while the shifts in some regions (e.g. South America) are significantly larger than other 

regions. Large mislocations seem to be due to the sparseness and uneven distribution of 

stations for earthquakes in those regions. For the South America slab, the ray coverage is 

strongly azimuthally dependent and mislocations caused by the subducting slab are 

correspondingly large. For comparison, earthquakes in the Kurile slab have better ray 

coverage than in South America thus the location of earthquakes are better determined.  

A comparison of two residual spheres (Davies and McKenzie 1969; Creager and Jordan 

1984) for a representative deep earthquake (~ 130 Km depth) occurring in the South 

America subducting slab have been plotted in Figure 2.7. By moving the earthquake 

location in the northeast direction by about 11 km, and shifting the origin time by about -

1.1 second, the relocation not only decreases the amplitude of the residuals but also changes 

the overall azimuthal pattern. Figure 2.8 summarizes the residuals before and after 

relocation for all the data. Note the original residuals are all negative as the slab model 

consists of only fast seismic anomalies. 

We ran a number of inversions using the travel time residuals after relocation as the 

starting data. The first inversion used the data in an inversion for structure without any 

further changes to the source locations (direct inversion) (Figure 2.9b). In the second 

inversion we iteratively inverted for structure and then source location (iterative inversion) 

(Figure 2.9c). The inversion was terminated after four iterations due to small improvement 

of data fits. This is similar to the number of iterations used in practice. In the third inversion  
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Figure 2.6: Epicenter shifts due to the earthquake relocation procedure. The red circles 

show the real earthquake epicenters used in the SEM simulations. The red 

lines represent the direction and amplitude of epicenter shifts. The solid 

black lines show the plate boundaries. 

 

we jointly inverted for seismic structure and source location simultaneously (joint 

inversion) (Figure 2.9d). The forward equations for joint inversion can be written as: 

 

[
GS A
λD 0

] [
∆mS

∆mloc
] = [

r
0
]                                                                                                             (2.9) 

 

where r is the observed shear wave travel time residual, which are a combination of 

residuals caused by velocity structure and earthquake mislocation. 

In joint inversions, it is critical to determine the weight for earthquake relocation in 

the system. Without giving an appropriate weight for relocation terms, LSQR and other  
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Figure 2.7:  Residual spheres showing the effect of earthquake relocation on S-wave 

travel time residuals expected for a 130 km depth earthquake located in the 

South America subduction zone. The residuals are plotted as a function of 

take-off angle from the source, the radial axis, and azimuth from the source, 

the circumference. (a) shows the actual residuals and (b) shows the residuals 

after relocating the source based on the travel time residuals in (a). 

approximate methods cannot determine the small singular values associated with relocation 

terms correctly (Pesicek et al. 2010). Thus most global joint inversion studies up-weight 

the relocation terms and perform a series of inversions with different relocation weights to 

make the relocation results fall into an expected range (e.g. Bijwaard et al. 1998; Bijwaard 

and Spakman 2000). In our study, the non-zero terms in the seismic sensitivity matrix are 

normally 2 to 3 orders of magnitude larger than the relocation terms. Thus to multiply the  
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Figure 2.8: Distributions of travel time residuals before and after earthquake relocation. 

The travel time range has been divided into 0.5s intervals. The blue bars 

represent the distribution of residuals before earthquake relocation; the 

orange bars show the distribution after relocation. 

relocation terms by 1000 seems a reasonable choice. We performed a series of joint 

inversions using synthetic data, with the same source- receiver paths as the real data, 

derived from known structural models and earthquake mislocations and found that, indeed, 

a weight of 1000 returned near optimal results. More sophisticated ways have been 

developed to separate source terms from structure terms in inversion (e.g. Pavlis and 

Booker 1980; 1983) but these methods have not generally been used in global tomography 

inversions. 
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Figure 2.9: Comparison of (a) reference model, (b) direct inversion model, (c) iterative 

inversion model, and (d) joint inversion model (from top to bottom) at 

depths of 140 km, 210 km, 360 km, and 590 km (from left to right). 

2.3.4 Slab structure  

Variance reduction (VR) of the original “slab” data, correlation coefficient (CC) 

with the input model and reference model in the upper mantle, amplitude recovery (ARS) 

as well as total mass recovery (TMR) in subduction regions have been calculated for each 

derived model to check how well slab structure is recovered (Table 1). The mislocation of 

earthquakes due to slab structure significantly decreases the recovery of the true structure. 

VR, CC, ARS, and TMR of the direct inversion model all drop dramatically compared with 
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the reference model. The TMR of the direct inversion model, for example, drops from 88% 

to 41%. Such a low TMR indicates that geodynamic studies based on tomography results 

without effective relocation procedures, may significantly underestimate the density 

anomaly associated with subducting slabs. Both iterative and joint inversion methods 

improve the model. However, the joint inversion model provides a much better data fit than 

the iterative inversion result. The joint inversion model has a 0.913 correlation coefficient 

with the reference model in the upper mantle, implying that the patterns of heterogeneity 

are essentially the same. The total mass recovery of slabs is almost 68% using the joint 

inversion compared to about 52% using the iterative approach. The clear superiority of the 

joint inversion is in agreement with the results of Valentine and Woodhouse (2010). The 

earthquake relocation results are shown in Figure 2.10. In general, the high correlation 

coefficients between the real mislocations and the recovered mislocations using the two 

relocation methods indicate that both of the relocation methods partially recover the 

mislocations in the correct directions but the RMS results show that the amplitude of 

recovery by joint inversion is closer to the true location parameters. Also, among the four 

earthquake relocation parameters, the origin time seems the most difficult one to recover 

correctly. The difference between these two inversion methods may be related to the fact 

that the iterative inversion relies on the assumption that all the residuals must be due to 

only relocation corrections, or only structure anomalies at any point in the inversion, which 

is sub-optimal (Valentine and Woodhouse 2010). 

Comparing the models from the inversions discussed above (Figure 2.9), one can 

clearly see that some slabs (e.g. South America slab) almost disappear because of the 

earthquake relocation at some depths, while other major slabs (e.g. Kurile slab) are still 
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Figure 2.10: Comparison of the real mislocation (black line), mislocation recoveries 

using a joint inversion (red line) and using an iterative inversion (blue line). 

All the mislocations and mislocation recoveries are represented by distance 

along latitude (top left), distance along longitude (top right), offset in depth 

(bottom left), and shift on origin time (bottom right). The correlation 

coefficients (CC) between the real mislocation and the two recovered 

mislocations as well as the RMS of each mislocation result are labeled in 

each sub-figure, separately. 

visible though the amplitudes have been significantly reduced. This result is consistent with 

our previous observation that the earthquake mislocations in South America are greater 

than in the Kurile slab region (Figure 2.6). The signal of the South America slab has been 

largely removed by the earthquake relocation procedure. The two inversion methods 

including source relocation improve the imaging of the slab structure to the extent that 

almost all subduction structures are easily identified in the joint inversion model. However, 
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even the joint inversion does not do a good job of recovering the correct amplitudes of 

seismic anomalies associated with subduction zones. 

2.3.5 Inversion results in lower mantle 

The discussion above focused on the results in the upper mantle. We can also see 

significant artifacts in the lower mantle in all of our inversions (Figure 2.11). In the lower 

mantle, most of the large scale anomalies are not randomly distributed among models but 

rather show up at similar locations but with different amplitudes in all the inversions. The 

artifacts have both positive and negative velocity anomalies although fast anomalies 

predominate. This indicates that the inversions are trying to compensate for the missing 

fast slab structures in the upper mantle. Among our four inverted models, the reference 

model in the lower mantle is generally fast relative to other models. This is due to the fact 

that all residuals are fast in the reference model while the models using relocated sources 

include slower residuals (Figure 2.8).  

The amplitudes of some artifact structures are comparable (~0.5%) to the amplitude 

of much of the large scale mid-mantle structure seen in global tomography studies 

(Appendix A). Our results indicate that not accounting for upper mantle slabs can have 

significant impact on lower mantle tomography results. The most striking artifact we found 

in our inversion tests is a fast velocity anomaly right above core mantle boundary beneath  

the west Pacific near the Tonga region. This is near the edge of the Pacific Large Low 

Shear Velocity Province (LLSVP) seen in most tomography models (Garnero and 

McNamara 2008). The artifact is fast implying that the LLSVP could be slower than 

tomography models indicate. It is also interesting that a relatively low amplitude “hole” 

within the Pacific LLSVP has been found at a similar location in some recent global 
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Figure 2.11: Comparison of the (a) reference model, (b) direct inversion model, (c) 

iterative inversion model, and (d) joint inversion model (from top to bottom) 

at depths of 930 km, 1530 km, 2130 km, and 2770 km (from left to right). 

tomography studies (Ritsema et al. 2011; French and Romanowicz 2014) as well as our 

new tomography model, though the locations of these “holes” are offset somewhat from 

the fast anomaly we found in our synthetic test (Figure 2.12). It is interesting that this 

artifact is seen regardless of whether we relocate sources before inversion or not although 

the anomaly is stronger in the inversions using relocated sources in the starting model. Our 

detailed analysis shows that the anomaly is due to the combined effect of poorly resolved 

slab, orientation-dependent ray coverage and the smoothing we used in the inversion. 

Published tomography models themselves vary in the same region so that our results cannot 
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Figure 2.12: Comparison of artifact structures from the direct inversion model (top right), 

and shear wave global tomography models: SEMUCB_WM1 (French and 

Romanowicz 2014), S40rts (Ritsema et al. 2011), and TX2015 (this study) 

at 2770 km depth. The black solid rectangle emphasizes the fast anomaly 

described in main text. 

be used as a correction for other models. We merely note a possible cause for artifacts in 

deep mantle tomography models that has not been previously discussed. 

Other than the fast anomaly at the CMB, some short wavelength fast and slow 

artifact structures can also be identified in our inversion results at different depths (Figure 

2.11). Particularly at 930 km depth, many high velocity anomalies are noticeable that are 

similar to those found in published tomography models. Short wavelength slow anomalies 

are also visible, particularly near the Pacific subduction zones. The amplitudes of these 
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lower mantle artifacts are generally lower than the strongest signals seen in published 

tomography models but if our synthetic model for slabs under predicts seismic anomalies 

in slabs, then the corresponding artifacts could be larger. In any case, the anomalies we 

have seen here could be significant for interpretation of smaller features seen in 

tomography models in terms of plumes or slab fragments. 

2.3.6 Discussion 

In this study, we applied ray theory in our inversion although the synthetics for our 

slab model were computed using an accurate 3D wave propagation code. Though still 

under debate, some studies claim that advanced inversion techniques (e.g. finite frequency 

tomography, non-linear asymptotic coupling tomography) (e.g. Li and Tanimoto 1993; 

Dahlen et al. 2000) may improve the imaging of subducting slabs (e.g. Obayashi et al. 

2013). This may be true but if the model parameters are longer wavelength than slabs and 

sources are within slabs then there will still likely be tradeoffs between slab structure and 

source locations.  

Due to the use of different data sets as well as imaging techniques, it is not 

appropriate to conclude that the results from this work are directly applicable to other 

global shear wave tomography studies without further investigation. Also, earthquake 

location techniques may reduce the mislocation problem by using 3D seismic models. The 

widely used CMT solutions, for example, are based on a smooth 3D mantle model, which 

could improve the accuracy of relocation results by taking long wavelength lateral velocity 

variations into account. However, it is still questionable whether mislocation caused by 

short wavelength subducting slabs is significantly improved. Our analysis suggests that 

problems caused by subducting slabs should be carefully addressed in future tomography 
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studies. At a minimum, structure and source location should be inverted jointly as opposed 

to iteratively. To address the problems caused by subducting slabs, we suggest including 

a-priori subducting slabs in the starting models followed by joint inversion. The location 

of aseismic slabs is certainly problematic but a conservative approach would be to develop 

a “slab” model based on seismicity. Whether this is a good approach depends on the 

uncertainties associated with the starting slab model. The location of seismicity in slabs is 

well determined thus geometrical uncertainties in the starting model are likely small, but 

the amplitude of seismic anomalies within slabs is still uncertain. Still, the uncertainties in 

the seismic velocities associated with slabs are likely less than the 30% deficit in mass we 

find in our joint inversions suggesting this approach would be appropriate at this time.  

2.4 CONCLUSIONS 

In summary, we have built a synthetic shear wave seismic travel time dataset 

starting from a theoretical thermal subducting slab model and investigated the effect of 

subducting slabs in global tomography studies. Due to earthquake mislocations due to the 

subducting slabs we find that it is difficult to fully reconstruct the amplitude of density 

anomalies associated with slabs even accounting for the smearing inherent in tomography. 

We also find that joint inversion for source location and origin time with structure is 

significantly superior to iteratively inverting for structure and source location. The 

incorrect imaging of subducting slabs can affect the tomography results even far from 

subduction regions. The amplitude of artifact structures in the lower mantle can be 

comparable to some lower mantle heterogeneities seen in global tomography studies. 

Based on our inversion results, we suggest including a-priori subducting slabs in the 

starting model followed by joint inversion in future tomography studies. 
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Chapter 3: A New P and S Tomography Model  

Starting from 3D Subducting Slabs 

3.1 INTRODUCTION 

Subduction of ancient oceanic lithosphere is believed to play a critical role in large 

scale mantle convection (e.g. Kellogg et al. 1999; Billen 2008). The investigation of deep 

subducting slabs, therefore, has been an active field in geophysics. It is widely accepted 

that subducting slabs are relatively cold and thus have high seismic velocity compared to 

surrounding mantle (e.g. Fukao and Obayashi 2013; Zhao et al. 2017). Global seismic 

tomography, which has been applied to image deep earth seismic velocity structure, has 

been used to constrain the location of subducting slabs. Generally, shear wave global 

tomography has limited ability to image short wavelength structures such as subducting 

slabs (e.g. Grand 2002; Panning and Romanowicz 2006; Kustowski et al. 2008; Ritsema et 

al. 2011; French and Romanowicz 2014; Moulik and Ekström 2014). Compressional wave 

global tomography has provided higher resolution images of upper mantle slabs (e.g. 

Amaru 2007; Li et al. 2008; Simmons et al. 2012; Obayashi et al. 2013). However, detailed 

waveform modeling studies suggest that the amplitude of subducting slabs is 

underestimated in global P wave tomography models (Zhan et al. 2014). Tao et al. (2018) 

performed full waveform inversion using upper mantle triplicated waves to image the 

subducting slabs beneath Eastern Asia. Both of their P and S models show much higher 

amplitude velocity anomalies inside the slabs than in global tomography models. Other 

seismic modelling results, as well as theoretical thermal models of subducting slabs, also 

imply far stronger velocity anomalies within slabs relative to those seen in global 

tomography (Chen et al. 2007; Syracuse et al. 2010; Kawakatsu and Yoshioka 2011; Wang 
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et al. 2014; Tao et al. 2018). The discrepancies between detailed seismic studies of slabs 

with global tomography models imply a potential problem with using tomography models 

to infer density anomalies for use in mantle convection studies. 

The existence of sharp, dipping fast velocity anomalies can also bias earthquake 

locations and impact seismic travel time data used in tomography (Sleep 1973; Creager 

and Jordan 1984; Ding and Grand 1994). Therefore, the incorrect imaging of subducting 

slabs could degrade tomography models even far from subduction zones. Through 

synthetic testing, Lu and Grand (2016) found that the incorrect imaging of subducting slabs 

could introduce up to 0.5% amplitude false velocity anomalies in the lower mantle in global 

shear wave tomography. This is comparable to the amplitude of velocity anomalies found 

in the lower mantle. These artifacts may have significant implications for interpretation of 

lower mantle heterogeneities. For example, some studies use the S to P heterogeneity ratio 

to identify potential chemically distinct heterogeneities (e.g. Masters et al. 2000; Saltzer et 

al. 2001; Koelemeijer et al. 2016; Tesoniero et al. 2016). Artifacts produced by incorrectly 

accounting for subducting slabs can impact the reliability of results using this approach.  

Lu and Grand (2016) compare several strategies to best account for subducting 

slabs in global tomography. They suggest including a-priori subducting slabs in the starting 

model and performing structure and source location jointly in tomographic inversions. In 

this study, we present a new P and S global tomography model using a realistic 3D 

subducting slab structure in the initial model. This enables us to produce a global 

tomography model with more realistic subducting slabs. In the lower mantle, we evaluate 

the effect of subducting slabs on S to P heterogeneity ratio estimation.  
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3.2 DATA AND METHOD 

3.2.1 P wave data 

The P wave data used in this study are from the database of traveltime residuals 

maintained by E. R. Engdahl and coworkers (EHB data) (Engdahl et al. 1998). They use 

arrival times reported to the International Seismological Center (ISC) and the U.S. 

Geological Survey’s National Earthquake Information Center (NEIC), relocate 

earthquakes and re-identify phases and then produce a final dataset after quality control. In 

this study, we use P, pP, and Pn phases in the EHB data, which contains approximately 14 

million rays from ~553,000 earthquakes from the years 1966 to 2008.  

Even though the quality of EHB data is significantly higher than the raw ISC 

catalogue data, there are still errors in the data set. For example, we have found cases where 

two nearby earthquakes have more than a 10 second difference in travel time residuals to 

a common station. In order to further improve the data quality, we designed a new data 

selection process for the EHB data. We first group nearby earthquakes together, then 

evaluate the travel time residuals of each group at each station. For earthquakes close to 

subduction zones, a group covers about a 30×30 km area in the horizontal direction, while 

larger 300×300 km areas form groups away from subduction zones. In the radial direction, 

we separate earthquakes using a 30 km interval. Figure 3.1 shows the distribution of travel 

time residuals for a representative 30×30 km group (centered at 7.3S, 155.9E, 45 km 

depth) to station MAW in Antarctica (67.6S, 62.9E). The residuals outside ±2σ 

(corresponding to ~95% confidence interval) were labeled as outliers and eliminated from 

the inversion. For groups with very few arrivals to a station (e.g. less than 10 arrivals), the 

standard deviation of the whole EHB data (~1.8s) is used to define outliers. This process 

rejected about 5% of the EHB data. 
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Figure 3.1: Distribution of travel time residuals measured at station MAW for a 

representative 30×30 km earthquake group used in the EHB data selection 

process. The group is centered at 7.3S, 155.9E, and 45 km depth. The 

station MAW is located in Antarctica 67.6S, 62.9E. The residuals outside 

±2σ were treated as outliers and eliminated from the inversion. 

3.2.2 S wave data 

We include two groups of shear wave data in this study. The first group (TX data) 

was used in Lu and Grand (2016). The data set consists of ~70,000 global S, ScS, SKS, 

and SKKS phase traveltimes from 540 earthquakes. Their upgoing and surface bounce 

equivalents are also included. Upper-mantle triplicated waves are also included to provide 

better coverage in the upper mantle and transition zone. All the traveltimes were manually 

measured using a seismic waveform approach. The data measurement method with 

examples is discussed in Grand (1994). The other group of shear wave data is presented in 

Lai et al. (2018). They use a semi-automated process to determine the onset time of 
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horizontally polarized shear waves bandpassed from 0.01 Hz to 0.1Hz. The measurements 

involve the derivation of an empirical wavelet, which is matched to seismic waveforms 

from a given earthquake, through an iterative cross-correlation process. The onset 

traveltime is measured based on a Gaussian function which best fits the empirical wavelet. 

This data set includes ~226,000 S, SS, SSS, ScS, and ScSScS phases from 360 earthquakes 

all of which turn within the lower mantle i.e. upper mantle triplicated phases are excluded. 

These new data provide better ray coverage than the first data set in the lower mantle, 

especially in the southern hemisphere (Figure 3.2).  

3.2.3 Input slab model 

We use a starting 3D slab model based on a theoretical global 3D thermal model of 

subducting slabs by Stadler et al. (2010). The slab locations are defined by seismicity and 

represented on 0.1×0.1 grid. The model does not include seismically inactive subduction 

zones so it is a relatively conservative representation of slabs. The geometry of the slabs 

has been checked against model Slab 1.0 (Hayes et al. 2012). The high degree of similarity 

between the two models, in terms of slab geometry, confirm the reliability of the input slab 

model. The thermal structure of the slab model is determined by the age of the subducting 

plate at the time of subduction and the convergence rate. When compared with slab thermal 

models produced by detailed dynamic modeling (e.g. Syracuse et al. 2010; Kawakatsu and 

Yoshioka 2011; van Keken et al. 2011), models, in terms of slab geometry, confirm the 

reliability of the input slab model. The thermal structure of the slab model is determined 

by the age of the subducting plate at the time of subduction and the convergence rate. When 

compared with slab thermal models produced by detailed dynamic modeling (e.g. Syracuse 

et al. 2010; Kawakatsu and Yoshioka 2011; van Keken et al. 2011), the Stadler et al. model  
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Figure 3.2: Comparison of hit counts maps for S wave data used in TX2016 model (Lu 

and Grand 2016) and this study at selected depths. By adding new data (Lai 

et al. 2018), S wave data used in this study (right column) have significantly 

better coverage than in TX2016 (left column). The plots are in logarithm 

scale. 
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generally has larger thermal anomalies. Therefore, we changed the thermal anomalies in 

the Stadler et al. model using the slab thermal model of van Keken et al. (2011)’s while 

keeping the geometry the same.  Because the van Keken et al. model only contains 2-D 

thermal structures across different subducting slabs, we interpolated their model for each 

slab in Stadler et al.’s model to make the average thermal anomaly across slabs to be 

consistent with van Keken et al.’s model. The scaling varied from ~0.7 to ~0.9. 

We followed Lu and Grand (2016) to convert the thermal slab model to a 3D 

perturbation model of P and S velocity. The slab model contains uncertainties due to both 

the thermal values as well as the mineral physics modeling procedure. However, our 

derived slab model generally agrees with some detailed regional studies (e.g. Vidale 1987; 

Gaherty et al. 1991; Chen et al. 2007; Tao et al. 2018) in terms of geometry as well as the 

seismic amplitudes. In Figure 3.3, we compare our amplitude corrected slab in East Asia 

with a recent regional full-waveform tomography model (Tao et al. 2018). Both models 

have about a 100 km thick undeformed subducting slab dipping to 660 km depth. 

Therefore, we feel the model is a good first order approximation to global slab structure. 

3.2.4 Forward modeling 

In our previous work, we used the open source package ‘SPECFEM3D GLOBAL’ 

Spectral-Element Method (SEM) (Komatitsch and Tromp 2002a; 2002b) to model the 

effect of the 3D subducting slabs on shear wave travel times for the handpicked data set 

discussed above (Lu and Grand 2016). For each earthquake, we computed SEM synthetics 

for the 1D starting model then another simulation for a second model that included slabs 

embedded in the 1D model. Comparing the two simulations, for each measured phase in 

the data, allowed us to adjust the travel time residuals for the effect of the slabs. In other 
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Figure 3.3: Comparison of the subducting slab beneath East Asia found in a regional 

tomography model and our input slab model. (a) Horizontal slice of a shear 

wave model from a recent regional full waveform inversion study (Tao et al. 

2018) at 300 km. The red line shows the location of the cross-sections in (b) 

and (c). (b) Cross-section of the same tomography model in (a). (c) Cross-

section of the input shear wave slab model. Solid black lines represent the 

410 and 660 km discontinuities, respectively. 

words, we produce a set of residuals relative to an Earth model with slabs.  

For the presumably higher frequency and far larger EHB data, it is not feasible to 

use the SEM method to model the effect of slabs on the data. Therefore, instead of using 

SEM, we used 3D ray tracing to evaluate the effect of slabs on our P wave data. The shear 

wave data set from Lai et al. (2018) are measurements of onset time so are presumably the 

equivalent of high frequency travel times. Thus, we also used 3D raytracing to correct the 

Lai et al. data set for slab structure. The open-source LLNL-Earth3D 3D ray tracing 

package (Simmons et al. 2012) was used for this purpose. The 3D earth can be represented 

by different levels of spherical tessellation grids. A higher tessellation recursion level 

means a finer grid and more computation cost. In order to check the accuracy of the 3D ray 
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tracing code as well as determine the optimal level of the spherical tessellation grids, we 

compared 3D ray tracing results with SEM simulation results for a few test earthquakes. 

We find that the when the tessellation recursion level is above 9 (corresponding to ~0.25 

arc degree average node spacing), the difference between 3D ray tracing and SEM 

simulations agree to within 0.2 secs, which we consider acceptable for our purposes. The 

effect of subducting slabs on the seismic travel time residuals are summarized in Figure 

3.4. The largest travel time residual caused by our starting model is ~8 s for P wave data 

while it is ~12 s for S wave data. 

The ‘TX’ data set contains upper mantle turning waves. As discussed in Grand 

(1994), due to the large heterogeneity in the shallow mantle, at a given distance the raypaths 

 

 

 

Figure 3.4: Distribution of travel time residuals caused by the input slab model. P wave 

residuals were derived from 3D ray tracing (Simmons et al 2012), while the 

S wave residuals were obtained from 3D ray tracing and SEM simulations 

(Komatitsch and Tromp 2002a; 2002b). 
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Figure 3.5: P wave craton model at 140 km depth. The P wave craton model was used 

for correcting the ray paths that sample cratonic regions using 3D ray 

tracing (Simmons et al. 2012). 

of S or SS waves can be quite different depending on the specific region being sampled. 

Relative to standard 1D models the difference is especially significant in cratonic regions. 

For this reason, different seismic models were used to determine raypaths for upper mantle 

waves in Grand (1994, 2002). This process required detailed waveform analysis, and thus  

is not suitable for large volume catalogue data. The EHB P data set contains upper mantle 

turning waves. In order to correct the ray paths that sample cratonic regions for EHB data, 

we first derived a 3D S wave craton model then converted it to a P wave model (Figure 

3.5). The fast velocity anomalies in our previous S wave tomography result at the 

shallowest depths (Lu and Grand 2016) are used to determine the location of cratons if they 
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have Archean or Proterozoic crust (Laske et al. 2013). The fast velocity anomalies down 

to 210 km which are close to these regions are used to define the craton roots. These cold 

cratons are believed to have distinct chemical compositions from surrounding mantle and 

contain high percentages of magnesium. Lee (2003) showed that the effect of Mg# (100 × 

Mg/(Mg+Fe)) on Vp/Vs ratio was significantly larger than the effect of temperature in 

peridotite. Therefore, we estimated the Mg# in cratons using a linear interpolation based 

on our S wave craton model, assuming normal mantle has a low (87) Mg# while the fastest 

craton has the highest (94) Mg#. Using this approach, the average variation of Mg# in 

cratons is ~3.5, which agrees with the value reported by Deschamps et al. (2002) and is 

slightly higher than predictions by Forte and Perry (2000) and Perry et al. (2003). Then we 

adopted the linear relationship between Mg# and Vp/Vs ratio reported by Lee (2003) to 

derive a P wave craton model. Using the P wave craton model, 3D ray tracing 

 

 

Figure 3.6: Illustration of the change of a P wave ray path caused by a fast velocity 

craton. Black lines are the AK-135 model (left) (Kennett et al. 1995) and 

corresponding ray path for an example earthquake on the surface and 

recorded at a station 17 degrees away (right), while blue lines are the craton 

model (left) and corresponding ray path for the same source-station pair 

(right). 
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(Simmons et al. 2012) was used to determine the ray paths for rays turning above 800 km 

depth (Figure 3.6). For rays turning below 800 km depth, the effect of cratons on seismic 

ray paths is negligible.  

3.2.5 Joint P and S inversion starting from 3D slab 

In our inversion, the mantle was divided into 99146 blocks. The blocks were about 

275 × 275 km in lateral dimension and vary from 75 to 240 km in thickness. Both P and S 

wave sensitivity kernels were calculated using the ray theory approximation based on a 1D 

velocity model. For S waves, we use a combined TNA/SNA model (Grand and Helmberger 

1984), which is the same 1D model as we used in previous ‘TX’ models (Grand 2002). The 

AK-135 model (Kennett et al. 1995) is used as the P wave starting model. The P and S 

wave data are known to have very different ray coverage, especially in the shallow mantle. 

In the shallow depths, the P wave data have limited constraints in the oceans, while S wave 

data have much better resolution. Therefore, we correlated the P wave and S wave models 

by introducing another term XP/S into our inversion, which is the ratio of the P and S wave 

slowness perturbations at each layer. This parameter can be obtained using thermo-elastic 

parameters from mineral physics measurements as a function of depth assuming a thermal 

origin for mantle seismic heterogeneity (see Appendix B for details). The XP/S in cratons 

vary in 3D and are consistent with the values used in our forward modeling. Also, Lu and 

Grand (2016) showed that correcting for earthquake mislocation can be better achieved if 

one inverts for velocity structure and earthquake location simultaneously. Therefore, we 

include earthquake location in our inversion as well. The linearized seismic tomography 

problem can be written as: 
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where GP and GS are the P and S wave sensitivity kernel matrices and rP and rS are the 

corresponding travel time residuals caused by velocity anomalies and earthquake 

mislocation. The travel time residuals r are the leftover residuals after we removed the 

effect of subducting slabs, which is the most significant difference from previous global 

tomography studies. We use λ to represent the relative weight of S wave data to P wave 

data. ∆mP and ∆mS are the P wave and S wave slowness perturbations and L represents 

the relocation parameters to be inverted that include changes in event latitude, longitude, 

and depth, as well as origin time. A is the relocation matrix formed of the partial derivatives 

for these parameters. D is a smoothing operator, which is a Laplacian filter with 76 per cent 

of the weight applied to horizontal nearby blocks and 24 per cent of the weight applied to 

the vertical nearby blocks. A weighting term λX is used to control how strong the 

connection between the P and S models is enforced. Through a trial and error process, λX 

was chosen to be 500 which was the maximum value before the connection term began to 

decrease the variance reduction of the S wave data (less than 0.5%). 

3.3 RESULTS AND DISCUSSIONS 

3.3.1 TX2018slab model 

We show our new model (TX2018slab) in horizontal slices at selected depths in 

Figure 3.7. The blocks used in the inversion and the input slab model have been resampled 

into a 1×1 grid when making the plot. Our P and S models generally agree with previous 
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tomography results at large scale. At 150 km depth, our model shows fast velocity 

anomalies in cratonic regions as expected. Slow velocity anomalies are found beneath mid-

ocean ridges as well as the East African Rift. Due to poor data coverage in the oceans, most 

previous global P wave tomography models do not have slow mid-ocean ridges (e.g. 

Amaru 2007; Li et al. 2008; Obayashi et al. 2013). Our shallow oceanic P structure is 

mainly constrained by the S wave data and the relationship between P and S anomalies we 

introduced into the inversion. In the upper mantle and transition zone, short-wavelength 

subducting slabs appear to be the most heterogeneous structures in our model. 

Interestingly, the slab signature near 600 km depth is much broader than at 300 km depth. 

In the mid-lower mantle, as in previous tomography studies two elongated fast velocity 

anomalies in P and S are seen beneath North/South America and South Asia. The locations 

of these fast anomalies generally agree with previous studies (e.g. Grand 2002; Amaru 

2007; Li et al. 2008; Ritsema et al. 2011; Obayashi et al. 2013; French and Romanowicz 

2014; Moulik and Ekström 2014). Beginning in the mid-lower mantle, slow anomalies are 

seen in both P and S beneath the south central Pacific and Africa. They increase in strength 

and size with depth and at the bottom of the mantle are quite broad. These two structures 

have been called Large Low Shear Velocity Provinces (LLSVPs) (see Garnero et al. 2016 

for a review). Note, in our model, the P and S are correlated in the LLSVP’s though the P 

wave amplitude is muted at the base of the mantle under the Pacific. 

3.3.2 Checkerboard test 

In order to illustrate the ability of the data to image mantle structure, we performed 

a resolution test. The input checkerboard consists of 5 × 5 degree blocks with alternating P 

wave velocity perturbations of ±1.5 per cent for each layer. S wave velocity perturbations 
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Figure 3.7: Lateral velocity variations in model TX2018slab at representative depths. 

Each row corresponds to the model at a particular depth, and the two 

columns show P wave (left) and S wave (right) models, respectively. The 

color scales change for each plot according to the amplitude (X) labeled at 

the bottom right corner. Purple lines in the second row show the locations of 

cross-sections in Figure 3.10 and Figure 3.11. 
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are scaled from P wave, using thermally introduced S to P relationship derived from 

mineral physics as discussed above. Synthetic travel times were generated using the 

sensitivity matrix from forward modeling, and inverted using the same inversion scheme 

as for the real data (Figure 3.8). 

Correlation coefficients (CC) between the input (min) and output models (mout) 

have been calculated as: 

 

CC =
∑ (min,i-E(min))(mout,i-E(mout)

N
i=1 )

√∑ (min,i-E(min))2N
i=1 √∑ (mout,i-E(mout))2

N
i=1

                                (3.2) 

 

where the summation is all over blocks in a particular layer and E is the mean value of the 

models in the layer. We also calculated amplitude recovery (AR) to illustrate the resolution 

of the inversion. AR is defined as the ratio of the root mean squares (RMS) amplitudes of 

min and mout as: 

 

AR = √(∑ mout
2N

i=1 ) (∑ min
2N

i=1 )⁄ × 100%                                (3.3) 

 

The correlation coefficients vary from 0.68 to 0.98, while amplitude recoveries are 

generally below 83% because of the usage of regularization. Because of the S to P wave 

velocity scaling used in the inversion, the shallow oceanic regions in the P wave model 

show some structures simply scaled from the S wave model. However, these regions are 

still the least resolved regions in the mantle. 
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Figure 3.8: Output from checkerboard test for P wave (left column) and S wave (right 

column) data at selected depths. Correlation coefficients (CC) and 

Amplitude Recovery (AR) are labeled on each plot.  
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Figure 3.9: Representative epicenter shifts derived from velocity and source location 

joint inversion. The circles show the original earthquake epicenters. The red 

lines show the direction and amplitude of epicenter shifts. Only earthquakes 

with more than 250 travel time residuals and a focal depth greater than 100 

km are shown for better visualization. 

3.3.3 Relocation results 

Earthquake hypocenters were relocated in our inversion. The average epicenter 

shift for the whole dataset is about 9 km with a 6 km standard deviation. We also find an 

average 3±10 km depth shift for all the events used in our inversion. For the origin time, 

our inversion results found a 0.1±1.2 s average shift. These results generally agree with 

earthquake relocation results for EHB data reported by Amaru (2007). Figure 3.9. shows 

the shifts in event locations in two subduction regions. For better visualization, only 

earthquakes with more than 250 travel time residuals and a focal depth greater than 100 
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km are included in the plots. In regions that are well sampled azimuthally,such as the 

Ryukyu arc and Izu-Bonin arc, the epicenter shifts are relatively small. In regions, such as 

South America, where the station coverage around the subduction zone is less complete, 

the epicenters shift more. Note that in the Kuriles, there is a systematic shift oceanward in 

epicenters due to the northwest dipping slab. There is also an interesting change in pattern 

along Central America that may be related to a change in slab dip angle along the 

subduction zone. Further analysis of the earthquake relocation results is left for future 

work. 

3.3.4 Data fit 

Our model yields a 33.8% overall variance reduction for the P wave data and 91.4% 

for S wave data. In comparison, we derived another P and S model using the same data, 

inversion method, and regularizations but starting from a 1D velocity model. We refer to 

this model as TX2018. The variance reduction, using model TX2018, is slightly less than 

33.8% for P wave data and 91.3% for the S wave data. The inversion starting from a model 

with 3D slabs results in a slightly better data fit than the inversion starting from the 1D 

model although the difference is minimal. This is a clear indication of the non-uniqueness 

of models in global seismic tomography. The addition of slabs in our starting model, 

however, results in a model more consistent with regional studies and geodynamic models 

without sacrificing fit to global data. 

3.3.5 Subducted lithosphere 

Compared with previous global tomography studies, the most significant difference 

in our model is that we performed our inversion starting with a 3D subducting slab model 

and invert for velocity and earthquake location simultaneously. We compare our new 
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model to previously published models in vertical cross-sections across four major 

convergent plate boundaries. Figure 3.10 compares P models across the sections (Amaru 

2007; Li et al. 2008; Obayashi et al. 2013) and Figure 3.11 compares S models (Ritsema 

et al. 2011; French and Romanowicz 2014; Moulik and Ekström 2014). The cross-section 

locations are shown in Figure 3.7.  

For the P wave models, similar fast anomalies are seen in all four tomography 

models (Figure 3.10). Across the northern Honshu arc, our model shows stagnant slab 

above the 660 discontinuity, and agrees with all the other models. The cross-section across 

the western Java arc, beneath which the Indo-Australian plate is subducting, shows large 

fast anomalies in the uppermost lower mantle, with an extension of fast velocity into the 

deeper mantle to the north. Similar features can be seen in the other models although our 

new model has a larger stronger anomaly in the deepest mantle. The Tonga and South 

American cross sections show more differences among models. This is likely due to worse 

azimuthal station coverage around these regions. The cross-sections across Tonga arc show 

very complex structures. In our model, a stagnant slab above the 660 discontinuity is seen 

but there is also an anomaly in the lower mantle with a gap between the two. This is most 

similar to the GAPP4 model except in that model there is no gap between the deeper 

structure and the anomalies in the transition zone. Some studies (e.g. Brudzinski and Chen 

2005; Bonnardot et al. 2009) suggest that the stagnant slab above the 660 is the 

southwestward flattening of the downgoing slab beneath the Lau basin, while the slab 

below the 660 is the westward extension of the downgoing slab from the southern Tonga 

trench (see Fukao and Obayashi 2013 Figure 11). Richards et al. (2011), however, treat the 

stagnant slab above the 660 as a slab remnant detached from the Vanuatu trench. In South  
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Figure 3.10: Comparison of cross-sections across four major subduction zones in 

representative P wave tomography models. Each column shows specific 

tomography models, including TX2018_slab (this study), GAPP4 (Obayashi 

et al. 2013), MIT08P (Li et al.2008), and UU07P (Amaru 2007). Each row 

corresponds to cross-section locations indicated in Figure 3.7. Solid black 

lines show 410, 660, and 1000 km depth, respectively. 

America, both our model and UU07P show a dipping slab in the upper mantle but the slab 

in our model penetrates deeper into the lower mantle. Possibly due to poor ray coverage, 

models GAPP4 and MIT08P have less clear subducting slabs in the upper mantle and little 

continuation into the lower mantle.  

Compared with the other models, the most significant difference with our model is 

the higher amplitude of velocity anomalies within subducting slabs. In our model, the 

amplitude of P wave velocity anomalies inside the slab in the upper mantle and transition 
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zone are mostly higher than 2% while in the other models the anomalies are less than 1.5%. 

The difference is more significant in the regions where ray coverage is limited. The 

difference, of course, is because we include slabs in our starting model. The differences 

this causes elsewhere in the model are smaller in amplitude but can still be significant. 

Given that the slabs in our model are consistent with regional studies and theoretical 

modeling, and that the data variance reduction is the same or slightly improved over a 

model derived without the slabs in the starting model, we feel our new model has some 

advantages over previous models. 

The comparison of our model with the other three S wave models also shows 

similar features (Figure 3.11). Generally, S wave models are longer wavelength and narrow 

slabs, such as in our model, are not well resolved. The slabs we start with are consistent 

with geologic inferences and also result in a slightly higher variance reduction of the S 

wave data. Our S wave model shows similar features as seen in our P wave model, 

including the dipping, stagnant, and penetrated slabs. The other three S wave models, 

however, only show very long wavelength fast velocity anomalies, which makes it very 

challenging to identify the location and shape of subducting slabs. Also, the amplitude of 

the subducting slabs in our S wave model are mostly higher than 3%, which are again much 

higher than in the other models. 

3.3.6 S to P heterogeneity ratio  

The S to P heterogeneity ratio, defined as: 

 

RVS VP⁄ =
∂lnVS

∂lnVP
                                                       (3.4) 
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Figure 3.11: Comparison of cross-sections across major subduction zones in 

representative S wave tomography models. Each column shows specific 

tomography models, including TX2018_slab (this study), S40rts (Ritsema et 

al. 2011), UCBSEM (French and Romanowicz 2014), and S362+M (Moulik 

and Ekström 2014). Each row corresponds to cross-section locations 

indicated in Figure 3.7. Solid black lines show 410, 660, and 1000 km 

depth, respectively. 

has been widely used as an important diagnostic parameter to determine the compositional 

state of the Earth’s mantle, especially in the deeper mantle (e.g. Robertson and Woodhouse 

1996; Masters et al. 2000; Karato and Karki 2001; Saltzer et al. 2001; Della Mora et al. 

2011; Koelemeijer et al. 2016; Tesoniero et al. 2016). Several approaches have been used 

to calculate the S to P mantle heterogeneity ratio (see Tesoniero et al. 2016 for a summary).  

It has been shown that different approaches can lead to different heterogeneity ratios, even 
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using the same tomography model (Koelemeijer et al. 2016). We used two methods to 

determine the 1D S to P heterogeneity as a function a depth using our TX2018slab model 

(Figure 3.12). In the first method, a point to point division is computed except for regions 

where Vp or Vs variations are less than 0.1%. Regions that have opposite sign Vp and Vs 

anomalies, which contribute to about 5% of the volume of mantle, were also excluded. The 

median values at each depth are chosen as the 1D heterogeneity ratio. In the second method, 

we divided the RMS of the velocity variations for P and S at each depth (Figure 3.12). 

Throughout most of the mantle, the S to P ratio derived by RMS division is higher than by 

point to point division. A similar observation is seen in the comparison done by 

Koelemeijer et al. (2016) using tomography model SP12RTS. This is due to the fact that 

the RMS value is more sensitive to outliers than the median value. The LLSVP’s have large 

shear anomalies with smaller P anomalies and are the primary cause of the difference 

between the two methods in the deepest mantle. Even though the two methods described 

above lead to different 1D S to P ratios, both S to P ratio models show similar trends. In 

the deeper mantle, our 1D S to P heterogeneity ratio profiles show an increase with depth, 

which is generally consistent with most previous tomography studies (Su and Dziewonski 

1997; Masters et al. 2000; Antolik et al. 2003; Della Mora et al. 2011; Koelemeijer et al. 

2016; Tesoniero et al. 2016) (Figure 3.13). Among these RVS VP⁄  profiles, model SD98 

(Su and Dziewonski 1997) has significantly higher RVS VP⁄  than the other models 

throughout most of the lower mantle. In contrast, our RVS VP⁄ derived using point to point 

division, is close to the lower bound, especially in the deep lower mantle. Four recent 

models, including our TX2018slab, DBTNG11 (Della Mora et al. 2011), KRDJ16 

(Koelemeijer et al. 2016), and TCB16 (Tesoniero et al. 2016), predict similar RVS VP⁄ in the 

upper to mid lower mantle. These four models were produced using different datasets  
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Figure 3.12: (a) S to P heterogeneity ratio derived using the TX2018slab model as a 

function of depth. Two S to P ratio profiles are derived by point to point 

(P2P) division and RMS value division, respectively. (b) Distribution of P2P 

division results at selected depths. 

and different inversion strategies, therefore the similarity indicates a convergence of 

RVS VP⁄  estimations in this depth range. In the deep lower mantle, RVS VP⁄  in KRDJ16 

increases rapidly with depth and reaches ~4 near 2450 km, then decreases again to the 

CMB. This feature is not seen in the other models. Most of the other models, except SD97, 

show a gradual increasing RVS VP⁄  with depth in this depth range. Several models have a 

small decrease above the CMB, including AGED03 (Antolik et al. 2003), DBTNG11, and 

TCB16, while TX2018slab and MLDB00 (Masters et al. 2000) keeps increasing.  

Figure 3.14 compares our derived RVS VP⁄  in the lower mantle with predictions assuming 

seismic heterogeneity is due to thermal variations alone. The estimate of RVS VP⁄  by 

Karato and Karki (2001) is similar to our point by point estimate of  RVS VP⁄ while other 
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Figure 3.13: Comparison of S to P heterogeneity ratios in the lower mantle from various 

studies. Results in this study are shown using red solid and red dotted lines. 

Results from previous studies include AGED03 (blue line) (Antolik et al. 

2003), SD97 (green line) (Su and Dziewonski 1997), MLDB00 (purple line) 

(Masters et al. 2000), DBTNG11 (cyan line) (Della Mora et al. 2011), 

KRDJ16 (yellow line) (Koelemeijer et al. 2016), and TCB16 (dark green 

line) (Tesoniero et al. 2016).  

predictions are lower than our model below about 1500 km depth (Karato 1993; Trampert 

et al. 2001; Yang et al. 2016). Two studies have argued that Karato and Karki (2001) 

overestimated the effect of anelasticity in the lower mantle, which would overpredict 

RVS VP⁄ since the temperature derivative of shear wave velocity is more sensitive to 

anelasticity effect (Brodholt et al. 2007; Matas and Bukowinski 2007).  If this is the case, 

our derived RVS VP⁄  implies that factors other than thermal variations starting from about 

1500 km depth contribute to seismic heterogeneity. Our estimates of RVS VP⁄  from point to 
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point division is near the lower bound of published S to P heterogeneity ratios (Figure 

3.13), so that other models will require even more non-thermal heterogeneities. 

An interesting feature in our S to P heterogeneity profile is that the ratio increases 

starting from 1400 km depth and reaches a local maximum value around 1800 km depth, 

stays relatively constant to 2100 km depth, then decreases before a large jump near the 

CMB. Both our derived S to P heterogeneity ratios have this pattern, though the S to P ratio 

derived by RMS division shows this feature most clearly. Model TCB16 (Tesoniero et al. 

2016) also predicts a similar peak but at a little deeper depth (Figure 3.13). The depth of  

 

 

Figure 3.14: Comparison of S to P heterogeneity ratios computed using the TX2018slab 

model with mineral physics predictions assuming a thermal cause for 

heterogeneity in the lower mantle. Thermally induced S to P heterogeneity 

ratios derived from mineral physics modeling including the effect of 

anelasticitiy (Trampert et al. 2001; Karato 1993; Karato and Karki 2001; 

Yang et al. 2016) are shown in colored dot dash lines. S to P heterogeneity 

ratio derived from mineral physics modeling from this study and used in the 

P and S joint inversion is also shown as a black dot dash line. 
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the peak in our model matches the prediction by Wu and Wentzcovitch (2014), who 

reported that the P wave velocity of pyrolitic lower mantle becomes insensitive to 

temperature variations due to the spin transition at a similar depth. This would increase the 

S to P heterogeneity even if variations were solely due to thermal effects. Figure 3.15 shows 

the predicted thermally induced S to P heterogeneity ratio including the spin transition 

effect taken from Wu and Wentzcovitch (2014) assuming different compositions for the 

lower mantle.  The peak in our derived RVS VP⁄ is broader and deeper than the mineral 

physics prediction. Thus, some of the increase in RVS VP⁄  we observe may be due to the 

spin transition in a mantle with heterogeneity dominated by temperature variations. 

Simmons et al. (2010) reported anticorrelation of P and S wave anomalies at similar depth, 

which provided further evidence for the existence of spin transition effect in lower mantle 

minerals. There are several possible reasons for the misfit between the Wu and 

Wentzcovith (2014) prediction and our model without resorting to chemical variations, 

including vertical smearing in the tomography model, iron-partitioning variations crossing 

the spin transition (e.g. Kobayashi et al. 2005; Lin et al. 2013), and the spin transition in 

Fe-bearing bridgmanite (e.g. Chantel et al. 2012; Fu et al. 2018). It is still challenging to 

draw any conclusion quantitively about the properties of lower mantle minerals in this 

depth range using our observations. However, our results are consistent with the spin 

transition having an effect on the S to P heterogeneity ratio. Karato and Karki (2001), who 

have predicted the highest RVS VP⁄  assuming purely thermal variations in the mantle, claim 

that RVS VP⁄  cannot exceed 2.7 for an isochemical deep lower mantle. Our model as well 

as most of the models shown Fig 3.13 show the bottom 200 km of the mantle have 

heterogeneity ratios well above 2.7. Thus, our results require chemical heterogeneities to  
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Figure 3.15: Comparison of derived S to P heterogeneity ratios using TX2018slab and 

mineral physics predictions including the effects of the spin transition and 

pPv phase transition. Mineral physics predictions (dash lines) are adopted 

from Wu and Wentzcovitch (2014). Thermally induced S to P heterogeneity 

ratios in aggregates along adiabatic (Adi) and superadiabatic (SAdi) 

geotherms are shown. Aggregates consist of ferropericlase (Mg0.81Fe0.19)O 

in 5 wt % or 10 wt %, and bridgmanite. Predicted S to P heterogeneity ratio 

due to bridgmanite to pPv transition along phase boundary (solid black line) 

with uncertainty (shaded purple area) from Wentzcovitch et al. (2006) is 

also shown. Light yellow and blue background colors indicate the proposed 

depth range for the potential spin transition and pPv phase transition. 

explain observations in D” if the estimation by Karato and Karki (2001) is correct. This is 

the minimum amount of chemical heterogeneity required by these models. Compared with 

our mineral physics scaling results and previous literature values (e.g. Karato 1993; 

Trampert et al. 2001), chemical heterogeneities may be required up to at least 400 km above 

the CMB (Figure 3.13; Figure 3.14). This is within the predicted depth range where 
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bridgmanite could transform to post-perovskite (pPv) (Murakami et al. 2004; Oganov and 

Ono 2004; Tsuchiya et al. 2004). Compared with bridgmanite, pPv has similar P velocity 

and higher S velocity (Tsuchiya et al. 2004; Wookey et al. 2005). Wentzcovitch et al. 

(2006) reported a very large RVS VP⁄  (>6) caused by the pPv transition along their 

predicted phase boundary (Figure 3.15). Lateral variation in phase abundances matches the 

increasing RVS VP⁄  we found in our model. The presence of other phases, such as 

ferropericlase and Ca-bridgmanite, can decrease the anomaly ratios. The pressure and 

temperature sensitivity of the bridgmanite to pPv phase transition is still highly debated 

(Cobden et al. 2015). Besides the pPv phase transition, subducted oceanic crust (Nakagawa 

and Tackley 2005; Brandenburg and van Keken 2007) or iron (Tateno et al. 2007) has also 

been proposed as the candidate for chemical heterogeneities right above the CMB . The 

potential effect of basalt and iron on the pPv phase transition (Grocholski et al. 2012; Sun 

et al. 2018), as well as the uncertainty in absolute temperature in the lowermost mantle 

make it even more challenging to fully understand the observed S to P ratio. Therefore, 

further interpretation requires more precisely measured mineral physics data. 

Lu and Grand (2016) showed that earthquake mislocation caused by subducting 

slabs could bias the tomography results in the lower mantle. This bias has the potential to 

further affect our estimation of the S to P ratio. To evaluate this effect, we also derived the 

S to P heterogeneity ratio for model TX2018 model using the two approaches described 

above (Figure 3.16). We find very little difference in the S to P heterogeneity ratio between 

the slab model and the model without starting slabs. We also calculated the point to point 

S to P ratio differences between the TX2018slab and TX2018 models and plot them in map 

view in Figure 3.17. The S to P ratio can differ by more than 0.5 between the models in  
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Figure 3.16: Comparison of derived S to P heterogeneity ratios using TX2018slab and 

TX2018. S to P ratio profiles are derived by point to point (P2P) division 

(solid lines) and RMS value division (dot lines), respectively. 

specific regions. This is a significant difference since the average S to P ratio in the lower 

mantle is between 1.5 and 3 (Figure 3.13). Our analysis shows that the 1D average of P to 

S heterogeneity ratio is unlikely to be significantly affected by the bias introduced by 

unmodeled subducting slabs. However, the bias may be quite large for the S to P 

heterogeneity ratio on a regional scale.  
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Figure 3.17: Difference in point to point S to P heterogeneity ratio between TX2018slab 

and TX2018 in map view at representative depths. Only selected regions 

used in 1D point to point S to P ratio derivation are shown. 

3.4 CONCLUSIONS 

In this study, we performed a new global P and S joint inversion to produce a new 

P and S global tomography model. The most significant improvement in our inversion is 

that we included a-priori 3D subducting slabs in our starting model and inverted for 

velocity and source parameters simultaneously. Both of our P and S wave models feature 

higher amplitude subducting slabs compared with previous global tomography results, 

which better matches observations using other approaches. We also calculated the S to P 

heterogeneity ratio using our model. Our derived S to P ratio features a broad peak at 

around 1800 km to 2100 km depth, which is consistent with mineral physics predictions of 

the spin transition effect. The high S to P ratio right above CMB required the existence of 

chemical heterogeneities. Although the 1D S to P heterogeneity ratio is not significantly 
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different using models with starting slabs relative to models without, we found that the 

incorrect imaging of subducting slabs could bias the tomography results in the lower mantle 

in specific regions. 
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Chapter 4:  The Sensitivity of Joint Inversions of Seismic and 

Geodynamic Data to Mantle Viscosity 

4.1 INTRODUCTION 

Seismic tomography has shown that large scale heterogeneity exists at all depths 

through the mantle (e.g. Grand 2002; Ritsema et al. 2011; French and Romanowicz 2014; 

Moulik and Ekström 2016). The interpretation of these heterogeneities in terms of 

temperature and possible chemical variations, however, is still debated. In the shallow 

mantle, it is well accepted that old, stable cratonic roots are compositionally distinct from 

surrounding mantle (Jordan 1978). Beyond cratonic roots, there is controversy over 

whether thermal variations alone can explain the mantle heterogeneity or not. In particular, 

the lower mantle is marked by two large low shear velocity provinces (LLSVP) beneath 

the south-central Pacific and Africa (Garnero and McNamara 2008) that have been the 

focus of debate over chemical versus thermal heterogeneity. Schuberth et al. (2009) and 

Davies et al. (2012) converted global mantle circulation models into elastic parameters and 

density and have suggested that chemical heterogeneities are not necessary to explain lower 

mantle seismic anomalies. Arguments for a chemical origin for the LLSVP’s have been 

made based on their sharp seismic boundaries (e.g. Ni et al. 2002; Sun and Miller 2013), 

and apparent anti-correlation of S wave and bulk sound velocities in the lower most mantle 

(e.g. Robertson and Woodhouse 1996; Su and Dziewonski 1997; Masters et al. 2000; Forte 

and Mitrovica 2001; Saltzer et al. 2001) . 

Constraining density perturbations, as well as seismic velocities, in the mantle is 

likely necessary to convincingly discriminate between chemical and thermal anomalies. It 

is challenging, however, to use seismic data alone to determine density structure. Ishii and 

Tromp (1999), using normal mode splitting, found anomalously high density within the 
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African LLSVP implying that the mantle there is chemically distinct. However, Kuo and 

Romanowicz (2002), found that the density structure retrieved from normal mode data 

were not reliable based on synthetic tests. Recently, Koelemeijer et al. (2017), using 

Stoneley modes, found the African LLSVP to be buoyant in contradiction to the results of 

Ishii and Tromp (1999). At the same time, Lau et al. (2017) reported overall dense LLSVPs 

through a method called “Tidal tomography” using Earth’s body tide data. A second 

approach to determine mantle density structure is to use geodynamic data such as Earth’s 

gravity field, topography and plate motions as constraints. These observables can be 

directly related to mantle density structure assuming a known mantle viscosity profile (e.g. 

Hager 1984; Forte and Peltier 1987; Ricard et al. 1989). Therefore, joint analysis of seismic 

and geodynamic data has the potential to discriminate thermal from chemical heterogeneity 

(e.g. Forte and Mitrovica 2001; Trampert et al. 2004). Simmons et al. (2009;2010) 

proposed a joint inversion method, where seismic, geodynamic, and mineral physics data 

are simultaneously inverted for temperature and chemical 3D structure. They initially 

assume a relation, from mineral physics, between seismic velocity and density anomalies 

that assumes the heterogeneity is due to thermal affects. Through joint inversion of the 

geodynamic and seismic data, a “thermal” model is found that best explains the data.  In 

a second step, data that are not explained by the thermal model can be inverted for density 

anomalies that do not have a thermal origin. In this way, a model that simultaneously 

matches seismic and geodynamic constraints can be obtained with an estimate of the 

minimal chemical heterogeneity required to fit the data.  

Given a mantle density structure, as well as a viscosity profile, the current flow of 

the mantle can be calculated (e.g. Hager and O'Connell 1981; Steinberger 1996; Forte 

2007). Assuming that the subducting slabs are the main source of buoyancy in the mantle, 
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mantle flow simulations have been done with dense slabs providing all the driving forces 

(e.g. Gurnis 1992; Ricard et al. 1993; Lithgow-Bertelloni and Gurnis 1997). In other mantle 

convection studies, density models were derived by scaling seismic tomography using 

radially-varying or a constant scaling factor between density and seismic velocity (e.g. Liu 

et al. 2008; Spasojevic et al. 2009; Steinberger 2016). The derived flow fields can be related 

to other geophysical and geological observations. For example, Becker et al. (2003) and 

Conrad et al. (2007) computed flow models to predict mantle anisotropy that compared 

well with observations.  

These type mantle flow simulations have been used to better understand anomalous 

surface features of the Earth. For example, using their mantle flow simulations, Shephard 

et al. (2012) proposed that more than half of the anomalous depth of the Argentine Basin 

is caused by deep-seated mantle flow. Applying time-reversed convection simulations, one 

can also model the evolution of topography and tectonic processes through time (e.g. 

Bunge et al. 2003; Liu et al. 2008; Moucha et al. 2008; Glišović and Forte 2017). However, 

different flow simulations can result in different conclusions related to surface evolution. 

For example, Rowley et al. (2013) determined that the east coast of the United States has 

undergone uplift over the past 3 Ma. They used the density model derived in Simmons et 

al. (2009) to drive flow simulations. In contrast, using a different mantle viscosity, density 

model, and under different assumptions, Liu (2015) predict subsidence of the same region 

over the same time period. As another example, Rowley et al. (2016) show that a long-

lived deep upwelling beneath the East Pacific Rise (EPR) drives horizontal asthenospheric 

flows away from the ridge, and contributes significantly to plate motions through viscous 

traction, which challenges the traditional idea that slab pull is the major driving force of 

plate tectonics. In the flow modeling of Conrad and Behn (2010), however, deep mantle 
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upwelling is focused further west than the Rowley et al. (2016) study and results in 

asthenospheric flow towards the ridge beneath parts of the west Pacific. Thus, in their 

model, asthenospheric flow works against plate motion, at least near the EPR. 

The mantle flow models that resulted in contradictory conclusions, discussed 

above, use different viscosity and density models so that it is difficult to understand what 

the controlling factors are that give different results. In this study, we investigate the effect 

of assuming different 1D viscosity profiles on both mantle density estimation as well as 

the consequent flow derived within the mantle. We use the approach of Simmons et al. 

(2009) to conduct joint inversions of seismic and geodynamic data to constrain mantle 

density assuming different viscosity models. The inversions find density models that fit the 

gravity field, topography and plate motions of Earth as well as minimizing the chemical 

heterogeneity within the mantle. Our goal is to test the sensitivity of the joint inversion 

results to the choice of viscosity model. In particular, we test the sensitivity to viscosity of 

inferences of mantle chemical and density heterogeneity and the instantaneous flow 

predicted from the derived models. In the following sections, we describe the data and 

method we use in the joint inversion, then we discuss the effect of viscosity on the deduced 

thermal-chemical structure of the mantle. Finally, we compare the derived mantle flow 

models and evaluate the effect of viscosity structure on mantle flow simulations.  

4.2 DATA AND METHOD 

Our joint inversion follows the method proposed by Simmons et al. (2009) to derive 

model TX2009 with some minor modifications. A two-step approach has been applied to 

invert shear wave seismic data and geodynamic data simultaneously. We assume mantle 

heterogeneities have a thermal origin at first. The relationship between velocity and density 
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perturbations can then be estimated from mineral physics measurements. For each viscosity 

profile, we find the best data fit model within plausible ranges of thermal density to velocity 

scaling. Then we relax the mineral physics constraint and invert the geodynamic data for 

an overall density model having both thermal and non-thermal origins. The difference 

between the overall density and thermal density fields gives the lateral density variation 

with a non-thermal origin in the mantle. 

4.2.1 Viscosity profiles 

Mantle viscosity is poorly constrained with many different models proposed even 

for the 1D average viscosity structure (e.g. Hager et al. 1985; Forte and Peltier 1987; Forte 

and Peltier 1991; King and Masters 1992; Kido et al. 1998; Panasyuk and Hager 2000; 

Behn et al. 2004; Mitrovica and Forte 2004; Steinberger and Calderwood 2006; Forte et al. 

2010; Rudolph et al. 2015). In this study, we test five recently published viscosity models 

(Figure 4.1). The V1 viscosity profile was developed by Mitrovica and Forte (2004) by 

joint inversion of global convection related data and glacial isostatic adjustment (GIA) 

observations. The model is marked by a low viscosity layer just above the 660 km 

discontinuity. Model V2 (Forte et al. 2010) was derived using a similar approach as V1 but 

with the 660 km deep low viscosity layer removed. We also consider a four-layer model 

proposed by Behn et al. (2004) that we call VBehn. The VBehn model is marked by a lower 

viscosity asthenosphere than the other models and was derived by fitting tomography-

based mantle flow field predictions of seismic azimuthal anisotropy to observations of 

shear wave splitting. A fourth model we use (VSC) is presented in Steinberger and 

Calderwood (2006). The model was used to match a tomography-based density model 

prediction of the geoid with constraints provided by radial heat flux. The four viscosity 
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models discussed above have similar features with a high viscosity top layer (lithosphere), 

low viscosity upper mantle and a higher viscosity lower mantle. In detail, however, the 

models differ by more than an order of magnitude at a number of depths. As an example 

of a quite different viscosity model, we also test model VRLL27 from Rudolf et al. (2015). 

This model was derived using mineral physics-based calculations to determine a velocity 

to density relationship applied to a shear wave tomography model to produce a 3D mantle 

 

 

Figure 4.1: Radially-symmetric viscosity models used in this study. Viscosity models 

used include V1 (Mitrovica and Forte 2004) (green line), V2 (Forte et al. 

2010) (red line), VBehn (Behn et al. 2004) (blue line), VSC (Steinberger 

and Calderwood 2006) (cyan line), and VRLL27 (Rudolf et al. 2015) (dark 

cyan line). 
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density model. Viscosity was then determined by inverting for models that predict the 

geoid up to degree and order 7. This model is quite different from the others in that it does 

not have a high viscosity upper layer and the viscosity in the lower half of the mantle is 

quite low. It is marked by a high viscosity layer from about 1000 to 1500 km depth. 

4.2.2 Geodynamic constraints 

The geodynamic observations used in this study include the Earth’s free air gravity 

field, tectonic plate divergence, dynamic surface topography, and excess CMB ellipticity. 

The free air gravity field was taken from model GRACE (Tapley et al. 2007). The 

divergence of the tectonic plates was obtained from the GEODVEL plate velocity model 

in the no-net-rotation (NNR) frame of reference (Argus et al. 2010). Forte and Peltier 

(1994) have shown that a scalar representation of the plate velocity field in terms of its 

horizontal divergence provides a sufficient description of the surface kinematics assuming 

the plates are rigid bodies. The dynamic surface topography was calculated by removing 

all isostatic crustal contributions to Earth’s observed surface topography (Forte et al. 1993; 

Forte and Perry 2000). These data are the least robust in our geodynamic observations 

because of the uncertainties in the crust model. Here we made the crust correction for 

surface topography model ETOPO1 (Amante et al. 2009) using model crust model 

CRUST1.0 (Laske et al. 2013), while an older model CRUST2.0 (Bassin et al. 2000) was 

used in the derivation of ‘TX2009’. The three observational data sets discussed above have 

been expanded up to spherical harmonic degree 32, whereas up to degree 16 data were used 

in previous joint inversions (Simmons et al. 2009, 2010). In addition, the excess ellipticity 

of the CMB found from studies of the Earth’s free-core nutation (an excess bulge of 400 
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m), is also included (Herring et al. 2002; Mathews et al. 2002). The CMB topography is 

represented by a single zonal degree 2 harmonic. 

Assuming a compressible and gravitationally consistent mantle, the sensitivity 

kernels of these data were computed from the theoretical linear relationship between lateral 

density variations to surface observables (see Forte 2007; Forte et al. 2015 for detailed 

derivations). The surface tectonic plates are coupled to the internal buoyancy-driven flow 

(Forte and Peltier 1991). A combined free-slip and no-slip surface boundary condition was 

applied in the kernel calculation (Forte 2007) to account for plate-like surface boundaries. 

The geodynamic sensitivity kernels for each viscosity profile at representative spherical 

harmonic degrees are shown in Figure 4.2. Different viscosity profiles lead to different 

sensitivity kernels, especially at the longer wavelengths. The differences shown here are 

our major motivation for investigating the effect of assumptions about viscosity on joint 

inversions and mantle flow simulations. 

The sensitivity kernels for gravity and topography are not sensitive to absolute 

viscosity but only the relative variation with depth (Forte 2007). Plate motions, however, 

are sensitive to the absolute viscosity. To make sure there is not a bias in comparing 

viscosity models, we used the density model from Simmons et al. (2010) to compute plate 

motions using the five viscosity models discussed above. We found viscosity models 

VBehn and VSC underpredicted the velocity of plates on average i.e. the overall viscosities 

were too stiff. Therefore we scaled model VBehn by .67 and model VSC by .33 to best 

match the plate motions. Model VRLL27 actually predicted plate motions that were too 

fast so we increased the viscosity by a factor of 2.5 to match the speed of plates. Given the 

models differ by more than an order of magnitude we do not feel the scaling is significant 

in examining the effect of viscosity on flow and geodynamic observations. Viscosity 
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models V1 and V2 were not scaled as they were derived using plate motions as input and 

the same theory as used here. The geodynamic kernels shown in Figure 4.2 were computed 

using the scaled versions of viscosity models VBehn, VSC, and VRLL27. 

4.2.3 Seismic constraints 

We include two groups of shear wave seismic data in our joint inversions. The first 

group is the same data set we used in our previous global tomography studies (Lu and 

Grand 2016), which is an extended version of the seismic data used in TX2009 (Simmons 

et al. 2009). These seismic data consist of ~70000 global S, ScS, SKS, and SKKS phase 

traveltimes, as well as their upgoing wave equivalents, and their surface bounce equivalents 

from 540 earthquakes. Upper-mantle triplicated waves are also included that provide 

resolution of structure in the transition zone. Grand (1994) presents a complete discussion 

of how the shallow turning waves were analyzed. The data were corrected for variations in 

crustal thickness using model CRUST1.0 (Laske et al. 2013). The other group of shear 

wave data is taken from Lai et al. (2018). They used a semi-automated procedure to 

measure the onset times of horizontally polarized S, SS, SSS, ScS and ScSScS waves 

produced by 360 earthquakes. The data only include waves that turn in the lower mantle 

so these data provide limited resolution of upper mantle structure. The measurement 

process involved the derivation of an empirical wavelet, which matched the seismic 

waveforms, through an iterative cross-correlation process. The onset times were measured 

based on a Gaussian function which best fit the empirical wavelet resulting in a total of 

about 226,000 seismic travel time measurements. Details of the measurement process can 

be found in Lai et al. (2018). The seismic sensitivity kernels for both groups of data were 

calculated using 1D ray tracing (infinite frequency approximation). Since the Lai et al.  
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Figure 4.2: Geodynamic sensitivity kernels as a function of depth for viscosity profiles 

used in this study at representative spherical harmonic degrees. The colors 

of the lines correspond to different viscosity models. The type of 

geodynamic data, the boundary condition used in the kernel calculation, and 

the spherical harmonic degree are as labeled in each plot. Plate motion 

kernels for “VBehn”, “VSC”, and “VRLL27” models have been scaled as 

described in the text. 
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(2018) data specifically measured onset times and the first data set examined the initial 

parts of waveforms bandpassed from .08 Hz to .01 Hz, finite frequency effects are less 

important for these data compared to other data typically used in shear wave global 

tomography. 

4.2.4 Mineral physics scaling factor 

In this paper, we are jointly inverting seismic and geodynamic data. This requires 

some relationship between seismic heterogeneity and density heterogeneity. To make the 

inversions linear we must assume a linear relationship between the two. Then the 

relationship between density and shear wave velocity perturbations can be represented by 

a scaling factor Rρ/Vs, which is the ratio of density to velocity heterogeneity defined by: 

 

Rρ VS⁄ =
dlnρ

dlnVS
                                                                                                                             (4.1) 

 

Assuming that mantle heterogeneities have a thermal origin, a depth-dependent Rρ/Vs can 

be obtained by extrapolating high pressure, high temperature mineral physics 

measurements for a given mantle chemical composition along a geotherm. The scaling 

factor Rρ/Vs here includes both anharmonic and anelastic contributions (Karato and Karki 

2001). In the derivation of TX2009, the scaling factors were taken from estimates made by 

(Cammarano et al. 2003) for the upper mantle and (Karato and Karki 2001) for the lower 

mantle. Here we derive new scaling factors using updated mineral physics data. 

Table B1 summarizes the mineral physics data we used. We assumed a “pyrolite” 

mantle mineral assemblage (Stixrude and Lithgow-Bertelloni 2012) and randomly 

perturbed all the thermo-elastic data we selected within their estimated uncertainties. For 
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each realization of the mineral physics measurements, we computed the depth dependent 

anharmonic scaling factors Rρ/Vs
el . The details of the calculations are given in Appendix B 

and follow the procedure given in Lu et al. (2013). We obtained over 10,000 anharmonic 

scaling factors Rρ/Vs
el  at each depth along a 1600 K geotherm (Katsura et al. 2010). We 

use the mean values as the starting scaling factors in our inversions and ±2σ (corresponding 

to 95.4% confidence intervals) define their uncertainties. 

Anelasticity is known to have a significant effect on the temperature derivative of 

shear wave velocity thus the scaling factor Rρ/Vs throughout the mantle (Karato and Karki 

2001; Cammarano et al. 2003). The effect of anelasticity on the temperature derivative of 

shear velocity can be written as: 

 

(
∂ lnVS

∂ T
)
anel

= (
∂ ln VS

∂ T
)

el
-
1

π

F(α)

QS

E* + PV*

RT2
                                                                      (4.2) 

F =
απ

2
 cot

απ

2
                                                                                                                             (4.3) 

 

where  is a phenomenological constant with material-dependent values, E* is the 

activation energy, V* is the activation volume, R is the universal gas constant, T is 

temperature, P is pressure. The subscripts ‘el’ and ‘anel’ denote the purely elastic derivative 

and the total temperature derivative after adding the anelastic effect, respectively. The 

shear wave quality factor QS can be expressed as follows: 

 

QS = Q0ω
α exp (

αE* + αPV*

RT
)                                                                                               (4.4) 

where Q0 is a constant which can be derived if average seismic observed Q and lateral 

temperature variation at given depth are known. Here we adopted the method proposed by 
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Matas and Bukowinski (2007) to constrain Q0, and correct for the anelasticity effect on 

Rρ/Vs (see Appendix B for details). We again perturb the above anelastic parameters 

randomly within their plausible ranges to estimate the uncertainties of scaling factor at each 

depth (Table B2). After adding the anelastic contribution, our 1D scaling factor is generally 

consistent with previous studies though there are differences at particular depths (Karato 

and Karki 2001; Cammarano et al. 2003; Steinberger and Calderwood 2006) (Figure 4.3). 

The combined anharmonic and anelastic thermal scaling factors discussed above were used 

as a starting model in the inversions discussed below. 

4.3 INVERSION 

Given a relation between seismic velocity anomaly and density anomaly, the 

seismic and geodynamic data can be inverted simultaneously. We follow Simmons et al. 

(2009) and parameterize the velocity and density perturbations in the mantle by a set of 

blocks approximately 275 × 275 km in lateral dimension and from 75 to 240 km in the 

radial direction. Following Lu et al. (2016) we also simultaneously invert for earthquake 

location in the joint inversion. The combined linear seismic-geodynamic system of 

equations can then be represented by the following equation: 

 

[
 
 
 

L A
λGG(Rρ VS⁄  , -VS) 0

λcc(Rρ VS⁄  , -VS)

λDD
0
0]
 
 
 

[
∆m
∆q

] = [

rS

λGg
λce
0

]                                                                                   (4.5) 

 

where m is the seismic slowness perturbation relative to the reference 1D velocity model, 

L is the seismic sensitivity matrix and r is the shear wave traveltime data. G and g represent 

the viscous flow sensitivity kernels and data where each row is a specific spherical 
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Figure 4.3: Shear wave velocity-to-density scaling profiles as a function of depth. The 

starting scaling factor with estimated uncertainties at representative depths 

(black solid line), and optimal scaling factors for each viscosity model 

determined from grid search (colored solid lines) are compared with mineral 

physics predictions (dash lines). “KKmax” and “KKmin” are maximum and 

minimum values predicted by Karato and Karki (2001). The other mineral 

physics derived scaling factors, including “Cam” (Cammarano et al. 2003), 

“SC” (Steinberger and Calderwood 2006), and optimal scaling factor “NS” 

determined in a previous joint inversion (Simmons et al. 2009) are also 

shown for comparison. 

harmonic component of the free-air gravity, plate divergence, and surface dynamic 

topography, respectively. The vector c is the sensitivity function corresponding to the zonal 

harmonic coefficient of the excess ellipticity of the CMB. The observed ~400 m excess 

ellipticity is referred to as the vector e. Matrix D is a second-order digital smoothing filter 

with 76% of the weight applied to the lateral blocks and 24% of the weight applied in the 

radial direction. The λ terms are scalar weighting factors that weight different observations. 

R represents the linearized relationship between density perturbations (ρ) and shear wave 
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velocity (Vs) perturbations. A reference 1-D shear wave velocity model is also needed in 

the conversion since the unknown is slowness perturbation ∆m . We also invert for 

earthquake location with velocity simultaneously. Vector q contains the perturbations to 

the earthquake latitude, longitude, depth, and origin time for each earthquake and A 

represent the partial derivatives of these parameters. We used the LSQR method (Paige 

and Saunders 1982) to solve equation (4.5) for a number of inversions as discussed below. 

The inversion involves several different weighting factors that are critical in terms 

of the resulting models. λD controls the trade-off between minimizing model roughness and 

minimizing data misfit. We followed Lu and Grand (2016) and perform a standard L-curve 

analysis just using the seismic data. The trade-off between roughness and data fit has a 

point of inflection for λD of about 2600 and we use that value in most of the following 

inversions. The weights of the geodynamic data (λG and λc) are also important for the joint 

inversions. Using our best estimate for scaling factor Rρ/Vs, we conducted a series of joint 

inversions to determine the optimal weights. Figure 4.4 shows the variance reductions for 

the seismic and geodynamic data as we increase the weight of the geodynamic data. 

Variance reduction for the geodynamic data is defined as: 

 

VR = [1-
∑ ∑ (O-P)l

m*(O-P)l
m+l

m=-ll

∑ ∑ Ol
m*Ol

m+l
m=-ll

] × 100%                                                                       (4.6) 

 

where (O-P) and O are the harmonic coefficients of the observed and predicted fields, 

respectively. 

When the geodynamic data has zero weight (i.e. using a pure seismic model), there 

is a very poor fit to the geodynamic data with overall negative variance reduction for many 

observations (Figure 4.4; Table 4.1). This is true for all the viscosity models. With 
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increasing weight given to the geodynamic data, there is a significant increase in fit to the 

geodynamic data without much degradation to the seismic data. There is a clear inflection 

point where increasing the weight of the geodynamic data does begin to degrade the fit to 

the seismic data. We chose 650 for λG as our optimal weight for all the viscosity models 

which is close to the inflection points for each individual viscosity model (Figure 4.4). As 

the strongest geodynamic constraint for the deepest mantle, we chose a large weight for λc 

to fully match the CMB excess ellipticity observation. Figure 4.4 shows that there is still 

 

 

Figure 4.4: Trade-off curves between seismic and geodynamic variance reductions for 

different viscosity models. As the weight for geodynamic data increases in 

the joint inversion, seismic variance reduction decreases while geodynamic 

variance reduction increases. Inflection points (red star) highlight the 

variance reductions when the weight is set to be 650 as discussed in text. 
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significant misfit of the geodynamic data after joint inversion for all the viscosity models 

using our best guess for linear thermal scaling between velocity and density. The misfit 

may be due to chemical variations in the mantle, or other factors we have not accounted 

for, but we take a more conservative approach here and assume the thermal velocity to 

density relation can be improved. This is reasonable given the large uncertainties in the 

mineral physics parameters, particularly for the anelastic effects. We performed a grid 

search of optimal scaling factor within its plausible range for each viscosity model we 

tested. To make the grid search feasible, we adopted the approach of Simmons et al. (2010) 

and defined the scaling factor as follows:  

 

Table 4.1: Variance Reduction Results for Derived Modelsa 

 V1 V2 VBehn VSC VRLL27 

Seismic Data (%)b 94.3 94.3 94.2 94.2 94.0 

Gra 

(%) 

seismic+Rρ VS⁄
start c -125.2 -65.8 -86.1 -77.3 -1805.8 

Thermal Density 42.5 32.0 40.3 30.8 -121.1 

Total Density 93.6 91.8 80.4 82.7 64.7 

Div 

(%) 

seismic+Rρ VS⁄
start  -117.9 -12.3 49.0c 50.7 -63.3 

Thermal Density 80.7 80.0 75.4 80.7 85.0 

Total Density 99.7 99.6 96.0 97.8 96.2 

DTd 

(%) 

seismic+Rρ VS⁄
start  -19.3 -14.4 -31.3 -46.4 -301.5 

Thermal Density 52.8 50.0 46.9 53.4 48.6 

Total Density 80.1 79.2 71.2 71.8 74.1 

CMBTe 

(%) 

seismic+Rρ VS⁄
start  112.0 166.4 256.2 250.4 213.1 

Thermal Density 8.7 8.1 20.9 23.6 13.2 

Total Density 1.2 0.5 1.6 0.2 1.0 
a: Velocity model derived in joint inversion are used to check the seismic data fit, while 

density models are used to check the geodynamic data fit (Gra: free-air gravity, Div: plate 

divergence, DT: dynamic topography, CMBT: excess CMB ellipticity).  
b: Velocity model derived from pure seismic inversion yields 94.4% variance reduction. 
c: Scaled pure seismic model using starting scaling factor. 
d: Unscaled VBehn, VSC, and VRLL27 models are used to check plate divergence fit. 
e: CMBT is in percentage error. 



 

 

83 

Rρ VS⁄ = aRρ VS⁄
start + b                                                                                                                    (4.7) 

 

where a represents a multiplicative change in our best estimate 1D scaling factor and b is 

the corresponding baseline shift. For the upper and lower mantle, we defined two sets of 

coefficients due to the possible large variation between them. 

Simmons et al. (2009) have shown that a simple 1D linear scaling factor Rρ/Vs was 

not adequate to account for the relative behavior of density and S wave velocity to fit 

geodynamic data. The existence of compositionally distinct cratonic keels as well as the 

temperature dependence of attenuation are possible reasons for this. In order to account for 

these two effects, they introduced a linearized correction factor to the scaling factor which 

can be rewritten as: 

 

Rρ VS⁄ = aRρ VS⁄
start + b + εδ ln VS                                                                                                (4.8) 

 

where ε is the correction factor and δ lnVS represents the shear wave perturbation we 

derived using seismic data alone. We adopted this approach and included these corrections 

in our grid search. In total, three correction factors were considered, including one for 

craton regions to 250 km depth, one for non-craton regions from the surface to 250 km 

depth, and another one for the rest of the upper mantle and transition zone. The correction 

factor for cratons is expected to be negative since we expect smaller Rρ/Vs in fast velocity 

cratonic regions due to iron depletion (Jordan 1978). In low velocity noncratonic upper 

mantle, the correction factor is expected to be a positive value to reduce Rρ/Vs, in agreement 

with the predicted behavior due to the temperature dependence of QS.  
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Therefore, we have seven unknown parameters to be constrained in the grid search 

for each joint inversion. For each set of parameters, one joint inversion is required. In order 

to save computation cost, we searched for upper and lower mantle parameters separately. 

We fixed lower mantle Rρ/Vs and searched for the best fit upper mantle parameters, then 

fixed the updated upper mantle Rρ/Vs and searched for optimal lower mantle parameters. 

After a few iterations searching separately for upper and lower mantle parameters, the 

search converged and we obtained the best fit 1D scaling factor and three correction factors 

for each viscosity profile. The optimal scaling factors show similar trends for the different 

viscosity profiles (Figure 4.3). In the upper mantle, the joint inversions prefer a lower 

scaling factor at shallow depths and higher values in the transition zone. In the lower 

mantle, the best fit scaling factor moves to the lower uncertainty bound in our mineral 

physics estimation. Also, we found less variation with depth for the scaling factor in the 

lower mantle compared with the starting model, which agrees with the observation by 

Simmons et al. (2010). 

4.3.1 Thermal inversion 

Using the optimal 1D scaling factor with the three correction factors, the joint 

inversion provides mantle density models for each viscosity profile. We call these models 

“thermal models” although we use a different scaling for cratonic lithosphere implying 

chemically distinct cratonic keels. The variance reductions of seismic and geodynamic data 

for each density model are summarized in Table 4.1. The V1 model has the highest overall 

variance reduction among all the viscosity models we tested while model VRLL27 has 

significantly lower variance reduction for gravity than the other four models. The 

differences between velocity models derived from the joint inversions and the pure seismic 



 

 

85 

inversion are small throughout the mantle and are shown in  Appendix D. The joint 

inversions assume that mantle heterogeneity, outside cratonic regions, has a thermal origin 

which might not be the case in the Earth. In fact, there is still significant geodynamic data 

misfits for all the viscosity models, which implies that more complex models are required 

to explain seismic and geodynamic data simultaneously. 

4.3.2 Non-thermal inversion 

There are several possible reasons for significant misfit to the geodynamic data 

after joint inversion including (1) lateral variations of composition in non-cratonic regions; 

(2) partial melting; (3) a more complex behavior of thermal scaling factor than in our 

equation 4.8. All these possibilities will be referred to as ‘non-thermal’ effects in the 

following. In order to estimate the ‘non-thermal’ effects, we fix the velocity models from 

the thermal inversions and invert for a 3D scaling factor between seismic velocity and 

density as follows: 

 

[

λGG(∆m)
λcc(∆m)

λD
' D

]∆Rρ VS⁄
3D = [

λGg
λce
0

]                                                                                                   (4.9) 

 

We call the density models obtained using the derived 3D scaling factors ‘total density’ 

models since they represent the mantle density distribution required to better fit the 

geodynamic observations, including both thermal and non-thermal contributions. The 

smoothing weight λD
'  is determined through a trial and error process to make the 

roughness of the ‘total density’ model the same as the corresponding ‘thermal density’ 

model. The difference between the ‘total density’ and ‘thermal density’ models gives the 

density anomalies caused by ‘non-thermal’ effects. After the non-thermal inversion, the 
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‘total density’ models derived using different viscosity profiles have good data fit (Table 

4.1) with variance reductions of all the geodynamic observables over 60% and most over 

70%. The gravity field is fit with a variance reduction of over 80% for each viscosity model 

except for model VRLL27 which has a variance reduction of 64.7%. For the other 

geodynamic observables, variance reductions of 70% are achieved for all the viscosity 

models. 

Figure 4.5 plots the distribution of derived 3D scaling factors for each viscosity 

model. The 3D scaling factors vary the most in the shallow and deepest mantle. Figures 

4.6 to 4.10 show the density anomalies produced by our inversions for each viscosity 

model. On the left are density anomalies from the joint inversions using the optimized 

thermal scaling factors. The middle column shows the density anomalies that we call non-

thermal including the density anomalies in cratonic keels that are due to differences in their 

chemical composition relative to surrounding mantle. The column on the right shows the 

combined density models due to thermal and non-thermal variations. The density models 

using different viscosity profiles show similar large scale features. The correlation 

coefficients between the V1 thermal density model and the models using V2, VBehn, VSC, 

VRLL27 are 0.99, 0.97, 0.97, and 0.91, respectively. In ‘thermal density’ model, dense 

cratons and buoyant spreading centers are seen in all five models at 100-175 km depth, but 

their amplitudes vary (Figure 4.6). In this depth range, model VBehn has the most buoyant 

EPR while it is least buoyant in model VSC. Dense materials are detected in major 

subduction zones in all five models inside the transition zone (Figure 4.7). In the mid-lower 

mantle (Figure 4.8; Figure 4.9), all the ‘thermal density’ models have elongated positive 

density anomalies beneath southwestern Eurasia and North America, which are believed 

to be related to ancient subduction of the Tethyan and Fallaron slabs, respectively. At the 
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same depth ranges, negative density anomalies are seen beneath southern Africa and the 

central Pacific. At the bottom of the lower mantle, all the ‘thermal density’ models show 

the existence of two large scale buoyant LLSVPs, but again the amplitude of the anomalies 

vary among these models. In general, the amplitudes of the non-thermal density anomalies 

are smaller than the thermal density anomalies throughout most of the mantle for all the 

models. Figure 4.11 shows the ratio of RMS non-thermal density anomalies to the RMS of 

the total density field as a function of depth for the different viscosity models. For all the 

 

 

Figure 4.5: Distributions of derived 3D scaling factor from non-thermal inversion.  
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Figure 4.6: Lateral density variations derived from joint inversions between 100 to 175 

km depth. Each row corresponds to a particular viscosity model used in the 

joint inversion, and the three columns correspond to each component of the 

density perturbation. Left column shows thermally induced density models 

obtained using the corrected 1D optimal scaling factor in joint inversion. 

Right column shows the total density models derived by letting the scaling 

factor vary in 3D to best fit the geodynamic data while keeping the velocity 

model fixed. The middle column is the difference between the total and 

thermal density models which is caused by non-thermal effects.  The color 

scales change for each column according to the amplitude (X) labeled on the 

top. 
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Figure 4.7: Lateral density variations derived from joint inversions between 525 to 650 

km depth. The different columns are the same as in Figure 4.6. The 

chemical anomalies in the slabs of the western Pacific decreases the slab 

density predicted in the thermal density model. 
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Figure 4.8: Lateral density variations derived from joint inversions between 1150 to 

1300 km depth. The different columns are the same as in Figure 4.6. Two 

elongated positive density anomalies beneath southwestern Eurasia and 

North America can be seen in the thermal and total density models. 

Negative buoyant non-thermal anomalies are found beneath southeast Africa 

and the south-central Pacific.  
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Figure 4.9: Lateral density variations derived from joint inversions between 1750 to 

1900 km depth. The different columns are the same as in Figure 4.6. 

Buoyant non-thermal anomalies are seen beneath southwestern Eurasia but 

not North America. 
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Figure 4.10: Lateral density variations derived from joint inversions at the deepest 

mantle. The different columns are the same as in Figure 4.6. Except for the 

model using VRLL27, all models require positive non-thermal density 

anomalies in the center of the LLSVPs. The center of the LLSVPs have 

overall neutral or negative buoyancy in the corresponding total density 

models.  
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Figure 4.11: The ratio between the RMS value of non-thermal density anomalies and the 

RMS of the total density anomalies at each depth for the different viscosity 

models. 

viscosity models, non-thermal (chemical) variations are strong in the upper 300 km and 

lower 300 km of the mantle with little non-thermal density variation needed in the mantle 

between. In this regard, viscosity model VRLL27 requires slightly more non-thermal 

density anomalies in the lower mantle than the other models. At 100-175 km depth, the 

cratonic keels dominate the chemical signature (Figure 4.6). In the transition zone (525 to 

650 km depth, Figure 4.7), all the viscosity models show chemical anomalies in the slabs 

of the western Pacific that decrease the slab density. The signal is strongest for model 

VBehn and weakest for model VSC but some buoyant chemical anomaly is seen in each 

model. Depression of the 660 km discontinuity in the subduction zone (Shearer and 

Masters 1992; Bina and Helffrich 1994) could explain this since we have not accounted for 
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discontinuity topography in our inversions. The existence of metastable olivine inside slabs 

(Lidaka and Suetsugu 1992; Kawakatsu and Yoshioka 2011) could also decrease the 

density in deep slabs although that would also decrease the seismic velocity. In the mid-

mantle (Figures 4.8, 4.9), the chemical anomalies are short wavelength and relatively small. 

A common feature among all models is positive chemical density anomalies beneath 

southeast Africa and some regions in the south-central Pacific. These regions are strongly 

buoyant in the ‘thermal density’ models but require an increase in density to fit the 

geodynamic data. As opposed to chemical anomalies, the non-linear effect of attenuation 

on the relation between temperature and shear velocity (Matas et al. 2007) may be partly 

responsible for these results. As discussed in Appendix F, although temperature dependent 

attenuation can partially explain the excess density needed in the LLSVP regions to satisfy 

the geodynamic data, it cannot be the sole explanation. Near 1200 km depth (Figure 4.8) 

many other chemical anomalies are seen but they are not consistent among the models.  

From 1750 to 1900 km depth, all the models show that the cold, dense Tethyan anomaly 

beneath southwestern Eurasia is too dense and all models find a small buoyant chemical 

anomaly there (Figure 4.9). The less dense Tethyan anomaly may be associated with 

ancient subduction of chemically distinct material. At the same depth, our models do not 

have a similar amplitude of chemical anomaly in the Farallon anomaly beneath north 

America. Assuming our inversion results in both two regions are reliable, this might 

indicate that the Farallon and Tethyan anomalies may have different subduction histories 

that result in different chemical compositions. Further interpretation requires precisely 

measured thermal elastic parameters of lower mantle minerals and their substitutes (e.g. 

Al, Fe), and a careful consideration of their subduction histories as well as a careful analysis 

of the seismic resolution in both regions. Recently, Fu et al. (2018) reported that Al-
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depletion can enhance spin transition effect in iron bearing bridgmanite and cause an 

abnormal increase in shear velocity in a similar depth range. If the Tethyan anomaly has a 

higher Al content than the Farallon anomaly due to different evolution histories, the spin 

transition effect may cause an anomaly in the VS density ratio for the Tethyan anomaly.   

 In the lowermost mantle, most of the models require positive non-thermal density 

anomalies in the center of the LLSVPs, though the amount required varies between 

different viscosity models (Figure 4.10). As a result, the center of the LLSVPs have overall 

neutral or negative buoyancy in the corresponding total density models. The only exception 

is the VRLL27 model, which shows a limited amount of non-thermal density anomalies 

inside LLSVPs and predicts overall buoyant LLSVPs at the CMB. Surrounding the 

LLSVP’s, however, there is buoyant mantle at the CMB and for viscosity models V1 and 

V2 there are even negative non-thermal density beneath the East Pacific Rise. 

Given the short wavelength scatter in the density models we derived and the 

uncertainty in the actual viscosity, we averaged four total density models derived using 

different viscosities (V1, V2, VBehn, VSC). The density model derived using VRLL27 is 

excluded here because of the large differences from the other four models as well as the 

poor data fit to the geodynamic data. In Figure 4.12 we show the deep mantle density from 

our combined model as well as two cross sections through the African and Pacific 

LLSVP’s, respectively. The centers of the LLSVPs are overall denser than ambient mantle 

in the bottom 400 km depth, while they are buoyant at the edges of LLSVPs as well as at 

shallower depths. The positive non-thermal density anomalies we found inside the LLSVPs 

could be explained by a potentially strong non-linear effect of temperature dependent 

attenuation, or the existence of lateral chemical variation (e.g. iron-enrichment or 

accumulated basaltic material from subduction) (Garnero et al. 2016). However, the overall 



 

 

96 

negative buoyancy in the center of LLSVPs right above CMB rules out the option that the 

non-thermal density anomalies we found are due to attenuation alone. Our results indicate 

that the centers of the LLSVPs are chemically distinct from surrounding mantle, at least in 

the bottom 400 km of the mantle. The dense structure in the center of the LLSVP’s 

contradicts the joint inversion results found by Simmons et al. (2009) who found buoyant 

mantle throughout the LLSVP’s. The difference is likely due to the increased S wave data 

coverage in the current inversion. Our model is, however, similar to the results found by 

Ishii and Tromp (1999), and a later joint inversion model generated by Simmons et al. 

(2010) which including P wave data. 

Around the dense center of the LLSVP’s, we find strongly buoyant material both 

above and on the edges of the dense cores (Figure 4.12). Figures 4.8 and 4.9 show some 

dense non-thermal density anomalies within the overall buoyant material. Beneath South 

Africa this signal is seen for all the viscosity models while beneath the Pacific there is more 

variation among models. The non-thermal density anomalies could be due to entrainment 

of the dense bottom material in upward flow but could also be due to non-linear anelastic 

effects. On the other hand, due to the uncertainties in the mineral physics modeling results, 

we performed grid searches to find the best fit scaling factors assuming seismic variations 

are thermal. Therefore, the non-thermal density anomalies found in our joint inversion are 

likely a minimum amount required by the geodynamic data. It is certainly possible that 

thermal and non-thermal effects compensate each other and are muted in our non-thermal 

inversions and that there is even more chemical heterogeneity than we found. 

It has been proposed that volcanic hotspots are preferentially located above the 

margins of the two LLSVPs found in seismic tomography (e.g. Thorne et al. 2004; 

Steinberger and Torsvik 2012) although there are studies that show the correlation might  
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Figure 4.12: Average of V1, V2, VBehn, and VSC total density models at the CMB. 

(top) Lateral density variation in average total density in the deepest mantle. 

Black lines show the locations of the cross-sections plotted in the bottom 

panel. Most hotspot locations (Steinberger 2000) (green stars) are located 

over the buoyant parts of the LLSVP’s. (bottom) Two cross-sections of 

average total density across the Pacific and Africa LLSVPs, respectively. 

The centers of the LLSVPs are overall denser than ambient mantle in the 

bottom 400 km, while material above and on the edges of the dense cores 

shows positive buoyancy. 
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not be statistically reliable (Austermann et al. 2014; Davies et al. 2015b). We plot hotspot 

locations (Steinberger 2000) on top of our summary density model at the CMB (Figure 

4.12). About 60% hotspots are located over the buoyant parts of the LLSVP’s. Several 

hotspots located along south edge of North America are far away from LLSVPs and may 

have different origins. If they are excluded from calculation, the percentage will be ~68%. 

Even for hotspots located over dense parts of the LLSVPs, none of them are located in the 

center of the dense cores. Our results indicate that LLSVP’s have a chemically dense core 

that is surrounded by hot mantle that is associated with upwelling plumes resulting in 

“hotspots” in some cases. In some cases, the upwellings can entrain some dense material 

but the strongest upwellings, in terms of buoyancy, do not. 

4.4 MANTLE FLOW SIMULATIONS 

Using the total density models we derived in joint inversions as well as their 

corresponding radial viscosity profiles, we can determine the instantaneous flow fields for 

each model (Mitrovica and Forte 2004; Behn et al. 2004; Steinberger and Calderwood 

2006; Forte et al. 2010; Rudolph et al. 2015). The vertical and horizontal flows at selected 

depths are plotted in Figures 4.13, 4.14, and 4.15. The most striking difference in flow 

using the different viscosity models is the magnitude of the flow velocities. Viscosity 

models VBehn and VSC produce models with higher deep mantle flow velocities than 

those using viscosity models V1, V2 and VRLL27. The difference is due to how we have 

coupled plate motions to the deeper mantle flow. Although the plate motion coupling 

depends on flow through the whole mantle, it is most sensitive to viscosity variations near 

asthenospheric depths.  Some modifications to the viscosities at asthenospheric depths 

would likely result in models that have similar magnitude flow velocities.  
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Figure 4.13: Predicted present-day convective flow using the density models derived 

from the joint inversions at 210 km depth. The background color shows the 

direction and amplitude of vertical flow, blue represents downwelling flow 

and red represents upwelling flow. Purple arrows show the orientation and 

amplitude of horizontal flow. Note the scales for vertical and horizontal 

flows are different in each plot and are labeled on the top.  
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Figure 4.14: Predicted present-day convective flow using the density models derived 

from the joint inversions at 600 km depth. The colors and arrows have the 

same meaning as in Figure 4.13. 
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Figure 4.15: Predicted present-day convective flow using the density models derived 

from joint inversions at 2600 km depth. The colors and arrows have the 

same meaning as in Figure 4.13. 
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Other than the magnitude of flow velocities, the different viscosity-density models 

produce flow models with many similarities although there are also interesting differences. 

At 220 km depth (Figure 4.13), the vertical and horizontal flow fields for the models are 

similar in most regions with the exception of the flow derived from the VRLL27 viscosity 

model. The correlation coefficients (CC) between vertical flow for the V1 model and the 

V2, VBehn, VSC, VRLL27 models are 0.95, 0.76, 0.90, 0.65, respectively (Table 4.2). In 

terms of the horizontal flow direction, for each viscosity model, at least 47.5% of points on 

a 5 by 5 degree grid have horizontal flow directions within 30 degrees of those in model 

V1, while at least 73.1% are within 60 degrees (Table 4.2). We find good correlation 

between derived flow fields and tectonic environments. Downwelling is seen in subduction  

Table 4.2: Similarity between derived flow fields using different viscosity modela 

Depth 

(km) 
Model 

Vertical Flow 

CC 

Angular Difference of Horizontal Flow (θ) 

θ < 30 30 < θ < 60 θ > 60 

210 

V1 1 100% 0% 0% 

V2 0.95 83.2% 10.9% 5.9% 

VBehn 0.76 53.3% 23.9% 22.8% 

VSC 0.90 63.1% 21.0% 15.9% 

VRLL27 0.65 47.5% 25.6% 26.9% 

600 

V1 1 100% 0% 0% 

V2 0.95 73.1% 17.8% 9.1% 

VBehn 0.74 41.1% 24.4% 34.5% 

VSC 0.86 52.6% 24.8% 22.6% 

VRLL27 0.54 38.2% 29.2% 32.6% 

2600 

V1 1 100% 0% 0% 

V2 0.95 93.5% 5.2% 1.3% 

VBehn 0.83 60.8% 23.7% 15.5% 

VSC 0.79 61.6% 22.0% 16.4% 

VRLL27 0.46 37.1% 27.4% 35.5% 
a: All the calculations used V1 as the reference model and derived based on 5×5 grid. 

The angular difference of horizontal flow’s direction at each grid point are used in the 

calculation.     
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Figure 4.16: Predicted present-day convective flow for the V1 model at 210 km depth. 

The locations of hotspots (green stars) match well with short-wavelength 

upwellings at this depth. Hotspots included are: Azores (AR), Balleny (BL), 

Bowie (BW), Cameroon (CR), Canary (CN), Cape Verde (CV), Caroline 

(CL), Cobb (CB), Comores (CM), Darfur (DF), East Africa (EF), East 

Australia (EA), Easter (ES), Eifel (EC), Fernando (FN), Galapagos (GP), 

Guadelupe (GL), Hawaii (HW), Hoggar (HG), Iceland (IL), Jan Mayen 

(JM), Juan Fernandez (JF), Kerguelen (KG), Lord Howe (LH), Louisville 

(LS), Macdonald (MD), Marion (MR), Marquesas (MQ), Meteor (MT), 

New England (NE), Pitcairn (PC), Raton (RT), Reunion (RU), St Helena 

(SH), Samoa (SM), San Felix (SF), Socorro (SC), Tahiti (TH), Tasmanid 

(TM), Tibesti (TB), Trindade (TD), Tristan (TS), Vema (VM), and 

Yellowstone (YS). 

regions and upwelling is found beneath mid-ocean ridges, as expected. Except for the 

VRLL27 model, we also find individual focused upwelling beneath many hotspot locations 

(Steinberger 2000), including the Cape Verde, Hoggar, Cameroon, and Darfur hotspots in 

Africa, the Bowie and Cobb hotspots in the northeast Pacific, and most of the hotspots in 

the Pacific, Atlantic, and southern Indian Ocean (Figure 4.16). Compared with flow models 
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(Forte et al. 2010; Rowley et al. 2016) derived using previous joint inversion results 

(Simmons et al. 2007; 2009; 2010), our new flow models interestingly find strong focused 

upwellings beneath the Caroline hotspot and East Australia at this depth for the first time, 

though the horizontal flows around these regions are different among models (Figure 4.13). 

The good correlation with geological observations for various viscosity models is 

encouraging in terms of the reliability of our predicted flows. 

An interesting difference in shallow mantle flow for different viscosity models is 

associated with the Caroline hotspot in the western Pacific. Although all models have 

upwelling beneath the hotspot, the VBehn and VSC viscosity models predict stronger 

upward flow there than the other models. This creates a radial pattern of flow away from 

the hotspot for models VBehn and VSC whereas the other models produce asthenospheric 

flow basically parallel to the plate motion. This difference will produce different strains at 

shallow mantle depths and thus predict different seismic anisotropy (e.g. Becker et al. 

2003; Conrad et al. 2007; Forte et al. 2010). Thus, seismic anisotropy measurements could 

prove useful to discriminate among viscosity models. 

At 600 km depth (Figure 4.14), the vertical flow models are still similar but show 

more differences than at shallower depths (Table 4.2). Interestingly, the most common 

strong flow across all five models is strong upwelling beneath the East Pacific Rise, 

particularly in the central part. Upwelling beneath the Caroline hotspot is stronger than at 

210 km, this is especially true for the VBehn and VSC models. Other large scale upwellings 

exist beneath Iceland, Cape Verde, southern Africa, and the southern Indian Ocean but are 

more variable among models. The horizontal flow fields at this depth are also more variable 

among models than at shallower depths (Table 4.2). Strong radial flow away from the 

Caroline hotspot is again seen for models VBehn and VSC but not for the other models. 
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In the deep lower mantle, the similarities between models increases again and are 

comparable with those at 210 km depth with the exception of the VRLL27 model (Table 

4.2; Figure 4.15). For the four models that are similar, four isolated large scale upwellings 

occur beneath the East Pacific Rise, the Caroline hotspot region, the Cape Verde island 

region, and the southern Africa/India Ocean region, respectively. Likely due to the dense 

LLSVP cores, we do not find deep upwelling directly above the LLSVP’s. The upwellings 

are surrounded by downwellings, with mantle material swept towards them. In our 

inversions, these upwellings are the dominant dynamic structures in the deep mantle. 

Conrad and Behn (2010) used a simple scaling of seismic velocity to density using seismic 

model S20RTS (Ritsema et al. 2004) to simulate mantle convection using the VBehn 

viscosity model. They found a large deep mantle upwelling beneath the mid-Pacific 

associated with the Pacific LLSVP that resulted in eastward asthenospheric flow towards 

the East Pacific Rise. Their model along a cross section through the Pacific is shown in 

Figure 4.17(g) and is labeled as VCB. Using a density model derived by joint inversion 

(Simmons et al. 2009), Rowley et al. (2016) computed a mantle flow model that showed a 

lower mantle upwelling beneath the East Pacific Rise with flow away from the ridge. They 

postulate that this large deep mantle upwelling is a driving force for Pacific motion and is 

the cause of the relative spatial fixity of the central East Pacific Rise. Rowley et al. (2016) 

used viscosity model V1 and a density model derived from joint inversion given in 

Simmons et al. (2009). In Figures 4.17(b)-(f) we show cross sections through the five flow 

models we computed to compare to model VCB. Although the five models we computed 

vary in detail, all of them show strong upwelling under the East Pacific Rise with 

asthenospheric flow away from the ridge, similar to the Rowley et al. (2016) results. We 
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conclude the difference in flow predictions between the two studies is due to the density 

model used and not the different viscosity models. Seismic model S20RTS (Ritsema et al. 

1999) is similar to the pure seismic model we derived so that the difference in density 

structure used in our study and the Conrad and Behn (2010) work is likely due to the joint 

inversion we performed. Determining mantle flow is still a challenging problem but, we 

suggest, assessing flow models should take into account predictions of observations 

beyond seismic data. 

4.5 EFFECT OF LATERAL VISCOSITY VARIATIONS (LVV) 

Forte et al. (2010) concluded that the locations and relative amplitudes of the 

vertical convective motions should be robustly mapped out using only a radial varying 

viscosity. Therefore, our derived flow models should be reliable in terms of vertical flow 

and somewhat reliable in terms of horizontal flow especially in regions where LVV is 

small. However, before we can finally include LVV in joint inversion and further mantle 

convection simulation, we still suggest to keep the potential effect of LVV in mind when 

interpret the derived mantle flow models. 

4.6 DISCUSSION AND CONCLUSION 

We performed joint inversions of seismic and geodynamic data using five different 

viscosity models. Our approach was to attempt to fit the data using an optimized scaling 

between seismic velocity and density assuming heterogeneity is due to thermal variations. 

The resulting density model was then modified to better fit the geodynamic data. Although 

this approach initially makes an assumption about the cause of heterogeneity, there is no 

doubt that lateral temperatures do exist in the mantle and, thus, contribute to the density 

field. Therefore, we feel this is a conservative approach that may underestimate chemical 



 

 

107 

 

Figure 4.17: Cross-sections across the East Pacific Rise showing mantle density 

anomalies as a function of depth together with computed flow velocities. 

(b)-(f) Background color shows density anomalies derived from the joint 

inversions using different viscosity models. Purple arrows are the 

orientation and amplitude of the predicted flow field projected onto the 

great-circle plane. (g) Predicted flow field by Conrad and Behn (2010) for 

viscosity “VBehn” on top of the density model scaled from the seismic 

model S20RTS (Ritsema et al. 1999). 
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heterogeneity in the mantle but should give realistic density models. We found for all the 

viscosity profiles we tested, we could not explain the data assuming that heterogeneity is 

due to thermal affects alone. Non-thermal origin density anomalies are required in all the 

inversion tests to explain the geodynamic data, though the amount of non-thermal 

heterogeneities required vary between models. Although the non-thermal density 

anomalies produced in the inversions vary depending on the viscosity model, all the models 

require strong chemical anomalies near the top of the mantle (cratons) and at the bottom of 

the mantle (LLSVPs). 

Viscosity model VRLL27 fit our data the worst and also required the most chemical 

heterogeneity. VRLL27 was derived using only the long wavelength geoid as a constraint 

and does not contain variations in viscosity corresponding to the lithosphere and 

asthenosphere in the upper mantle. The lack of good fit using that model then is not 

surprising given the goal of the study that produced the model. We included VRLL27 in 

our study just as an example of a drastically different viscosity model. The worse fit to the 

geodynamic data, using that model, is encouraging in that it shows the sensitivity to 

viscosity in joint inversions. 

The flow fields we obtained using different viscosity models show many common 

large scale features, particularly in the lower mantle. The largest uncertainty in our 

modeling is the lack of incorporation of lateral changes in viscosity. Moucha et al. (2007) 

have shown that the impact of lateral variations in viscosity on the predicted mantle flow 

and surface observables were no larger than the current uncertainties in global tomography 

models. Temperature dependent viscosity would likely focus some of the flow patterns we 

computed but given the similarity in the models we produced using different 1D viscosity 

models, it is unlikely the large scale flow would be significantly different using a more 
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realistic rheology. Clearly future work is needed incorporating a temperature dependent 

rheology in the predicted flow modeling but, at the same time, checking that convection 

related observables are fit. 

Although there are large scale similarities among the flow models we developed, 

there are significant differences in specific places in the upper mantle. The differences are 

likely to produce different orientations of anisotropy but a full strain analysis would be 

required to predict such anisotropy. This is beyond the scope of this work but is a promising 

direction (Becker et al. 2003; Conrad et al. 2007) for future work. It is significant, however, 

that the large scale flows we derived do significantly differ from a flow model derived by 

directly scaling a seismic model to density. This casts doubt on a number of studies that 

have done such a scaling (Liu et al. 2008; Spasojevic et al. 2009; Steinberger 2016) and 

indicates even the small amount of chemical heterogeneity we have found results in 

significant differences in mantle flow. 
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Chapter 5: Conclusions 

The results of this thesis demonstrate the complexity of Earth’s mantle. After 

evaluating the effect of different factors in seismic and geodynamic inversions, I attempted 

to reduce the potential biases caused by these factors and improve the reliability of velocity 

and density models of the mantle. The new models presented in this thesis provide valuable 

constraints on physical properties of mantle heterogeneities. These results improve our 

understanding of the nature of mantle flow. 

In Chapter 2, I conducted a synthetic test to evaluate the effect of subducting slabs 

in global shear wave tomography. Due to earthquake mislocations caused by subducting 

slabs, I found it difficult to fully reconstruct the amplitude of slabs in tomography 

inversions. The incorrect imaging of subducting slabs can further bias the inversion results 

in the lower mantle. I also found that joint inversion for structure and source parameters 

simultaneously can solved this problem to some extent and improve tomography models. 

Based on these results, I proposed to include a-priori subducting slabs in starting models 

and conduct joint inversion of structure and source in future tomography studies. 

I adopted the method proposed in Chapter 2 and performed a new P and S joint 

tomography inversion in Chapter 3. Both of the new P and S wave models feature higher 

amplitude subducting slabs compared with previous global tomography model. Using the 

new tomography model, I also derived a new 1D S to P heterogeneity ratio profile. The 

new S to P ratio showed a broad peak from 1800 km to 2100 km depth, which could be a 

sign of the spin transition effect in iron-bearing minerals in the lower mantle. I also 

observed a high S to P ratio right above CMB, which implies chemical heterogeneity at the 

base of the mantle. The effect of including subducting slabs in the starting model on S to P 

ratio estimation has also been evaluated. I found that the 1D S to P heterogeneity ratio did 
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not show significant difference when compared with models with and without starting 

slabs. However, the incorrect imaging of subducting slabs could bias the tomography 

model and S to P ratio in the lower mantle in specific regions. 

To better constrain the thermo-chemical structure, and dynamics of Earth’s mantle, 

I performed joint inversions using seismic and geodynamic data simultaneously in Chapter 

4. The geodynamic data can be related to density perturbations in the mantle assuming a 

known mantle viscosity model. After testing five different viscosity models in joint 

inversion, I concluded that non-thermal origin density anomalies are required to explain 

the geodynamic data using for all viscosity models. Predicted current mantle flow fields 

were also obtained using the derived density models and their corresponding viscosity 

profiles. These predicted mantle flow fields showed many common large scale features, 

especially in the lower mantle. Significant differences existed in specific regions in the 

upper mantle among these flow models, which might be used to better evaluate the 

viscosity models in the future. I also observed large discrepancies between predicted flow 

fields using density model from joint inversion and scaled tomography models for similar 

viscosity profiles. I conclude that using density models that fit geodynamic observations is 

recommended for mantle flow simulations. 
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Appendices 

APPENDIX A:  COMPARISON OF RECENT SHEAR WAVE TOMOGRAPHY MODELS 

 

Figure A1: Comparison of recent shear wave global tomography models: TX2015 (this 

study), SEMUCB_WM1 (French and Romanowicz 2014), S40rts (Ritsema 

et al. 2011), and S362ANI+M (Moulik and Ekström 2014) at 480 km depth. 

The TX2015 model is obtained using the joint inversion method with the 

same relocation weight as discussed in text. 
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Figure A2: Comparison of recent shear wave global tomography models: TX2015 (this 

study), SEMUCB_WM1 (French and Romanowicz 2014), S40rts (Ritsema 

et al. 2011), and S362ANI+M (Moulik and Ekström 2014) at 1100 km 

depth. The TX2015 model is obtained using the joint inversion method with 

the same relocation weight as discussed in text. 
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Figure A3: Comparison of recent shear wave global tomography models: TX2015 (this 

study), SEMUCB_WM1 (French and Romanowicz 2014), S40rts (Ritsema 

et al. 2011), and S362ANI+M (Moulik and Ekström 2014) at 2120 km 

depth. The TX2015 model is obtained using the joint inversion method with 

the same relocation weight as discussed in text 
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APPENDIX B:  MINERAL PHYSICS MODELING PROCEDURES 

B.1 Anharmonic elasticity extrapolation 

Using high-pressure high-temperature mineral physics thermal-elastic data, the 

partial derivatives of shear wave velocity and density of mantle materials with respect to 

temperature can be calculated assuming only anharmonic effects. The required parameters 

include density ρ, the adiabatic bulk modulus KS, and shear modulus G under ambient 

conditions, the thermal expansion coefficients th, and partial derivatives of KS and G 

with respect to pressure and temperature (Table B1). For a given mineral, ρ, KS, and G at 

temperature Tf and ambient pressure can be obtained from: 

 

ρ(Tf, 0) = ρ0exp [- ∫ αth(T)dT
Tf

300
]                                        (B1) 

KS(Tf, 0) = KS,0 + (∂KS ∂T)(Tf-300)⁄                                      (B2) 

G(Tf, 0) = G0 + (∂G ∂T)(Tf-300)⁄                                         (B3) 

 

where the subscript ‘0’ refers to ambient temperature and pressure conditions. The 

temperature dependence of the thermal expansivity is usually represented as: 

 

th(Tf) = α1 + α2Tf                                                   (B4) 

 

Negative finite strain f caused by a pressure variation is defined as: 

 

f =
1

2
[(

ρ(Tf,0)

ρ(Tf,P)
)
-2 3⁄

-1]                                                  (B5) 
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In order to extrapolate elastic parameters to a desired pressure condition, we applied 

the third order isothermal Birch-Murnaghan Equation of State (EoS) (Birch 1978) using:  

 

P = 3KT(Tf, 0)f(1 + 2f)5 2⁄ [1 +
3

2
(KT

' -4)f]                                 (B6) 

 

to derive the negative finite strain f. The superscript prime represents pressure derivative, 

while subscript ‘T’ indicates isothermal parameters. Conversion between the isothermal 

and adiabatic bulk modulus as well as the corresponding partial derivatives can be written 

as: 

 

KT(Tf, 0) = KS(Tf, 0)/(1 + αthγTf)                                       (B7) 

KT
' ≈ (1 + αthγTf)

-1 [KS
' -

γTf(∂KT ∂T)⁄

KT(Tf,0)
]                                     (B8) 

where 

∂KT ∂T⁄ ≈ (1 + αthγTf)
-1(∂KS ∂T)⁄ -(1 + αthγTf)

-2KS(Tf, 0)[αthγ + γTf(∂αth ∂T)⁄ ]                                      

(B9) 

 

The Gruneisen parameter γ is chosen to be a constant 1.3 for all the minerals 

considering its small variation and limited effect on the calculation (Anderson and Isaak 

1995).  

Once we determine the negative finite strain, we can derive the adiabatic bulk and 

shear modulus under high pressure high temperature conditions using third-order the 

Eulerian finite-strain equation (Birch 1978): 

 

KS(Tf, P) = KS(Tf, 0)(1 + 2f)5 2⁄ [1 + (3KS
' (Tf, 0)-5)f]                       (B10) 



 

 

117 

G(Tf, P) = (1 + 2f)5 2⁄ [G(Tf, 0) + (3KS(Tf, 0)G'-5G(Tf, 0)) f]                 (B11) 

 

After we derive the corresponding KS and G for each mineral, we apply the Voigt-

Reuss-Hill averaging scheme (Hill 1952) to calculate the KS and G of a mineral assemblage 

for a “pyrolite” mantle (Stixrude and Lithgow-Bertelloni 2012) at the desired pressure and 

temperature. The anharmonic compressional and shear wave velocities then can be written 

as: 

 

VP = √
KS(Tf,P)+(4 3⁄ )G(Tf,P)

ρ(Tf,P)
                                             (B12) 

VS = √
G(Tf,P)

ρ(Tf,P)
                                                        (B13) 

Once we obtain density and anharmonic (elastic) velocities at given pressure and 

temperature condition, we can apply the finite difference method to calculate the 

temperature derivative of these properties using the following equations: 

 
∂ lnρ

∂ T
=

ρ(P,Tf+∆T)-ρ(P,Tf-∆T)

2∙ρ(P,Tf)∙∆T
                                              (B14) 

(
∂ lnVP

∂ T
)
el

=
VP(P,Tf+∆T)-VP(P,Tf-∆T)

2∙VP(P,Tf)∙∆T
                                        (B15) 

(
∂ lnVS

∂ T
)
el

=
VS(P,Tf+∆T)-VS(P,Tf-∆T)

2∙VS(P,Tf)∙∆T
                                        (B16) 

 

where ΔT is a finite temperature step. The anharmonic scaling factors Rρ/Vs and RVs/Vp then 

can be derived. 

B.2 Anelasticity effect correction 

The quality factor Q due to viscoelastic relaxation can be written as: 
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QS(ω, T) = Q0ω
αexp (

αH*

RT
) = Q0ω

αexp (
αE*+αPV*

RT
)                         (B17) 

 

where ω is the seismic frequency,  the exponent describing the frequency dependence 

of the attenuation, T the temperature, R the gas constant, H* the activation enthalpy, E* 

the activation energy, and  V*  the activation volume. Q0  is a normalization constant 

which can be constrained using the seismically observed attenuation Q660 at 660 km depth 

using the following equation: 

 
1

QS
= (

1

Q660
)

1

2xε
[exp (

xε

1+x
) -exp (-

xε

1-x
)]                                   (B18) 

where x = δT/T and ε = αH*/RT. Parameter δT is the lateral average amplitude of 

temperature variation. In this study, we use two different sets of anelastic parameters and 

Q660  from seismic observations to estimate Q0  for the upper and lower mantle, 

separately.  

Once the anelastic parameters are determined, the temperature derivative of shear 

velocity can be corrected for the anelasticity effect as: 

 

(
∂ lnVS

∂ T
)
anel

= (
∂ lnVS

∂ T
)
el

-
1

π

F(α)

QS

H*

RT2                                       (B19) 

F(α) =
απ

2
cot

απ

2
                                                     (B20) 

 

Therefore, the thermal origin and depth-dependent scaling factor Rρ/Vs including the 

anelastic effect can be obtained using derived (
∂ lnVS

∂ T
)
anel

.Assuming bulk attenuation QK 

is very high in the mantle, compressional attenuation QP can be simply related to QS using 

the Possion solid model (Anderson and Hart 1978):  
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QP = (3 4⁄ )(VP VS⁄ )2QS                                               (B21) 

 

Similarly, the temperature derivative of compressional velocity can be corrected 

for the anelasticity effect as: 

 

(
∂ lnVP

∂ T
)
anel

= (
∂ lnVP

∂ T
)
el

-
1

π

F(α)

QP

H*

RT2                                      (B22) 

 

Then the thermally induced S to P heterogeneity ratio RVs/Vp including the anelastic 

effect can be derived (Figure B1). 

B.3 Uncertainty estimation 

To estimate the uncertainties of derived scaling factor Rρ/Vs, we perturbed both 

anharmonic and anelastic parameters within in their plausible ranges uniformly. For the 

anharmonic parameters, uncertainties reported by corresponding individual studies were 

adopted (Table B1). Many anelastic parameters, however, are still very uncertain and vary 

a lot in different studies (See Matas et al. 2007 for an example). Therefore, large 

uncertainties based on reported results were used for these parameters in the calculation 

(Table B2). The seismic observed quality factors Qseismic are used to check derived Q 

models and determine whether to accept or reject a set of test parameters. After more than 

10,000 runs, the mean value at each depth is treated as the starting scaling factor, while 

±2σ (corresponding to 95.4% confidence intervals) is used as uncertainty. 
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Figure B1: Mineral physics derived thermally induced S to P heterogeneity ratios 

including the anelasticity effect as a function of depth. Derived S to P ratio 

in this study is compared with results reported by Trampert et al. (2001), 

Karato (1993), Karato and Karki (2001), Yang et al. (2016), and 

(Cammarano et al. 2003). 
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Table B1: High Pressure High Temperature Thermal-elastic Parameters Used in This Study a 

 
ρb KS0 KS

′  ∂KS ∂T⁄  G0 G′ ∂G ∂T⁄  0 1  
(g/cm3) (GPa) 

 
(GPa/K) (GPa) 

 
(GPa/K) (10E-5) (10E-8) 

Olivine 3.222+1.182XFe 131.1(19) 3.8(2) -0.0169(20) 79.4(8) 1.0(1) -0.0138(10) 3.03 0.74 

Pyrope 3.565+0.76XFe 168.2(18) 4.4(1) -0.0185(13) 92.1(11) 1.2(1) -0.0052(11) 2.31 5.96 

Clinopyroxene 3.277+0.38XFe 116.4(7) 4.9(1) -0.012(1) 73.0(4) 1.6(1) -0.011(1) 1.9 2.08 

Orthopyroxene 3.204+0.799XFe 109(2) 7.0(4) -0.0263(3) 74.9(15) 1.6(1) -0.0136(3) 2.97 0.57 

HP_CPX 3.46 156(1) 5.6(3) -0.017(1) 99(1) 1.5(1) -0.015(1) 1.73 1.64 

Majorite 3.518+0.973XFe 166(3) 4.2(3) -0.014(2) 85(2) 1.4(2) -0.008(1) 2.31 5.96 

Wadsleyite 3.472+1.24XFe 171(3) 4.74(8) -0.0134(3) 109(2) 1.52(4) -0.0144(8) 2.711 0.6885 

Ringwoodite 3.548+1.3XFe 188(3) 4.1(3) -0.021(2) 120(2) 1.3(2) -0.016(2) 2.497 0.3639 

Ferropericlase 3.583+2.28XFe 160(2) 4.0(2) -0.0154(11) 121(1) 2.1(1) -0.0213(9) 3.76  

Bridgmanite 4.104+1.07XFe 253(2) 3.9(2) -0.021(2) 172.9(15) 1.56(4) -0.020(1) 2.18 0.11 

Ca-Bridgmanite 4.13 227(2) 3.9(2) -0.027(2) 125(2) 1.9(2) -0.023(1) 2.2 0.688 
 

aReferences: Olivine (Isaak 1992; Zha et al. 1998); Pyrope (Lu et al. 2013); Clinopyroxene (Finger and Ohashi 1976; Li and 

Neuville 2010); Orthopyroxene (Flesch et al. 1998; Jackson et al. 2003; Jackson et al. 2007); HP_CPX (Kung et al. 2005); 

Majorite (Sinogeikin and Bass 2002a; Sinogeikin and Bass 2002b); Wadsleyite (Suzuki et al. 1980; Liu et al. 2009); 

Ringwoodite (Sinogeikin et al. 2003); Ferropericlase (Yang et al. 2016); Bridgmanite (Fiquet et al. 2000; Murakami et al. 

2007; Murakami et al. 2012);  Ca-Bridgmanite (Duffy and Anderson 1989); Missing densities and thermal expansion 

coefficients (Duffy and Anderson 1989; Fei 1995). 
bXFe is the mole fraction of iron.  
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Table B2: Lower and Upper Bounds Used for Anelastic Parameters 

Parameter Unit UM_LBa UM_UB LM_LB LM_UB 

  0.1 0.3 0.1 0.3 

E∗ kJ/mol 300 600 200 500 

V∗ cm3/mol 1 20 1 5 

x  0.2 0.5 0.2 0.5 

Q660  150 400 200 500 

Qseismic
b  Vary Vary 250 550 

 

aUM: upper mantle; LM: lower mantle; LB: lower bound; UB: upper bound. 
bMaximum and minimum values from seismic observed quality factors (Anderson and 

Hart 1978; Dziewonski and Anderson 1981; Widmer et al. 1991; Durek and Ekström 

1996; Montagner and Kennett 1996; Lawrence and Wysession 2006; Hwang and Ritsema 

2011) at each depth are used to determine whether accept or reject derived Q model in the 

upper mantle. In the lower mantle, constant values are used at each depth due to large 

variation of seismic observed Q models. 
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APPENDIX C: COMPLETED TX2018SLAB MODEL 

 

Figure C1: Lateral velocity variations in model TX2018slab. Each row corresponds to the 

model at a particular depth, and the two columns show P wave (left) and S 

wave (right) models, respectively. The color scales change for each plot 

according to the amplitude (X) labeled at the bottom right corner.  
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Figure C1 (continued) 
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Figure C1 (continued) 
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Figure C1 (continued) 
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Figure C1 (continued) 
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APPENDIX D: COMPARISON OF SHEAR WAVE VELOCITY MODELS DERIVED FROM 

PURE SEISMIC AND JOINT INVERSIONS 

Figure D1: Comparison of shear wave velocity models derived from pure seismic (left 

column) and Joint Inversions (middle column). The differences between two 

models for each viscosity profile are shown in the right column. 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 



 

 

132 

 

Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 



 

 

142 

 

Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 



 

 

146 

 

Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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Figure D1 (continued) 
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APPENDIX E: COMPARISON OF DENSITY MODELS DERIVED FROM JOINT INVERSIONS 

Figure E1: Lateral density variations derived from joint inversions. Each row 

corresponds to a particular viscosity model used in the joint inversion, and 

the three columns correspond to each component of the density perturbation. 

Left column shows thermally induced density models. Right column shows 

the total density models derived by letting the scaling factor vary in 3D to 

best fit the geodynamic data while keeping the velocity model fixed. The 

middle column is the difference between the total and thermal density 

models which is caused by non-thermal effects.  The color scales change 

for each column according to the amplitude (X) labeled on the top. 
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Figure E1 (continued) 



 

 

152 

 

Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 



 

 

167 

 

Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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Figure E1 (continued) 
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APPENDIX F: EFFECT OF TEMPERATURE DEPENDENT ATTENUATION                  

IN THE LOWER MANTLE 

Our seismic-geodynamic joint inversions revealed the existence of non-thermal 

density anomalies in the lower mantle. In other words, the derived 3D scaling factors Rρ/Vs 

that vary from the optimal 1D scaling factor we used in the thermal inversions. One 

possible explanation for the variation is the existence of chemical heterogeneity. However, 

the effect of temperature dependent attenuation can also change the scaling factors and 

thus, chemical variations may not be required to explain our results. The quality factor QS 

can be expressed as (Karato 1993):  

 

Q𝑆(T) = Q0ω
αexp (

αH∗

RT
)                                                (F1)       

                                                  

where ω  is the seismic frequency,  described the frequency dependence of the 

attenuation, T the temperature, R the gas constant, and H∗ the activation enthalpy. Q0 is 

a constant which can be constrained using the seismically observed attenuation Qseis at 

given depth using the following equation (Matas et al. 2007):  

 
1

QS
= (

1

Qseis
)

1

2xε
[exp (

xε

1+x
) − exp (−

xε

1−x
)]                                  (F2)      

    

where x = δT/T0 and ε = αH∗/RT. The parameter δT is the lateral average amplitude 

of temperature variation and T0  is the lateral average temperature. Assuming the 

anharmonic temperature derivative of seismic velocity (∂VS ∂T⁄ )el is a constant, seismic 

velocity depends on temperature as (modified from Karato 1993): 

 

VS(T) = [VS,el(T0) + (
∂VS

∂ T
)
el

(T − T0)] [1 −
cot (πα 2⁄ )

2QS(T)
]                        (F3) 
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where the second square brackets in the right side of equation show the correction of 

velocity due to temperature dependent attenuation. 

The variation of attenuation with temperature at a given depth can be modeled if 

several parameters are known including activation enthalpy H∗, the lateral variation in 

mantle temperature x, the observed seismic attenuation Qseis, and the constant . Then the 

variation of seismic velocity as well as the scaling factor Rρ/Vs as a function of temperature 

can also be derived if we have the anharmonic temperature derivative of seismic velocity 

(∂VS ∂T⁄ )el and the temperature derivative of density ∂lnρ ∂T⁄ .  

 

 

          

Figure F1:  Predicted relationship between thermally induced velocity perturbation and 

scaling factor Rρ/Vs for different activation enthalpy H∗. Parameters used are 

=0.2, x=0.4, Qseis=300, T0=2650 K, (∂VS ∂T⁄ )el=0.00016 km/s ∙ K−1,  
∂lnρ ∂T⁄ =0.000011 K−1. 



 

 

174 

Therefore, we can plot the thermally induced seismic velocity variation dlnVS versus 

scaling factor Rρ/Vs as a function of depth. Figure F1 shows dlnVS - Rρ/Vs as a function of H∗ 

with x, Qseis,  fixed to reasonable values taken from (Matas et al. 2007) and given in the 

figure caption. 

Note, for high activation enthalpy, there is a strong decrease in the scaling 

parameter for low velocity regions (high temperature). The effect is muted for lower values 

of H*. The positive slopes are the result of an increasing attenuation effect at higher 

temperatures. A similar effect can be seen if we increase  and fix the other parameters 

(Figure F2), however, the effect is less sensitive to the other anelasticity related parameters 

(Figure F3, F4). Similar results can be obtained for different assumptions for T0 , 

(∂VS ∂T⁄ )el,  and ∂lnρ ∂T⁄ . 

 

         

Figure F2:  Predicted relationship between thermally induced velocity perturbation and 

scaling factor Rρ/Vs for different . Other parameters used are the same as in 

Figure F1 and H∗is fixed at 500 kJ/mol. 
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Figure F3:  Predicted relationship between thermally induced velocity perturbation and 

scaling factor Rρ/Vs for different X. Other parameters used are the same as in 

Figure F1 and H∗is fixed at 500 kJ/mol. 

        

Figure F4:  Predicted relationship between thermally induced velocity perturbation and 

scaling factor Rρ/Vs for different seismic observed Qseis. Other parameters 

used are the same as in Figure F1 and H∗is fixed at 500 kJ/mol. 
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Figure F5:  Average scaling factors versus velocity perturbations derived in joint 

inversion for each viscosity model. The average scaling factors are 

calculated for each 0.2% velocity perturbation interval. A three-points 

moving-average filter was applied before plotting for better visualization. In 

mid lower mantle (1200 km), no obvious relationship between derived 

scaling factor and velocity perturbation is found. In deep lower mantle, a 

positive correlation can be seen for most of the models. The slope of each 

curve was also calculated and labeled. 

In figure F5 we plot the derived 3-D scaling factors versus the seismic velocity 

perturbations from joint inversions for each viscosity model. For better visualization, we 

binned and averaged scaling factors based on a 0.2% velocity perturbation interval and 

applied a moving average filter (Figure F5). Recall that we performed a grid search to find 

the optimal “thermal” scaling factor in our joint inversion, thus we cannot determine the 
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elastic and anelastic parameters separately that were used in the joint inversion. Therefore, 

we cannot compare the absolute values of scaling factors in Figure F5 to the theoretical 

predictions (Figure F1-F4). The trend of scaling factor with temperature (velocity 

perturbation), on the other hand, can still provide information about the attenuation effect 

in the deep earth. To better illustrate the lateral variation of scaling factor with temperature, 

we calculated the slope of each curve in Figure F5. In the mid lower mantle (1200 km), no 

obvious relationship between derived scaling factor and velocity perturbation is found 

except for the VRLL27 model. Only small (<0.4) or even negative slopes are seen at this 

depth. The small difference in scaling factor between cold and hot regions is what one 

expects for small H∗ and . In fact, small non-thermal density anomalies are found at this 

depth in our joint inversions compared with the deeper mantle (Figure 4.11). At the deeper 

depths, however, a positive correlation between scaling factor and temperature is observed. 

The slopes gradually increase with depth to higher than 1.8 at 2550 km for all the models. 

Large positive slope matches what we predict in Figure F1 for high H∗ or Figure F2 for 

large . At 2550 km, the lateral variations of scaling factors from cold to hot regions for 

the V1 and V2 models are ~0.05, which are consistent with predictions when H∗ is about 

500-700 kJ/mol and  is 0.2 in Figure F1. Considering the small slopes we observed at 

1200 km depth, it is reasonable to assume H∗ is about 300-400 kJ/mol. A 200-300 kJ/mol 

increase of H∗ from 1200 km to 2550 km depth is possible due to the increase in pressure 

assuming small changes in the activation volume (Matas et al., 2007). Therefore, the 

distribution of non-thermal density anomalies we found in our joint inversions in the deep 

lower mantle could be partially explained by the effect of temperature dependent 

attenuation if the activation enthalpy or  is large. Exceptions to this are regions where 

velocity and total density anomalies are negatively correlated, or regions where velocity 
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and non-thermal density anomalies are positively correlated. The VBehn and VSC models, 

however, show larger lateral variations (>0.1) of scaling factors at 2550 km. To explain 

this by thermal attenuation affects require extreme values for anelastic parameters (H∗ > 

700 kJ/mol or very high ) which are unlikely. We conclude that some of the “chemical” 

variation we found in the deepest mantle may be explained by attenuation affects if the 

activation enthalpy is high but this cannot explain all the “chemical” anomalies we found. 

We also find that the choice of viscosity model also plays a role in estimation of chemical 

effects. 
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